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Abstract

Degrading permafrost is an increasingly important problem in high altitude alpine mountains and Arc-
tic regions around the world because it exerts a primary control on rock falls and landslides in these areas.
The present study focuses on the effect of ice in permafrost conditions on i) the electrical resistivity of
rocks; and ii) the shear strength of ice-filled joints.

Freezing gradients in metamorphic rocks have previously been described by linear temperature-
resistivity (T-ρ) paths. Electric resistivity measurements of low porosity mica-rich rocks from the Mannen
active landslide and the Ramnanosi active landslide in southwestern Norway have been used to verify the
linear relationship. The two samples were drilled and fitted with electrodes in linear Wenner arrays.
The experiment were conducted with a resistivity meter automatically measuring every 15 minutes. The
samples were cooled at temperature steps of 2 ◦C, −2 ◦C, −8 ◦C, and subsequently thawed by turning the
cooling machine off. The measured T-ρ paths can be described by a bilinear relationship separated at 0 ◦C.
The results showed one order of magnitude higher frozen gradients compared to unfrozen gradients, and
one order of magnitude difference in resistivity values of the two samples. The results emphasize the im-
portance of calibrated T-ρ measurements when characterizing permafrost as frozen conditions resistivity
values in one sample represents unfrozen conditions in the other.

Rock type dependence on the failure criterion of permafrost rock joints has not yet been studied. The
present study focuses on mica-rich rocks with well developed foliation sampled from the Ramnanosi
active landslide in southwestern Norway, the Nordnesfjellet active landslide in northern Norway and the
Matterhorn mountain rock falls in the Swiss Alps. In these three areas, the cohesion of the rock volume
is partly controlled by the presence of ice in mica-rich rock joints. The samples have been sheared to
test the potential rock type dependent shear strength. The samples sliding surface were ground to ensure
reproducibility of the initial roughness. A direct shear machine, developed at the Technical University
of Munich, was used to conduct 36 tests on mica-rich rock-ice-mica-rich rock sandwich samples. A
constant mean strain rate of 9.16 ± 5.9 × 10−4 s−1 was applied, provoking fracturing while a constant
normal stress equivalent to 4 or 15 meters overburden was maintained. The temperature was constant and
controlled at −10 ◦C, −6 ◦C and −2 ◦C. Results showed a 45% and 39% reduction in the shear strength for
a temperature rise from −10 ◦C to −2 ◦C for 100 and 400 kPa normal stress, respectively. During the same
temperature range, cohesion degrades by 47%. The static friction coefficient were found independent of
temperature. The results were compared to Wetterstein limestones, and a possible porosity dependent
static friction is proposed. The mechanism is explained by an increase in rock-ice contact surface with
increased porosity. A reduced dynamic friction coefficient with increased normal load were also found.
The dynamic friction is suggested to decrease with increasing normal load because of frictional heating.

The integration of rocks electric properties and shear properties may improve estimations of rock slope
failures in the degrading permafrost rock slopes in Arctic and alpine mountain areas, where the effects of
global warming are known to be large.
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1 Introduction to permafrost induced rock slope failures

Rock slope failures in high mountains poses great hazards to human lives, buildings and infrastructure
directly or indirectly by secondary geohazards such as flooding or debris flows (Haeberli et al., 2004;
Ravanel et al., 2013). Degradation of permafrost due to global warming is stated to destabilize high
mountain slopes (Smith, 1988; Haeberli, 1992; Gruber et al., 2004a; Gruber and Haeberli, 2007; Ravanel
et al., 2017). The added strength of ice in permafrost rock allow steeper slopes than similar ice-free
rock slopes in mountain areas (Gruber and Haeberli, 2007). During thawing, the strength of warming
permafrost rock joints decreases, causing destabilization and potentially large rock slope failures (Davies
et al., 2001; Gruber and Haeberli, 2007). IPCC states in the 2012 special report that mountain permafrost
has degraded in the past decades and will continue to do so in the future (Seneviratne et al., 2012).

1.1 Climate-controlled rock slope failures

Large rainfalls is a known trigger of rock slope failures (Prior et al., 1971; Luckman, 1976; Erismann
and Abele, 2001; Chau et al., 2003; Krautblatter and Moser, 2009). Climate warming will change sea-
sonal cycles, temperature extremes and precipitation extremes (Gobiet et al., 2014). Maximum tempera-
tures are more important than mean temperatures for slope stability. High temperatures and solar radia-
tions melt ice and snow, which can result in water amounts equivalent to precipitation of larger rainfalls
(Allen and Huggel, 2013). The temperature extremes also induce rapid thawing of permafrost in depth,
leading to rapid destabilization of the thawed layer (Ravanel et al., 2017). The return periods for extreme
weather events will intensify and thereby cause more frequent natural hazard events (Gobiet et al., 2014).
During the last two decades numerous permafrost rock slope failures have occurred around the world
(Fischer et al., 2006; Huggel, 2009; Frauenfelder et al., 2018; Rouyet et al., 2018). Several studies have
confirmed an increase in rockfalls with climate warming for the French Alps (Ravanel and Deline, 2011;
Ravanel and Deline, 2015), Swiss Alps and Southern Alps of New Zealand (Allen and Huggel, 2013).
With a climate-controlled degradation of permafrost, the rockfall activity in high mountain rock walls
could grow significantly during this century and lead to more frequent catastrophic events in the future
(Huggel et al., 2010).

1.2 Rock slope failures in Norway and the Swiss Alps

The glacially carved out valleys in Norway and Switzerland have steep U-shapes, that are also highly
tectonized, which make them prone to large rock slope failures (Fischer et al., 2012; Hermanns et al.,
2013). Approximately 300 unstable rock slopes have been systematically mapped in Norway since 2006
(Hermanns et al., 2013), of these, 8 are under continuous surveillance, and 12 under discontinuous surveil-
lance (Blikra et al., 2016; NVE, 2018). Of the 8 high-risk instabilities, permafrost degradation seems to
influence stability significantly for at least 5 of them (Blikra and Christiansen, 2014; Jacobs et al., 2018).
In contrast to the systematic mapping of unstable mountain slopes in Norway, numerous independent
studies are performed in Switzerland. During the period of 1901 to 2007, 56 rock slope failures were
recorded above 2000 m.a.s.l. where a large proportion of the failures were triggered in permafrost with
gneisses as dominant failure rock type. An increase in failure volume correlated with rising temperatures
during the time period (Fischer et al., 2012). Gneiss is also a dominant rock type in many of the unstable
mountain slopes in Norway because this rock contains a foliation that acts as a weak sliding surface
(Henderson et al., 2006). The samples presented in this thesis are mica-rich rocks from Ramnanosi and
Mannen in southwestern Norway, Nordnesfjellet in northern Norway and Matterhorn in the Swiss Alps.
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Samples from Zugspitze, at the boarder between Germany and Austria, are used in the calibration of the
direct shear machine. The approximate location of all the samples are shown in Figure 1 with cities as
reference points.

Figure 1. Location of rock samples used in the experiments with major cities as reference points. Photos
of Mannen, Nordnesfjellet and Ramnanosi (NVE, 2018), Matterhorn (Hasler et al., 2012), and Zugspitze
(Krautblatter et al., 2010).

1.3 Aim of thesis

The present study focuses on the thermal and mechanical behavior of permafrost rocks with ice-filled
cracks by integrating electric resistivity measurements and direct shear tests. Temperature-resistivity (T-
ρ) calibration is a method to characterize permafrost in high alpine rock slopes. Bilinear T-ρ paths have
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previously described freezing gradients in sedimentary, metamorphic and igneous rocks (Krautblatter,
2009). I have expanded the previous study by new resistivity measurements of mica-rich rocks. The
shear strength of ice-filled joints have previously been tested using concrete samples as analogues to
natural rocks (Davies et al., 2000; Günzel, 2008), and limestone samples (Mamot et al., 2018). Other
rock types have not yet been studied with regards to ice-filled cracks. I have performed experiments on
mica-rich rocks to identify if shear strength could be rock type dependent.

In this thesis, I present two series of experiments. The first series consists of temperature-resistivity
(T-ρ) calibrations by electric resistivity measurements on two saturated mica-rich rock samples cooled
from 10 ◦C to −8 ◦C. The second series consists of 36 direct shear tests using mica-rich rock-ice-mica-rich
rock sandwich samples with normal stresses of 100 and 400 kPa (i.e. 4 and 15 meters rock overburden)
and temperatures of −10 ◦C, −6 ◦C and −2 ◦C. The results were presented in the rockfalls, rockslides and
rock avalanches session at the European Geosciences Union 2019 (Figure S1). The following questions
are addressed in this thesis:

• Can the bilinear temperature-resistivity paths describe freezing in low permeable mica-rich rocks?

• What are the effects of temperature and normal load on the shear strength and frictional properties
on ice-filled joints in mica-rich rocks?

• Is the permafrost failure criterion for ice-filled Wetterstein limestone joints applicable for mica-rich
rocks?
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2 Background

To understand rock slope failures in permafrost, a prerequisite is a better knowledge of the controlling
factors of rock slope stability in combination with permafrost, ice rheology and rock rheology. In this
section, I present an overview of the mentioned topics with respect to thermal and mechanical controls
on rock slope failures followed by an overview of electric resistivity measurements and direct shear tests
as tools for permafrost surveying and shear strength determination.

2.1 Controlling factors on rock slope stability

The mechanics driving a rock slope failure is very complex with nonlinear properties. Krautblatter and
Moore (2014) proposed eight nonlinear spatial and temporal controls that may have significant impact on
the stability of rock slopes.

The anisotropy of rocks results in mechanical strengths and hydraulic parameters that changes with
orientations of joints (Jaboyedoff et al., 2011; Wyllie and Mah, 2014). The directional dependence of
joints controlled by regional geologic structures, i.e. foliation, shear planes, extension fractures and
transfer faults, in relation to rock slope aspect and inclination, is more important than material strength
(Henderson and Saintot, 2011). The rock slope instability detaches along critical paths as stress concen-
trates on rock bridges connecting the failure plane (Einstein et al., 1983; Kemeny, 2003). The massive
106 to 1010 m3 size of rock slope failures is warranted due to cohesive properties of rocks and critical
for mobility of rock avalanches (Erismann and Abele, 2001; Krautblatter and Moore, 2014). Topography
and trajectory effects matter for mobility of rock avalanche runouts, but not for stability and are therefore
not elaborated here (see Dufresne, 2012; Krautblatter and Moore, 2014). Rock slopes persist millions of
years with thousands of years delayed response to topographic adjustments by tectonics and glaciations
(Ballantyne and Stone, 2013; Krautblatter and Moore, 2014). The memory effects are due to prior tectonic
processes determining in situ stress conditions and rock damage (Stead and Wolter, 2015). Multistage
weathering predisposes failure styles and prepares instability, i.e. strength reduction, discontinuities or
deep weathering. Instability is triggered when a stability threshold is reached over time or external factors,
i.e. paraglacial conditions, initiates failure (Viles, 2013).

A large variety of different complex structures can be found in unstable rock slopes. Standard failure
modes are planar, wedge, circular and toppling failure (Wyllie and Mah, 2014). To a first order, the struc-
tural controls on these failures are governed by discontinuities isolating a failure block. These bounding
discontinuities are called back fractures, transfer faults and sliding or shear planes (Figure 2).

When the failure block is isolated by discontinuities, the stability depends on the cohesion of faulted
rock, opposing friction of rock joints and driving forces like gravity and seepage pressure exerted by
percolating water (Terzaghi, 1962). The Mohr-Coulomb failure criterion (Equation 1) is a simple and
widely used approximation for estimating the stability of two planes loaded with shear stress and normal
stress.

τ = c + σ′ tan (φ) (1)

The shear strength τ of a plane depends on the cohesion c, the effective normal stress σ′ induced on
the respective plane and the coefficient of static friction, also called the internal angle of friction, tan (φ).
The slope of this linear relationship is the static friction angle whereas the intercept point on the shear
stress axis for a zero normal stress is defined as the cohesion. The isolated block will fail when the shear
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Figure 2. Illustration of discontinuities isolating a failure block. Figure modified from Henderson and
Saintot (2011).

stress exceeds the resisting forces exerted by cohesion and internal friction and is linearly proportional to
the normal stress (Wyllie and Mah, 2014).

The Mohr-Coulomb failure criterion is commonly used as a first approximation to estimate the onset
of rock brittle deformation due to its simplicity (Labuz and Zang, 2015). Another criterion, the Hoek-
Brown criterion, is an empirical nonlinear criterion which fits experiments better (Das and Basudhar,
2009; Eberhardt, 2015). There are some limitations to both these criteria. The intermediate stress (σ2)
is ignored and only the minor (σ3) and major (σ1) stresses are used, providing a 2D representation of
stress. Uniaxial stress rarely occurs in nature. A true triaxial apparatus is needed to test the intermediate
stress (Labuz and Zang, 2015) to give a 3D representation of the failure, but it is far more complicated
and therefore it will not be discussed in the present thesis.

2.2 Permafrost

Permafrost is defined as ground materials with a temperature below 0 ◦C for at least two successive
years. The depth of seasonal freezing and thawing is defined as the active layer (Van Everdingen, 1998;
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Dobinski, 2011) (Figure 3). In the present thesis rock joints within bedrock permafrost are referred to
as permafrost rock joints. In the Swiss Alps, daily freeze-thaw cycles reaching 30 cm depth (Matsuoka
et al., 1998) and annual cycles reaching up to 5 m depth have been observed (Matsuoka and Murton,
2008). In northern Norway, the annual freeze-thaw cycles range from 7 m to more than 10 m depth, and
in southern Norway a range from 1.5 m to 10 m depth have been observed (Christiansen et al., 2010).
The distribution of permafrost in rock slopes are dependent on slope aspect, inclination and elevation. In
the Alps, continuous permafrost was modeled by Gruber et al. (2004b) starting at 2500 m.a.s.l. in slopes
steeper than 70◦. A change from north to south facing slopes corresponds to a 1500 m higher permafrost
boundary because of the difference of solar radiation. In the Norwegian mountains, Magnin et al. (2019)
modeled continuous permafrost to start at 1500 m.a.s.l. in the south, and 1100 m.a.s.l. in the north of
Norway. The change in slope aspect from north to south is considerably less than in the Alps with a 400
m and 300 m elevation difference in southern and northern Norway, respectively. Permafrost is generally
found at lower altitudes in the steeper north facing slopes. Sporadic permafrost is located down to 830
m.a.s.l. in north faces and down to sea level in northern Norway. The median temperatures recorded by
temperature data loggers at 10 cm rock depth for the Mannen, Stampa and Gamanjunni rock slopes are
0.29 ◦C, −0.65 ◦C and −1.83 ◦C, respectively (Magnin et al., 2019). Stampa is very close to Ramnanosi,
and Gamanjunni is across the valley to Nordnesfjellet (Figure 1). The permafrost has degraded for the
last century, and an increase of this degradation has been observed during the last decades in Norway
(Isaksen et al., 2011; Farbrot et al., 2013; Biskaborn et al., 2019).

The snow cover, topography, and water percolation have major influence on permafrost. In steep rock
walls, snow accumulation is minimal, and a thin or patchy layer of permafrost is expected (Gruber and
Haeberli, 2007). The thermal resistance of permafrost snow covers is controlled by wind erosion during
the winter, and temperature gradients in the spring (Keller, 1993). Long lasting snow covers prevents
deep thawing especially on the north facing slopes, but it also prevents increased cooling. Patchy snow
covers lead to more cooling in the winter, but also more thawing in the summer (Draebing et al., 2017).

Convex topography leads to faster and deeper thawing of permafrost by heat conduction. Percolating
water in fractures strongly affects permafrost through advection, which can lead to rapid formation of deep
thaw corridors along fractures and is thereby capable to destabilize larger volumes than heat conduction
(Gruber and Haeberli, 2007).

Ice-filled joints are potential shear planes, and most failures in permafrost rock slopes have been docu-
mented with ice exposed at the potential failure planes (Dramis et al., 1995; Gruber and Haeberli, 2007;
Ravanel et al., 2010; Amann et al., 2018). Krautblatter et al. (2013) introduced a rock-ice mechanical
model in permafrost with driving forces and shear resisting forces (Figure 4). Propagation and failure
of the rock slope occurs when the driving forces overcome the resisting forces. The driving forces are
gravity, ice segregation, cryostatic pressure and hydrostatic pressure. These will be introduced in the next
paragraphs. The opposing forces are creep and fracture of ice, shear strength of rock-ice contacts, static
friction of rough fracture surfaces (rock-rock contact) and shear strength of cohesive rock bridges.

Ice-filled joints could widen by ice segregation (Gruber and Haeberli, 2007). Ice segregation occurs
when liquid water moves towards a frozen surface and the transport is driven by gradients of chemical
potential (see Walder and Hallet, 1986). The migration process is called cryosuction, and its driving force
can reach up to 30 MPa (Hallet et al., 1991; Matsuoka and Murton, 2008). During the process of freezing
water to ice, a volumetric expansion of 9 % occurs. Theoretical pressures for volumetric expansion can
reach 207 MPa at −22 ◦C and 58 MPa at −5 ◦C, following a quadratic dependency with temperature
(Tsytovich, 1975). However, a prerequisite to elevated pore pressures is confinement of the rock by ice
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Figure 3. Schematic representation of thermophysical processes and re-
lated terms in a permafrost environment. Figure modified by Dobinski
(2011) from Van Everdingen (1998).

sealing and full saturation to avoid compression of air (Walder and Hallet, 1986). Hydrofracturing can
also occur by an increase of pore pressure due to top down freezing (Matsuoka and Murton, 2008). In
low-permeability granite, Jia et al. (2017) showed that freezing top down rather then bottom up leads to
a wider opening of joints, while freezing duration controls the amount of permanent deformation. Their
study concluded that a combination of volumetric expansion and ice segregation over time explains frost
wedging, and that autumn-winter could be the active period of crack propagation, which was explained
by the authors by an initial ice segregation followed by long periods of persistent tensile stress. Nixon
(1982) found a shut-off pressure for ice segregation at 200 kPa corresponding to 8 m of rock overburden.
Ice segregation ceased due to reduced water availability and temperature gradients in combination with
an increased normal stress forcing the ice out of the joints.

The hydrostatic pressure can reduce the effective stress in joint planes and is governed by the water
column where pressure increases with depth. Due to the low permeability of rocks, water travels by
secondary permeability along joints. The back-fracture of an unstable failure block is often wider than
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Figure 4. A rock-ice mechanical model affecting stability in permafrost rock. Figure based on Krautblat-
ter et al. (2013).

surrounding rock fractures. This wider geometry leads to a temporarily local rise in the water table re-
sulting in a reduced effective stress (Terzaghi, 1962). In a study by Pogrebiskiy and Chernyshev (1977),
the permeability of fractured granite increased up to 100 times from frozen to thawed conditions. The
fracture permeability was also significantly more anisotropic in a frozen state. If bounding discontinuities
are ice-filled, the water-table can rise even more, increasing the pore pressure and the potential for failure
(Terzaghi, 1962).

2.3 Ice rheology

The deformation styles of ice depend on strain rate and stress history. Ice deform ductilely by creeping
under low strain rates and high confining stresses, and brittely under high strain rates and low confining
stresses (Sanderson, 1988). Ice is also self-healing after stress relaxation (Arenson and Springman, 2005;
Weiss et al., 2016) and increases in strength and stiffness with decreasing temperature (Barnes et al.,
1971).

In laboratory experiments of loading a pure ice sample, the deformation is characterized by four phases.
First an elastic deformation is induced, and with increasing stress, the ice starts to deform plastically. This
plastic deformation can be divided in three sub-phases. Under constant stress conditions, ice may deform
initially with a decreasing strain rate, then a constant strain rate, and finally an increasing strain rate.
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These phases are referred to as primary creep, secondary creep and tertiary creep, respectively (Budd and
Jacka, 1989). Creep velocities relevant for rock slope failures are secondary and tertiary creep (Kraut-
blatter et al., 2013). Glen’s law (Equation 2) is an empirical fit of secondary creep in ice where the shear
strain rate (ε̇) is related to shear stress (τ):

ε̇ = Aτn (2)

where A is called the Arrhenius factor and is dependent on ice temperature, grain size, orientation of
fabric, water content and impurity content. Higher values of A correspond to faster ice deformation rates.
The creep exponent n is usually equal to 3 at stresses ranging from 0.1 to 2 MPa and temperatures from
−20 ◦C to 0 ◦C (Schulson and Duval, 2009; Cuffey and Paterson, 2010; Van der Veen, 2013). In ice-filled
joints, orientation of fabric and impurity content will remain constant over short timescales. However,
temperature and water content will vary with seasonal changes and are therefore very important control
parameters on ice deformation (Krautblatter et al., 2013). When the temperature is above −10 ◦C, the
parameter A can be described by Equation 3:

A = A0 exp
(
−

Q+

RTh

)
(3)

where the prefactor A0 is independent of temperature, Q is an activation energy to initiate creep, R is
the universal gas constant and Th is the temperature in degrees Kelvin for melting point depression by
Th = T0 + δTm, where δTm is the value deviating from the standard value of T0 = 273.15K. In the
creep law, temperature is the most important and best understood variable. From −30 ◦C to −10 ◦C, A
increases by a factor of 10, and from −10 ◦C to 0 ◦C, A increases further by a factor of 5 or 10 (Cuffey and
Paterson, 2010). At temperatures above −10 ◦C, polycrystalline ice softens by formation of liquid water
at the grain boundaries and deforms by grain boundary sliding (Barnes et al., 1971). The value of Q+

is valid for temperatures from −10 ◦C to 0 ◦C with a mean activation energy of 152 KJ mol−1. However,
Q+ has a higher value in laboratory experiments compared to field measurements and increases strongly
near the melting point. Since there is no indication of a more complex relationship, a value of Q+ ranging
between 80 KJ mol−1 to 150 KJ mol−1, which fits most field measurements, is the best present fit (Cuffey
and Paterson, 2010). Barnes et al. (1971) argued that an increase in grain size decreases the creep rate
due to decreased deformation by grain boundary sliding. However, Duval and Gac (1980) discovered that
an increase in grain size increased the creep, but only for primary creep. At strains of 1% to 10%, which
correspond to secondary and tertiary creep, maximum strain rate is reached independently of crystal size
due to dynamic recrystallization (Jacka, 1984). The effect of water content (W) in ice for tertiary creep
(A0) can be approached by Equation 4:

A0 = [3.2 + 5.8W] × 10−24 (4)

where W is the water content in %. This relation shows that a change from 0% to 1.1% in water content
increases A by a factor 3 (Cuffey and Paterson, 2010). In pure ice there is not much water at grain bound-
aries, but such water could play a crucial role in the presence of impurities (Barnes et al., 1971). At 1450
kPa and −10 ◦C, both impurity-free ice and ice containing 1 wt% impurities, dynamically recrystallized
through nucleation of new grains along grain boundaries. However, the ice containing impurities showed
a higher creep rate. At 400kPa and −5 ◦C, dynamic recrystallization occurred by nucleation of new
grains along grain boundaries in the ice containing impurities, while in the impurity-free ice, strain was



11

accommodated by grain boundary sliding. Dynamic recrystallization leads to an increase in dislocation
densities for ice with impurities and consequently faster deformation rates since dislocation glide is the
main mechanism at these conditions (Song et al., 2008).

With increasing strain rate, the deformation style of ice shifts from ductile to brittle. This transition
is promoted by an increasing number of dislocations at grain boundaries which suddenly release stress
by accumulating along or across the grain boundary. The brittle-ductile transition is reached at 5-10
MPa under uniaxial compressive tests and 1-2 MPa in uniaxial tensile tests. The strain rate threshold for
fracturing is in the region of 10−4 − 10−3s−1 in uniaxial compression tests. Fracturing may also occur
when the material is strained more than 1% (Sanderson, 1988; Schulson, 2001). The transition from
ductile deformation to brittle is gradual through creep with dislocation slip and micro fracturing. In the
ductile regime, increasing strain promotes strain hardening, while strain softening is promoted in the
brittle regime (Schulson and Duval, 2009). With high confinement and low strain rates both rock and ice
fail plastically at the brittle-ductile transition. In ice with little to no confinement, wing cracks extend
and link together, failing the material. The growth of wing cracks is inhibited with low to moderate
confinement, which results in localized damage along narrow bands (Renshaw and Schulson, 2001).

Bedrock discontinuities filled with ice have a higher shear strength due to rock-ice interlocking (Davies
et al., 2001) and adhesion (Ryzhkin and Petrenko, 1997). By comparing the friction of ice on steel and
granite with similar roughness, Barnes et al. (1971) showed that granite had 20 times larger friction,
and assumed effective adhesion caused the increase. Ice adhesion consists of chemical bonding, van der
Waals forces and electrostatic interactions between the two solids. At distances larger than 0.276 nm
(corresponding to one layer of water molecules), surface charges control the adhesion. Screening of the
electric field is significantly more efficient in water, and adhesion is therefore dependent on temperature
(Ryzhkin and Petrenko, 1997).

Ice dynamic friction depends on the shear velocity, temperature and normal load. The normal load over
contact area ratio is related to the indention hardness of ice, which is temperature dependent, particularly
close to 0 ◦C (Barnes et al., 1971). The dynamic friction may be controlled by a water film produced by
frictional heating along the contact surface. The thickness of the water film is self-balanced by increas-
ing frictional heat with decreasing thickness, and decreased melting with increasing thickness (Oksanen
and Keinonen, 1982). The dynamic friction is controlled by heat conduction at low temperatures, and
viscous shear at temperatures near 0 ◦C. There is a mixed region between −10 ◦C to −2 ◦C where both
heat conduction and viscous shear play a role. For this region, heat conduction has the strongest effect
at low velocities (0.5 m·s−1), while viscous shear is dominant at high velocities (3 m·s−1) (Oksanen and
Keinonen, 1982). When ice-filled joints are thawing, they will lose their extra strength provided by ice.
At temperatures above −1.4 ◦C, Davies et al. (2001) found that ice-free joints are stronger than ice-filled
ones.

Failures at the rock-ice interface may occur more likely at low normal stresses and high deformation
rates, while the opposite conditions may more likely produce a failure within the ice layer (Günzel, 2012).
Günzel (2008) tested strength of rock-ice contacts in direct shear experiments at both constant stress and
strain rate with a normal load ranging from 135 to 620 kPa (i.e. 5-25 m overburden). Three failure
types dependent on test condition were identified. In the constant stress test, which does not restrict
deformation rates, all experiments failed at the rock-ice interface, whereas a combination of rock-ice
interface and shearing within the ice dominated in constant strain tests. An increase in shear strength is
observed when the ice is replaced by frozen sand (Günzel, 2012). The increased shear strength could be
explained by the frictional strength along the angular sand grains. The peak shear strength of the frozen
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sand-infill is also more temperature dependent than for pure ice (Günzel, 2012).

2.4 Rock fracture rheology

The influence of ice and temperature on static friction in rock fractures was studied by Mamot et al.
(2018). With temperatures increasing from −8 ◦C to −0.5 ◦C, a decrease in the static friction coefficient of
12 % ◦C−1 and 10 % ◦C−1 for 100 and 400 kPa were measured, respectively. The change in static friction
with temperature has been inferred based on combining empirical results from both rock friction theory
and rock strength at the freezing point (Krautblatter et al., 2013). The peak shear strength along a rock
joint is given by Equation 5:

τp = σ′tan
[
JRC × log10

(
σu

σ′

)
+ φr

]
(5)

where τp is the peak shear strength, σ′ is the effective normal stress, JRC is the joint roughness coefficient,
σu is the joint wall compressive strength and φr is the residual friction angle of a smooth unweathered
rock surface (Barton and Choubey, 1977). Mellor (1971) showed a significant drop in both the uniaxial
compressive strength (UCS) and uniaxial tensile strength (UTS) of intact saturated Barre granite with
0.7 % porosity and Berea sandstone with 20 % porosity when the temperature increased from −15 ◦C
to 1.5 ◦C. The UCS and UTS of Barre granite decreased by factors of 20% and 115%, while the Berea
sandstone decreased by factors of 34% and 295%, respectively. Similar characteristics have been verified
by Dwivedi et al. (1998) and Li et al. (2003). The increase in UCS under frozen conditions leads to
an increase in the peak shear strength, and the friction of rock joints will be higher even without ice as
pointed out by Krautblatter et al. (2013). Freeze-thaw is a weathering process known to damage rock
by repeated cycles (Matsuoka and Murton, 2008). The fatigue effect after three cycles of repeated frost
weathering increased the effective porosity by 80% and decreased UTS by 50% in 90% water saturated
sandstone samples (Jia et al., 2015). After performing 17 freeze-thaw cycles, the effective porosity in-
creased by 110%, the UTS decreased by 95%, and the UCS by 40%. These results were measured on
porous sandstone and are difficult to extrapolate to low-porosity rocks.

Rock bridges fail due to critical and subcritical crack growth. Critical crack growth will propagate at
a speed close to the Rayleigh velocity of the medium when the stress intensity factor (K) exceeds the
fracture toughness (KC) (Atkinson, 1982). Fracture toughness is the ability of a rock to resist fracturing
while the stress intensity factor is the state of stress at the crack tip (Irwin, 1958). Subcritical crack
growth is ongoing even when the stress intensity factor is well below the fracture toughness. It is time-
dependent and depends on the applied load (Atkinson, 1982; Kemeny, 2003). The main mechanism for
subcritical crack growth in the shallow crust is stress corrosion. It depends on the stress intensity factor,
fracture mode, pressure, environmental agents and pH, solubility, microstructural features, and residual
strain (Atkinson, 1984). The failure criterion for rock discontinuities under shear loading is represented
by Equation 6:

τ =
KIIC
√
πa

2w
+ σn tan φ (6)

where τ is the shear stress necessary to propagate a fracture (or break a rock bridge) and the right hand
side includes the stress at the fracture tip (or bridge edge) and the stress at failure (Kemeny, 2003). The
fracture toughness is higher for sub-zero temperatures and increases with decreasing temperature in dry
rock samples. By lowering the temperature from 30 ◦C to −10 ◦C, the fracture toughness in a dolerite
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rock increased by 8% and the fracture toughness in a fine-grained sandstone increased by 58%. For a
quartz-mica schist, there was no effect on the fracture toughness at −10 ◦C, but at −20 ◦C it increased
by 7%. These dry samples still contain some moisture which freezes, and the added strength due to the
presence of ice into the rock sample, is interpreted to increase the fracture toughness. The low increase in
fracture toughness for schists could be explained by the preexisting weakness due to foliation (Dwivedi
et al., 2000).

Jia et al. (2017) measured in laboratory experiments that freezing direction and duration are important
factors for fracture propagation in low-permeability rocks. Short- and long-term experiments with top
down freezing and bottom up freezing, were performed as analogues to autumn and spring conditions,
respectively. Permanent deformation was achieved for top-down freezing after 53 days. Ice segregation
and volumetric expansion were ruled out as the cause of damage, but they were key contributors to
fracture propagation. Static fatigue by corrosion reduced the fracture toughness and thereby caused an
irreversible deformation. The tensile stress state in the crack and possible unfrozen water lead to the
conclusion that stress corrosion was the main mechanism for crack propagation (Jia et al., 2017).

Water reduces the effective stress in rock slopes, but in shallow failures, a more important effect is
hygroscopic expansion and plastification in rocks (Voigtländer et al., 2018). In pre-cut Carrara marble,
Voigtländer et al. (2018) showed that subcritical damage occurred at levels above 22% of the fracture
toughness in both wet and dry samples. By introducing dripping water at 80% of the fracture tough-
ness, both the wet and dry samples reached tertiary creep and failed without increased load. The water
weakening effect can be explained by an active hygroscopic expansion (Ruedrich et al., 2011), a passive
plasticity mechanism (Voigtländer et al., 2018), and a reduction of the interfacial surface energy in the
presence of water (Rostom et al., 2013). The plastic deformation is referred to as a compliant behavior
which is deduced from microplasticity deformation (Atkinson, 1984) and dilatancy which reduces the
friction (Nicolas et al., 2016). The water weakening effect is less studied in mica-rich rocks. Gholami
and Rasouli (2014) showed that water saturation of slate rocks decreased the tensile strength by 10% in
comparison to dry conditions.

The permafrost induced driving forces and shear resisting forces formulated by Krautblatter et al.
(2013) are summarized in Equation 7, where ice-mechanical factors dominates shallower than 30 meters
and rock-mechanical factors dominates at larger depths.

|τp| = ε/A0exp
(
−

16700
Tk

)
+ (−144 × TC + 0.42 × σ′ + 41.3)

+ σ′tan
[
JRC × log10

(
σu

σ′

)
+ φr

]
+

KIIC
√
πa

2w

(7)

The model is based on the previously introduced secondary creep of ice (Equations 2 and 3), failure
of rock to ice contacts (Krautblatter et al., 2013), friction of rock to rock contacts (Equation 5), and
fracturing of rock bridges (Equation 6).
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2.5 Electric resistivity tomography and temperature-resistivity measurements

Electric resistivity tomography (ERT) can be used to characterize permafrost in alpine environments
(Hauck, 2001). Measuring resistivity in the ground is done by using two pairs of electrodes, one pair to
send a current and the second pair to measure voltage. There are several types of electrode configurations
and two commonly used are the Wenner and Schlumberger configurations seen in Figure 5. The Wenner
configuration is used to achieve high resolution near the surface, while the Schlumberger configuration is
used to achieve deeper measurements (Milsom, 2003). The apparent resistivity (ρa) of a single measure-
ment in a Wenner array can be derived by the geometric factor (Equation 8):

ρa = 2πa × V/I (8)

where I is the current between the electrodes, V is the voltage difference and a is the distance between
electrodes in a homogeneous ground (Figure 5) (Milsom, 2003). Hauck et al. (2003) stated that the Wen-
ner setup is well-suited for permafrost rock detection due to the extremely high resistivities. According
to Krautblatter and Verleysdonk (2008), good results are achieved by combining the Schlumberger and
Wenner configurations, which provide high surface resolution and depth stability when prospecting steep
rock walls.

(a)

I

V

a a a

V
Iρα =  2πa

(b)

Figure 5. Array configuration setup consisting of four electrodes with the corresponding geometric factor;
(a) Wenner; and (b) Schlumberger. Figure from Milsom (2003).

The rock resistivity increases by several orders of magnitudes when pore water freezes (Keller and
Frischknecht, 1966; Mellor, 1973). For the water to freeze, it has to cool below the datum freezing
temperature (T0), commonly known as the freezing point at 0 ◦C. The stable equilibrium freezing tem-
perature (Ti) is equal to or lower than the datum freezing temperature. At Ti, ice usually starts forming.
Ti can be lowered due to pore curvature, pressure and ions as explained below. The difference in freezing
temperature from T0 to Ti is referred to as the freezing point depression. If the ice does not nucleate at
the stable equilibrium freezing temperature, cooling continues under metastable conditions referred to
as supercooling. The supercooled water will freeze at the spontaneous freezing temperature T∗ (Lock,
1990). These stages are illustrated in Figure 6.

Cooling water from liquid to solid state leads to a lowered mobility of ions and thereby electric con-
ductivity. The resistivity measured in rocks is dependent on water saturation, the ion content in water,
pore volume, and the pore pressure in the rock (Keller and Frischknecht, 1966; Matsui et al., 2000).
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Figure 6. Freezing temperatures of water. Figure modified from Lock (1990).

Most ground water contain some salt ions. If electrolytes are cooled slowly, they do not freeze uni-
formly in the pore space. The salt ions continuously move towards the still liquid water, leading to an
increased concentration in the remaining water fraction and pockets of liquid brine can remain in the ice
down to −60 ◦C (Keller and Frischknecht, 1966).

The pressure does also lower the freezing point. Water adsorbed on grain surfaces will not reorient
into ice crystals due to elevated pressures. A temperature considerably below the datum freezing point
is needed for the water to reorient into ice crystals. Water does also expand 9% during freezing. This
expansion further increasing the pressure on the unfrozen water. The surface adsorption pressure is ex-
pected to be highest in fine-grained rocks with large surface areas exposed in the pore structure (Keller
and Frischknecht, 1966).

This means that in nature, due to the pore space, water saturation, and the ion content in water, the
measured resistivity during freezing will differ in various rock types. A T-ρ calibration is therefore nec-
essary to achieve accurate measurements and transform field resistivity measurements into temperature
equivalents (Seguin, 1978; Krautblatter and Hauck, 2007; Krautblatter, 2009).

Temperature calibrated ERT has been used successfully to monitor degrading high alpine permafrost
rock walls in the last decade (Krautblatter et al., 2010; Magnin et al., 2015; Keuschnig et al., 2017). ERT
has also been used to monitor permafrost rock walls for early warning purposes (Keuschnig et al., 2017).

2.6 Direct shear laboratory measurements

The shear strength of a material increases, to a first order, with the confining stress. A common method
for determining shear strength of rock joints is the laboratory direct shear test (Price, 2008; Muralha et al.,
2013). Measurements can be performed in situ, but this method is costly and time consuming compared
to laboratory direct shear tests on small samples (Muralha et al., 2013).

The method used in the present thesis is following the International Society for Rock Mechanics and
Rock Engineering (ISRM) method for laboratory determination of the shear strength of rock joints (Mu-
ralha et al., 2013). The method consists of monotonic shear loading under constant normal load for testing
discontinuities with fault gouge, e.g. ice-infillings. The resistance to shear is measured at specific and
constant normal load values during each experiment (Muralha et al., 2013).
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At least three, but preferably five experiments on specimens from the same joint or horizons with sim-
ilar characteristics, should be performed. And at least three but preferably five different normal stresses,
should be tested along the same shear direction for obtaining average results. To reduce the degradation
of asperities and damage to the samples, a testing procedure with increasingly higher normal stress is
recommended (Muralha et al., 2013).

A direct shear machine consists of a stiff frame sufficiently rigid to prevent distortion during the test.
The specimen holder could be a shear box or shear rings, which allows shear and normal displacements
of the upper and lower sample. Loading devices could be hydraulic, pneumatic or mechanical gear driven
actuators to apply normal and shear loads. The normal and shear force are measured directly by load
cells or indirectly by pressure gauges, transducers or proving rings. A minimum of two transducers are
required to measure shear and normal displacement. Additional transducers enable evaluation of pitch
and roll of the test specimen. Continuous sampling (rate greater than 1Hz) by computer based data
acquisition equipment is common practice (Muralha et al., 2013).

2.7 Current state of research

The degrading permafrost leads to unstable rock slopes in both Norway (Jacobs et al., 2018; Magnin
et al., 2019) and the Alps (Allen and Huggel, 2013; Ravanel and Deline, 2015). There are clear indica-
tions (Ravanel et al., 2017; Eriksen et al., 2018; Weber et al., 2018) and broad agreement that accelerating
permafrost degradation (Seneviratne et al., 2012; Biskaborn et al., 2019) will increase rockfalls and rock
avalanches in the near future.

In northern Norway, Blikra and Christiansen (2014) stated that the unstable mountain slope of Nord-
nesfjellet is driven by permafrost degradation. Results from Magnin et al. (2019) indicate that many of
the unstable mountain slopes in Norway are situated at or above the discontinuous permafrost limit, like
Ramnanosi, Mannen and Nordnesfjellet slopes studied in the present thesis. At the foot of Mannen rock
slide, Hilger et al. (2018) discovered a cluster of catastrophic rock-slope failures dated to the Holocene
thermal optimum. The increase in precipitation and permafrost degradation were likely triggers of these
failures. In the Alps, the heatwaves of 2003 and 2015 massively increased the number of slope failure
events due to permafrost degradation. On Matterhorn, two rockfalls with a total volume of 1000 to
2000 m3 were triggered by permafrost degradation in 2003, resulting in an evacuation of 84 persons on
the second couloir of the climbing route (Hasler et al., 2012). In 2015, parts of the climbing route fell
down as several rockfalls with a total volume of 10 to 20 m3 (Weber et al., 2018). A similar warming
is also seen in Norway with the 500 000 m3 Polvartinden rock avalanche in 2008 caused by permafrost
degradation (Frauenfelder et al., 2018). The recent accelerations of Ádjit rock glacier (Eriksen et al.,
2018), Gamanjunni rock slide (Böhme et al., 2019) and Mannen rock slide (Kristensen et al., 2019) are
also clear signs of increased permafrost thawing.

Investigations of permafrost induced rock slope failures have seen an increased effort in the last few
years from locating permafrost by ERT and modeling the thermal and mechanical behavior of permafrost
rock slopes. Permafrost detection by T-ρ calibration have been emphasized by Krautblatter and Hauck
(2007) and used successfully to monitor degrading permafrost the last decade (Krautblatter et al., 2010;
Magnin et al., 2015; Keuschnig et al., 2017). During this period a bilinear T-ρ relationship for low poros-
ity rocks has been proposed (Krautblatter, 2009). Since Krautblatter et al. (2013) formulated a rock-ice
mechanical model, Mamot et al. (2018) introduced a permafrost failure criterion for ice-filled rock joints.
The study was based on 141 direct shear experiments with limestone-ice-limestone sandwich samples.
Both temperature and normal stress were varied in the ranges of −8 ◦C to −0.5 ◦C and 100 kPa to 400
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kPa (Mamot et al., 2018). In uniaxial compressive and tensile tests on samples from Skjerdingstindane,
Ramnanosi, Mannen and Gammanjuni, Jacobs et al. (2018) showed a decrease in strength by 5% to 20%
and 13% to 25% during thawing, respectively. By combining thermal and mechanical modeling, Jacobs
et al. (2018) proposed that permafrost degradation was the controlling factor of the time lag between
failure and deglaciation.

The bilinear T-ρ calibration proposed by Krautblatter (2009) has included metamorphic rocks from the
Matter Valley. By expanding these results with electric resistivity measurements on mica-rich rocks from
Mannen and Ramnanosi in Norway, I will verify the bilinear T-ρ path for low porosity mica-rich rocks.
The permafrost failure criterion presented by Mamot et al. (2018) is based on carbonate rocks. Changing
the rock type could change the variables cohesion and friction leading to incorrect failure estimates of
permafrost rock slopes. Testing the rock type dependence is consequently of great importance prior to
implementation. Parts of this knowledge gap is bridged by the direct shear tests I performed on mica-rich
rocks.
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3 Methods

3.1 Sample description

All the mica-rich samples show clear signs of banded fabric and can be categorized as metamorphic
rocks. Both Ramnanosi blocks were collected in the field during one long day by a college and me. The
other samples were provided by the Technical University of Munich. Hand samples are described in the
following.

Four samples from Ramnanosi were used in the experiments, RG1, RG2, RG3 and RG 4. They were
cored out from the same block a few cm apart. The block looks similar to the sample Ramnanosi 1 used
in the resistivity measurements. This micaschist rock has a brown or coppery color as seen in Figures 7a,
8a. It is fine grained, with well-developed foliation with alternating dark and light thin layers of biotite,
quartz and plagioclase. The bonds along the layers are weak and easy to break. The sample from Mannen
banded gneiss used for the resistivity measurements, Mannen 1, are coarse grained and banded with dark
and light bands of biotite, quartz and plagioclase as seen in Figure 8b. The Matterhorn sample, MG1,
is a coarse grained orthogneiss that contains inclusions of quartz and plagioclase with darker pyroxene-
rich bands around them as seen in Figure 7b. The Nordnesfjellet sample, NG1, is an amphibolite and
biotite-rich gneiss. The sample is coarse grained and banded with light and dark bands (Figure 7c).

Wetterstein carbonate samples were used to calibrate and compare their shear strength with mica-rich
rocks. I used three samples from the Wetterstein samples described in Mamot et al. (2018), WSK5,
WSK6 and WSK2. The rock has a light red color and white veins as seen in Figure 7d. The Wetterstein
limestone and Wetterstein dolomite are almost indistinguishably from each other and are referred to as
Wetterstein carbonate.

3.2 Sample preparation

3.2.1 Samples for temperature-resistivity measurements
The rock samples used in temperature-resistivity calibration were Mannen 1 and Ramnanosi 1 with ap-
proximate dimensions of 40x17x12 centimeters and 60x30x20 centimeters, respectively (Figure 8). The
samples were immersed in water for at least 72 hours under atmospheric pressure to ensure complete
saturation. A number of holes depending on the size of samples were drilled at 5 centimeters spacing
on the surface of each sample, forming lines of 6 holes. In each hole a screw was inserted and used
as an electrode. Each line of holes formed a linear array of electrodes. The holes were approximately
5 millimeters deep to reduce the voids beneath the screws, and thereby the chance of freezing water
blocking the electric current. Battery grease was applied in the holes to increase conductivity. One hole
on each side of the samples was drilled to measure temperature with a Pt100 (Greisinger GMH3750) ther-
mocouple with 0.01 ◦C accuracy. One thermocouple was positioned at 0.5 centimeters depth to measure
the surface temperature of the sample. Another thermocouple was positioned at 3 centimeters depth to
measure temperature inside the sample. Each sample was wrapped in plastic foil, as seen in Figure 8c, to
prevent drying out during the experiment.

3.2.2 Samples for direct shear measurements
The rock samples used in the direct shear tests came from Ramnanosi, Nordnesfjellet and Matterhorn.
From each sample collected in the field, two cylinders were prepared, and the shear strength of the ice-
filled interface between these two cylinders was measured during the experiments. The cylinders were
cored with a radius of 148 ± 1 millimeter and cut with a height of 80 ± 3 millimeter. The shear surfaces
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(a) (b)

(c) (d)

Figure 7. Picture of samples used in the shear tests; (a) Ramnanosi gneiss; (b) Matterhorn gneiss; (c)
Nordnesfjellet amphibolite; and (d) Wetterstein carbonate.

(a)

(b) (c)

Figure 8. Pictures of T-ρ tests sample preparation; (a) saturation of sample Ramnanosi 1 with water; (b)
sample Mannen 2 with drilled screw holes. The sample Mannen 1 looks similar; (c) sample Ramnanosi
1 ready for test with screws mounted and wrapped in plastic foil.
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were ground to reach a well-defined roughness, following the recommendations of the International Soci-
ety of Rock Mechanics and Rock Engineering (ISRM) for standardized tests (Labuz and Zang, 2015). A
rotating grinding wheel lubricated with water and a 80 grit powder was used during the grinding (FEPA,
Federation of European Producers of Abrasives). The preparation ensured the production of reproducible
uniform rock surfaces that resembles natural joints. A hole was drilled in the lower rock cylinder to
monitor its temperature with a Pt100 (Greisinger GMH3750) thermocouple with 0.01 ◦C accuracy.

The rock samples were saturated the same way as described for ERT. The mica-rich rock-ice-mica-
rich rock sandwich samples were prepared by assembling two rock samples separated by matchsticks
as spacers. The void created by the matchsticks was filled with tap water and then frozen. The 3 ± 1
millimeter ice layer thickness is similar to what is observed in natural ice-filled joints where fracturing
has been observed (Mamot et al., 2018). A thicker ice layer would favor creeping which would alter the
fracturing behavior. According to Mamot et al. (2018) an unavoidable deviation of ± 1 millimeter has no
significant effects on the fracture toughness. The ice layer gap was taped to keep water in place during
freezing and the shear planes were oriented vertically to ensure that no air bubbles were trapped in the
ice, preventing heterogeneous weak zones. The successive steps of sample preparation are displayed in
Figure 9. All samples were put in a freezer for at least 12 hours at −14 ◦C to ensure that the rock surfaces
were attached and entirely frozen.

3.3 Experimental setup and calibration

3.3.1 Temperature-resistivity measurements
The electrical measurements were conducted with an ABEM Terrameter LS with an automated script
running linear Wenner arrays every 15 minutes. One resistivity measurement consists of four electrodes
equally spaced in a Wenner configuration. The measurement cycles every 15 minutes were performed by
one resistivity measurement at the first electrode in each array followed by the second and third electrode,
resulting in 3 measurements for 6 electrodes in each array (Figure 10 S3). The electrodes were attached
to the samples screws inside an isolated box where a custom designed FRYKA cooling device controlled
the temperature at steps of 2 ◦C, −2 ◦C and −8 ◦C. Increased resolution around the freezing point was
achieved by maintained the temperature at steady state at 2 ◦C and −2 ◦C. The sample was thawed by
turning the cooling machine off after reaching −8 ◦C. Thermal layering was prevented by ventilation in
the cooling box. The two temperature sensors was logged with a Greisinger EBS 20M software for the
entirety of the tests at a rate of 30 measurements per minute. The apparent resistivity was calculated by
the geometric factor in Equation 8. Three rock samples with a total of 24 arrays were calibrated during
one freeze-thaw cycle. The experiments were conducted over two weeks with freeze-thaw cycles ranging
between 36 to 42 hours. All measurements are illustrated with respective positions in Figure S3.

3.3.2 Direct shear experiments
The direct rock shear machine RDS-100 direct was built by the company GCTS (Geotechnical Consult-
ing & Testing Systems) and the hydraulic system was modified later by Ludwig Meister Hydraulics. The
sandwich samples were fixed in the upper and lower shear rings of the rock shear apparatus (Figure 11).
The shear interface was positioned midway between the shear rings to ensure failure along the ice-rock
interface or within the ice layer. To prevent unwanted effects due to variations in the surface of the shear
planes, sandwich samples and orientation of the shear plane were identical for all the tests and controlled
by the use of arrows marked on the samples and on the lower shear cylinder (Figure 8e).

An isolating box encased the shear machine providing constant temperatures by using a custom de-
signed FRYKA cooling device. Ventilation in the cooling box prevented thermal layering. The tempera-
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(a)

(b) (c)

(d)

(e) (f)

Figure 9. Pictures of shear tests sample preparation; (a) Sample-coring setup used to core shear samples.
UCS samples are cored in the picture, but the quality was not good enough for testing; (b) grinding of the
shear samples; (c) water-saturation of the samples; (d) matches used as spacers on the plane of the lower
sample with arrow in front; (e) sandwich sample with matches used as spacers with arrows indicating
shear direction and position in shear cylinder; (f) left: frozen sample with tape, plastic foil and rubber
bands, and right: sheared sample with fractured ice layer.

ture was measured by a Greisinger Pt100 thermocouple placed inside the lower rock cylinder and mon-
itored with Greisinger EBS 20M controller and software. The experiments were performed at −10 ◦C,
−6 ◦C and −2 ◦C.

The normal load and shear velocity were controlled by the hydraulic system and kept constant dur-
ing the shear tests. Constant normal stress applied were 100, 200, and 400 kPa. The mean horizontal
displacement rate was 4.76 ± 1.43 ×10−6 m/s, corresponding to a mean shear strain rate of 9.16 ± 5.9
×10−4s−1. This strain rate provoked the brittle failure inside the ice or along the rock-ice contacts, which
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(a)

(b) (c)

Figure 10. Pictures of T-ρ tests experimental setup; (a) Schematic overview of the temperature-resistivity
calibration setup; (b) The sample inside the cooling box with electrodes highlighted by red circles. The
resistivity measurement is performed by inducing a current between the electrodes A and B, while M and
N is measuring the voltage difference; (c) Overview of the temperature-resistivity laboratory setup.

correspond to predefined sliding planes during the accelerating failure stage of rockslides (Sanderson,
1988; Arenson and Springman, 2005; Krautblatter et al., 2013). All tests were conducted under identical
conditions. The experiments were stopped after a slip distance of 10 millimeters was reached. The normal
load, shear load, normal deformation and shear deformation were recorded during shearing and used to
calculate normal and shear stress by equation 9:

Acontact = 2(r2 cos−1(
ε

2r
) −

ε

4
(4r2 − ε2)

1
2 ) (9)
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where Acontact is the changing surface area of contact between rocks, r is the radius of the sandwich
sample in millimeters and ε is the shear displacement in millimeters. At least two Wetterstein limestone-
ice-Wetterstein limestone sandwich samples were tested for each experiment to verify the reproducibility
of the results with the previous study of Mamot et al. (2018). Six mica-rich rock-ice-mica-rich rock
sandwich samples were tested at nine experiments consisting of different temperature and normal stress
conditions for a total number of 36 tests (See Table S1). A protocol were used to document the experi-
ments which were performed over 2 weeks (Figure S4).

3.3.3 Calibration of the direct shear experiments
The hydraulics in the shear apparatus was modified between shear tests in Mamot et al. (2018) and this
study. A calibration were performed by shearing Wetterstein limestone samples used in the previous
study and comparing the two results (Table S2,S3,S4). Two Wetterstein limestone samples were sheared
for each experimental condition performed. Additional samples were sheared if the peak shear load de-
viated more than 10kN in each experimental condition. The total difference in previous and new results
corresponded to a factor of 2.82 in shear stress. This factor was used to divide the shear load in mica-rich
test so they could be compared to the Wetterstein limestone test results.

3.4 Data analysis

Matlab is used for the entire data analysis. For the temperature-resistivity calibration, some electrodes
measured very low resistivities, while others ceased functioning when the resistivity increased during
colder temperatures. The reasons could be related to the presence of a void below the electrode or a
weak electric coupling with the rock, despite of the presence of battery grease. In the results, we dis-
regard these data and, for each sample, present only the resistivity measurements with a good signal to
noise ration with a mean temperature of the two thermocouples. Temperature gradients were calculated
without positive slopes. The coefficient of determination (R2) are provided for each plot with regression
lines to show explained variance. The correlation tests were calculated by the MATLAB function corr
which returns a Pearson correlation coefficient (RP) and a p-value (MathWorks, 2019a). Linear equations
have been fitted by the MATLAB function fitlm which returns standard deviation, r-values and p-values
(MathWorks, 2019b). Two sample t-test have been used to retrieve p-value to validate similarity between
data (MathWorks, 2019c). P-values below the threshold of 0.05 is considered significant in the results.
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(a)

(b) (c)

Figure 11. Pictures of shear tests experimental setup;(a) Schematic overview of the shear machine labo-
ratory setup; (b) Setup with cooling box side panels taken off; (c) Shear rings encapsulating a sample.
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4 Results

The present study consists of two temperature-resistivity measurements tests and 36 direct shear tests of
rock samples collected from Mannen and Ramnanosi in southwestern Norway, Nordnesfjellet in northern
Norway and Matterhorn in the Swiss Alps. An additional 16 direct shear tests on Zugspitze samples used
in Mamot et al. (2018) were conducted to calibrate the direct shear apparatus.

4.1 Temperature-resistivity measurements

Saturated rock samples subjected to sub-zero temperatures show a significant increase in electric resis-
tivity. Resistivity versus temperature and time for the measurement R3, Array 2 in the sample Mannen
1 is plotted between time intervals t1 (start of experiment) to t4 (end of experiment) in Figure 12a. The
resistivity is increasing very slowly from t1 to a sudden sharp increase in resistivity at t2, after the sample
was cooled below 0 ◦C. From t3 the frozen sample is thawing, and the resistivity decreases towards the
initial low value at t4. From the data of Figure 12, plots of the resistivity as a function of temperature are
calculated and shown on Figure 13.

The freeze-thaw cycle displayed in Figure 12a shows an hysteresis behavior with higher resistivity
during freezing than thawing. This behavior is plotted in Figure 13f where the start of freezing occurs as
time t1 and end of thawing occurs at time t4.

In the data, the freezing cutoff corresponds to a gap in measurements marked as a straight line between
the highest resistivity values. This straight line is marked by two arrows for the measurement R3, Array4
in the sample Ramnanosi 1 (Figure 12b). The results of the two samples are plotted in Figure S2 with the
very low resistivity values visible as lines near 0 kΩm. The resistivity in sample Mannen 1 is one order
higher than values measured for the Ramnanosi sample (Figure 13).

A linear fit between temperature and resistivity explains the variations for both, frozen and unfrozen
conditions with a coefficient of determination above 0.87 (R2) for most fits (Figure 13). Under super-
cooled condition, a linear relationship cannot explain the data because of the low determination coeffi-
cients, with R2 between 0.01 and 0.48.

The T-ρ gradients in the measurement R3 from Array2 in the Mannen 1 sample increases with freezing,
as observed on Figure 13a. The initial liquid water, with low electric resistivity, becomes supercooled
with decreasing temperature. The supercooling effect is observed because some liquid water is still
present below 0 ◦C, as seen from the resistivity curves. As the sample continues to cool, the water freezes
resulting in higher resistivity. These stages are referred to as unfrozen, supercooled and frozen with
respective T-ρ gradients displayed by the equations in the plots of Figure 13.

In the Ramnanosi sample, the mean T-ρ gradients were -0.38 ± 0.18 (kΩm/◦C) for the unfrozen con-
dition, and -11.47 ± 5.51 (kΩm/◦C) for the frozen condition. In the Mannen sample, the T-ρ gradients
were -6.36 (kΩm/◦C) for the unfrozen condition, and -126.56 (kΩm/◦C) for the frozen condition. The T-ρ
gradients under frozen conditions are 30 times larger than for the unfrozen condition for the Ramnanosi
sample and 20 times larger for the Mannen sample. All the samples were supercooled below the datum
freezing point. The mean freezing point depression were −1 ◦C ± 0.07 ◦C.
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(a)

(b)

Figure 12. Resistivity and temperature variations as a function of time for one selected resistivity mea-
surement in (a) sample Mannen 1 with time steps t1 to t4 separated by vertical dashed lines, and several
resistivity measurements in (b) sample Ramnanosi 1 with arrows marking freezing cutoff in R3 array 4.
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(a) (b)

(c) (d)

(e)

Figure 13. Resistivity as a function of temperature for (a) the measurement R3 in array 2 for sample
Mannen 1; (b,c and d) the measurements i) R1 and R3 in the array 1, ii) R1 and R2 in the array 2, and iii)
R3 in the array 4, respectively. (e) Freezing hysteresis with freezing (blue line) and thawing (red line) and
time steps from t1 to t4 in sample Mannen 1. For each linear fit, the linear equation and the coefficient R2

are given on the graph.
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4.2 Direct shear measurements

4.2.1 Evolution of shear stress and deformation during experiments
The shear stress versus time data can be divided into four successive time intervals, starting at time t1 to
t4 noted on the Figure 14. The sample initially consolidated at the imposed normal stress during the first
five minutes from the start of experiment to t1. Depending on how tight the shear cylinder was fitted to
the sample, the engaging duration between t1 to t2 varied slightly between experiments and corresponded
to the onset of the increase of shear stress after all mechanical parts of the shear apparatus attained full
contact. From t2 to t3 the sample was deformed at a constant shear rate leading to primary, secondary
and tertiary creep until a peak shear stress was reached at t3, followed by failure along the joint interface.
The constant shear rate exceeds the creep rate of ice provoking brittle fracture. The time t4 corresponds
to the steady state sliding at constant shear loading rate. The dynamic friction coefficient, defined as the
shear resistance divided by the normal load during sliding, is calculated from a 2 minutes average after
t4.

The shear deformation data for all experiments are plotted in Figure 15. On these curves, the origin
of time is such that t=0 corresponds to the shear stress drop at failure. The deformation in sample RG1
shows distinct stages of primary (C1), secondary (C2) and tertiary creep (C3) for 100 kPa, while tertiary
creep is evident for 400 kPa normal stress (Figure 15c). This evolution is seen only in sample RG1. The
rest of the samples show tertiary creep and failure. All samples show brittle failure when reaching a peak
shear strength. For all samples except two, stable sliding was reached allowing to measure the dynamic
friction. Two sample slipped in the stick-slip regime (Figure 15b).

The normal deformation shows distinct differences between 100 and 400 kPa. Some samples are
dilating at 100 kPa, while there is almost no dilation for all samples at 400 kPa (Figure 16). There is
no relation between normal deformation at peak failure load and normal stress as seen in Figure 17a.
These correlations are weak and not significant (p>0.05). The normal deformation decreases slightly
with increased temperature for 400 kPa. The correlation is weak, but significant (p<0.05) (Figure 17b).
There is no correlation between temperature and normal deformation for 100 kPa (p>0.05).
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Figure 14. A representative shear stress versus time data with the different times of deformation (t1, t2,
t3, t4) indicated on the plot.
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(a) (b) (c)

(d) (e) (f)

Figure 15. Shear stress curves where the time origin t=0 is taken at failure at 100 kPa (top row) and 400
kPa (bottom row); (a) sample MG1; (b) sample NG1; (c) sample RG1 with C1, C2 and C3; (d) sample
RG2; (e) sample RG3; and (f) sample RG4.
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(a) (b) (c)

(d) (e) (f)

Figure 16. Normal displacement curves where the time origin t=0 correspond to the shear stress drop due
to failure at 100 kPa (top row) and 400 kPa (bottom row); (a) sample MG1; (b) sample NG1; (c) sample
RG1; (d) sample RG2; (e) sample RG3; and (f) sample RG4.
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(a) (b)

Figure 17. Normal displacement plotted as a function of (a) normal load for respective temperatures; and
(b) temperature for both normal loads. The high p-values (p>0.05) for most linear fits indicate that the
slopes are not significant.
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4.2.2 Failure type and dependence on temperature and stress
Two types of failure were observed in the 36 shear experiments: fracture within the ice layer, and a mixed
fracture mode with a combination of fracture within the ice layer and failure at the rock-ice interface.
A clean rock-ice interface failure, defined as sliding only along the interface with the whole ice layer
remaining attached either to the lower or to the upper sample, was not observed. However, varying ratio
of failure between ice layer and rock-ice interface were observed for the mixed failure mode (Figure 18b).
Failure within the ice layer was defined as a continuous shear fault through the ice layer as seen in Figure
18a. The proportion of mixed failures increased with warmer temperatures as seen in Figure 18c, with
50% at −10 ◦C to 66 % at −2 ◦C. The proportion of ice layer failures increased with increasing normal
stress from 23% to 50% for 100 and 400 kPa, respectively (Figure 18d).

(a) (b)

(c) (d)

Figure 18. Shear direction on the lower block (right side) is to the right (indicated by the arrow labeled
"Richtung Zugarm") and front side of sample indicated by black markers on each side with "Vorne".
Scale bar = 10 centimeters. (a) Failure within the ice layer; and (b) Mixed mode failure occurs when the
failure plane breaks both the ice and the rock-ice interface. Rock-ice interface highlighted by red stippled
line; (c) Failure type binned by temperature; (d) Failure type binned by normal stress.

4.2.3 Peak shear stress and friction and its dependence on temperature and normal stress
With increasing temperature, the peak shear stress is decreasing as seen in Figure 19b. The R2 is ex-
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plaining the variance of the peak shear stress decrease moderately (0.51) for 100 kPa normal stress and
weakly (0.32) for 400 kPa normal stress. The null hypothesis of these correlations occurring by chance
are rejected by a p-value below 0.05. The dynamic friction is decreasing with increasing normal load
(Figure 19c). The correlation is negative with a moderate R

2
of 0.43. This p-value is also less then 0.05

confirming the correlation is significant. There is no significant correlations between peak shear stress
and normal stress in Figure 19a or dynamic friction and temperature in Figure 19d (p>0.05).
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Figure 19. Peak shear stress plotted as a function of (a) normal stress; and (b) temperature with standard
deviations indicated on the plot. Dynamic friction coefficient plotted as a function of (c) normal stress
with standard deviations indicated on the plot; and (d) temperature.
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4.2.4 Failure criterion
The linear stress dependent Mohr-Coulomb failure criterion (Equation 1) is used to develop a temperature
and normal stress dependent failure criterion for permafrost rock joints in mica-rich rocks. The intercept
and slope of the multiple regression line plotted in Figure 20a, were used to determine the normal stress
and temperature dependence for cohesion and static friction, following Equation 1. The cohesion was
calculated as the intercept value at zero normal stress, while φ is the inverse tangent of the static friction
µ. A significant temperature dependent cohesion was found (p< 0.01). The relationship between temper-
ature and cohesion is described by Equation 10 with temperature T in degrees Celsius. An increase in
temperature of −10 ◦C to −2 ◦C results in a 51 % reduction of the cohesion.

c[kPa] = 289 ± 97 − 50 ± 11 × T (10)

Temperature had no effect on the coefficient of static friction (p=0.08) and for this reason this depen-
dence was removed from the model. This missing effect is apparent in Figure 20b. The static friction did
not explain the difference between peak shear stress and normal loads either (p=0.06). To improve the
significance of the static friction coefficient, collapsing the data by subtracting the cohesion from peak
shear stress was performed in Figure 20b. By removing the outliers, this method provided a significant
static friction coefficient (p< 0.01) which is described by Equation 11.

tan(φ) = 0.40 ± 0.13 (11)

A temperature and normal stress dependent failure criterion for permafrost rock joints (Equation 12) is
described by:

τ[kPa] = (289 ± 97 − 50 ± 11 × T ) + σ × (0.40 ± 0.13) (12)

where the first term is the temperature dependent cohesion and the second term is the coefficient of
static friction. There is a 48 % and 42 % decrease in shear strength τ for 100 kPa and 400 kPa between
−10 ◦C to −2 ◦C, respectively.

A second multiple regression with one standard deviation removed is plotted in Figure 20c. The vari-
ables cohesion and static friction is retrieved as described for the above failure criterion. Both cohesion
and the static friction were significant. The temperature dependent cohesion decreases 47 % from −10 ◦C
to −2 ◦C. The residuals are plotted in Figure 20d. The second temperature and normal stress dependent
failure criterion for permafrost rock joints (Equation 13) is described by:

τ[kPa] = (313 ± 53 − 45 ± 6 × T ) + σ × (0.39 ± 0.13) (13)

where the decrease in shear strength τ is 45 % and 39 % for 100 and 400 kPa between −10 ◦C to −2 ◦C,
respectively.

Both formulas are valid for temperatures between -10 ± 0.1 ◦C to -2 ± 0.1 ◦C and normal stresses
between 100 to 400 kPa, corresponding to depth shallower than 15 meters in the permafrost rock.
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Figure 20. Developing the failure criterion (a) Shear strength at failure as a function of normal stress and
temperature for all measurements; (b) Shear strength at failure with cohesion removed as a function of
normal stress. The outliers, based on one standard deviation, are removed to obtain a linear relationship
with a p-value of p<0.05, indicating that the slope tan (φ) = 0.40 is significant; (c) Shear strength at failure
as a function of normal stress and temperature with one standard deviation removed; (d) The residuals
for (c) are calculated as τ − (c + tan (φ)) × σ).
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5 Discussion

5.1 Temperature-resistivity measurements

Electrical resistivity tomography is a widely used tool to prospect permafrost and has been successfully
used under conditions of high alpine steep permafrost rock walls by laboratory T-ρ calibration (Krautblat-
ter and Hauck, 2007; Krautblatter et al., 2010; Magnin et al., 2015; Keuschnig et al., 2017). Resistivity
increases when pore water freezes, and the stable equilibrium freezing temperature in rocks depend on
pore volume, pore pressure, and ground water ion content (Keller and Frischknecht, 1966; Lock, 1990).

Krautblatter (2009) proposed bilinear T-ρ freezing paths separated by the datum freezing point for low
porosity rocks. Similar linear freezing paths have been presented here on low porosity mica-rich rocks
(Figure 13). The linear relationship fitted the measurements accurately in both studies.

The freezing gradients in the present study and from Krautblatter (2009) are displayed as gradient ver-
sus 0 ◦C intercept in Figure 21. Most of the samples show a similar T-ρ gradient above and below 0 ◦C.
The measurements obtained from the Ramnanosi sample and the samples in Krautblatter (2009) show
similar unfrozen and frozen gradients (two samples t-test p>0.05). The unfrozen and frozen gradients of
sample Mannen 1 are one order of magnitude higher than for the other measurements. These values are in
accordance to other unfrozen and frozen rock gradients in both Krautblatter (2009) and reanalyzed values
by Krautblatter (2009) from Mellor (1973) and Seguin (1978). The Mannen sample is in the upper range
of reported freezing gradients. The change in temperature gradients from unfrozen to frozen is of one
order of magnitude in this study compared to one to three orders of magnitudes in Krautblatter (2009).

The freezing point is lowered in rocks with high pore pressure and ionic rich water content (Keller
and Frischknecht, 1966). A mean freezing point depression of −1 ◦C ± 0.07 ◦C is close to the observed
temperatures in Krautblatter (2009). However, the supercooling freezing path was not explained by a
linear fit in our data.

The linear relationships, separated above and below 0 ◦C, could to a large degree be explained by the
temperature dependent resistivity of water. As the resistivity of rocks is almost exclusively dependent on
water saturation, and water conductivity drastically reduces with freezing, the resistivity below the stable
equilibrium freezing point is considerably higher than above, and increases as more water freezes in the
pore volume (Keller and Frischknecht, 1966; Mellor, 1973; Matsui et al., 2000; Krautblatter, 2009).

The freeze-thaw hysteresis, apparent in Figure 13e, can be explained by two processes. The freez-
ing point depression can explain the shift in freezing paths below the datum freezing point (Keller and
Frischknecht, 1966), while the freezing and thawing path-ways, which are separated, can be explained
by different pore volume dependent properties for freezing and thawing respectively (Petrov and Furó,
2006).

The resistivity of sample Mannen 1, which is one order of magnitude higher than sample Ramnanosi 1,
demonstrate the importance of calibrated T-ρ measurements as sample Mannen 1 when unfrozen, show
resistivities corresponding to calibrated frozen resistivities of sample Ramnanosi 1.
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(a)

(b)

Figure 21. Temperature gradient versus resistivity at 0 ◦C intercept. Measurements plotted with closed
markers are from the present study, while open markers are derived from Krautblatter (2009). (a) All
measurements plotted. The black box indicates the zoom on the measurements displayed in b); (b)
Plotted without sample Mannen 1.
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5.2 Direct shear measurements

Knowledge of how permafrost rock joints shear strength varies with temperature and normal load is
critical to estimate the likelihood of failure in degrading permafrost rock slopes. Previous studies have
shown that ice has a temperature dependent strength and stiffness, is self-healing and relax under de-
viatoric stress, and its deformation style depends on strain rate and stress history (Barnes et al., 1971;
Sanderson, 1988; Arenson and Springman, 2005; Weiss et al., 2016). Rock strength is also temperature
dependent (Mellor, 1971; Jacobs et al., 2018), and weakens with damage accumulated during freeze-
thaw cycles (Jia et al., 2017) and subcritical damage by water weakening (Gholami and Rasouli, 2014;
Voigtländer et al., 2018).

Few studies were performed on permafrost rock joints. Davies et al. (2001) found ice-filled joints to
be weaker than ice-free joints above −1.4 ◦C, and Günzel (2008) found three different failure modes of
permafrost rock joints. These tests were performed using concrete samples chosen as an analogue to
rocks. Mamot et al. (2018) conducted direct shear tests on natural rock samples (Wetterstein limestone)
finding that static friction and cohesion decrease with temperature. In the present study, data on mica-rich
rock samples are presented.

The shear strain rates in both Mamot et al. (2018) and the present study were kept constant at the strain
rate threshold for ice fracturing (10−4 − 10−3s−1) (Sanderson, 1988; Schulson, 2001). All samples were
also prepared similar to Mamot et al. (2018). The failure types of the two lithologies were on the other
hand different. There was no rock-ice interface failure for the mica-rich rock shear tests whereas this
was prominent from −5 ◦C and represented 50% of the failures at −2 ◦C in Wetterstein limestone (Mamot
et al., 2018). Temperature has a strong effect on the failure types in limestone samples reducing the
ice layer failures from 79% at −10 ◦C to 11% at −2 ◦C. In the corresponding temperature interval, the
proportion of ice layer failures in mica-rich samples reduced from 50% at −10 ◦C to 33% at −2 ◦C. The
effect of decreasing normal stress from 400 to 100 kPa was most notable in the mica-rich tests with a 27%
decrease in ice layer failures. The normal stress did not have an effect on failure type in the Wetterstein
limestone tests (Mamot et al., 2018). It is important to point out that only two normal loads were tested in
the mica-rich shear test. A third normal load would be needed to be certain of the failure type dependence
on normal stress.

In Davies et al. (2000), dilation is decreasing with increasing temperature and normal load. During
all my experiments, dilation was observed for lower normal loads (Figure 17). The asperity roughness
were significantly larger in Davies et al. (2000). The mixed ice layer and rock-ice interface failure would
produce new asperities, forcing the sample to dilate. This failure type was more frequently associated
with lower normal loads, and independent of temperature, which coincides with the more frequently
observed dilation at lower normal load in my data.

The peak shear stress at failure decreases with increasing temperatures for both Wetterstein limestone
and mica-rich rocks (Figure 22a and b). The decrease at 100 and 400 kPa were 46% and 43% in the
mica-rich samples. The decrease is quite similar in the Wetterstein limestone samples tested at 400 kPa,
with 42% reduction. In all 100 kPa tests, the peak shear stress decreased with 57% between −10 ◦C to
−2 ◦C, which is significantly more than for the corresponding mica-rich tests. This effect could suggest a
stronger temperature dependence at low normal stresses for the limestone samples. However, there is no
difference in the two data sets and hence the slopes of the linear fits could be equal for both lithologies
(two sample t-test, p>0.05). We can accordingly conclude that the peak shear stress is similarly decreas-
ing with increasing temperature in both experiments. There is no significant effect of normal stress on
peak shear stress in the mica-rich rocks. The same results were found for the experiments on Wetterstein
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limestone (Figure 22c).

(a) (b)

(c)

Figure 22. Peak shear stress versus temperature at (a) 100 kPa normal stress; and (b) 400 kPa normal
stress; and (c) peak shear stress versus normal stress; for mica-rich rocks (present study) and Wetterstein
limestone (Mamot et al., 2018), respectively.

The dynamic friction coefficient is decreasing with increasing normal stress for the tests on mica-rich
rocks (Figure 19c). This behavior is not expected in a rock mechanics perspective where the dynamic
shear stress increases with increasing normal stress (Byerlee, 1978). However, the friction of ice on ice
is assumed to be purely dependent on viscous shear in a liquid water layer at the interface (Oksanen and
Keinonen, 1982). This water layer thickness is self-balanced by frictional heating and heat conduction
(Oksanen and Keinonen, 1982). Consequently, I propose that dynamic friction decreases with normal
load because of increasing frictional heating, even if the friction was not purely ice on ice in the present
study.

I plotted two criteria for mica-rich rocks, which are very similar, and the second one (Figure 20c) shows
a significant p-value (p<0.05), and is compared to the Wetterstein Limestone criterion. The shear strength
criteria of both Wetterstein limestones and mica-rich rocks are plotted as a function of temperature and
for two normal stresses in Figure 23a. A rise in temperature from −10 ◦C to −2 ◦C, degrades the shear
strength of mica-rich rock joints by 45% and 39% for 100 and 400 kPa. The corresponding decrease in
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Wetterstein limestone rock joints are 66% and 64% for 100 and 400 kPa. The Wetterstein failure criterion
indicates a 60% and 68% decrease in static friction and cohesion with a temperature increase from −8 ◦C
to −2 ◦C. Similar results have been presented here with a decrease in cohesion of 47% from −10 ◦C to
−2 ◦C for mica-rich rocks. However, the static friction coefficient was not temperature dependent for
mica-rich rocks.

The shear strength of mica-rich rocks is significantly lower than Wetterstein limestone rocks at −8 ◦C
(Figure 23a). At −2 ◦C, this relation is reversed, and mica-rich rocks have a higher shear strength. The
cohesion of both rock types are similar at −8 ◦C, but this changes as the cohesion of Wetterstein limestone
is more temperature dependent, and therefore significantly weaker at −2 ◦C (Figure 23b). Still, the main
difference is the strong effect of temperature on the static friction coefficient of Wetterstein limestone in
comparison to the static friction of mica-rich rock.

Above −10 ◦C, ice start to soften by formation of liquid at the grain boundaries (Barnes et al., 1971).
Further, a quasi-liquid film increases in thickness towards 0 ◦C where the adhesion decreases to unmea-
surable values (Barnes et al., 1971). The temperature dependent hardness of ice could also play a role
in the lowered cohesion as it drops near 0 ◦C (Barnes et al., 1971). Experiments closer to −0.5 ◦C would
likely show an increase of temperature dependence of cohesion and possibly friction in the mica-rich rock
samples.

To summarize the above observations, the peak shear strength is higher for Wetterstein limestone and
the cohesion is similar at −8 ◦C compared to mica-rich rock. The static friction coefficient of Wetterstein
limestone is almost 5 times higher than the mica-rich rock at −8 ◦C. Based on these observations, a rock
type dependent static friction coefficient may exist as the cohesion of these rock joints are quite similar
and the static friction coefficients are not.

As pointed out by Mamot et al. (2018), thermal conductivity is unlikely an important effect on shear
strength as most rock types have similar thermal conductivity (Schön, 1995). The rock elasticity is also
unlikely an important factor as the elastic modulus of rocks (bulk modulus K: 25-240 GPa and shear
modulus G: 13-128 GPa) are 2 to 20 times stronger than ice (K: 8.7-11.3 GPa and G: 8.6-9.8 GPa)
localizing deformation to the ice-filled joint (Schön, 1995; Hobbs, 2010). The strength of permafrost
rock joints would consequently depend on ice properties and friction at the rock-ice interface.

Ice adhesion and rock-ice interlocking controls the frictional strength in ice-filled rock joints (Ryzhkin
and Petrenko, 1997; Davies et al., 2001). The adhesion is governed by surface energy (Ryzhkin and
Petrenko, 1997; Matsumoto et al., 2017). The surface energy increases with decreasing temperature in
both ice and rocks (Matsumoto et al., 2017), and it is dependent on rock type (Miller, 2010). Accordingly,
adhesion also changes, and could explain some of the difference in shear strength between Wetterstein
limestone and mica-rich rocks. The surface roughness is ground similar in both Wetterstein limestone and
the mica-rich rocks. The rock-ice interlocking should accordingly be proportionate. The 4-5% porosity of
Wetterstein limestone (Krautblatter et al., 2010) is 5 times greater than the 0.5-1% porosity of Nordnes-
fjellet (Leinauer, 2017). The porosity may determine how well the ice is bonded to the rock. Because of
the larger porosity of the limestone, more water could penetrate into the rock and freeze there, increasing
the welding strength between the ice and the rock. The smaller contact surface area of the less porous
Nordnesfjellet rock would thereby exhibit a lower shear strength of the permafrost rock joint.

Compared to natural observations, the experimental conditions from −10 ◦C to −2 ◦C correspond to
most recorded permafrost temperatures in the world (Biskaborn et al., 2019). The tested normal stress
conditions correspond to sliding planes at 4 and 15 meters burial, which is deeper than the active per-
mafrost layer in both Norway and the Alps (Matsuoka and Murton, 2008; Christiansen et al., 2010), and
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(a)

(b)

Figure 23. Summary of the failure criteria of ice-filled joints in rocks (a) Mica-rich rocks (present study)
and Wetterstein limestone (Mamot et al., 2018) failure criteria at 100 and 400 kPa normal stress; (b)
cohesion versus temperature for both lithologies.
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correspond to observed natural sliding plane depths (Ravanel et al., 2010; Ravanel and Deline, 2011;
Frauenfelder et al., 2018). The tested ice-filled joints were preloaded by uniaxial compression prior to
shearing in the experiments. This loading is comparable to natural ice-filled joints under similar burial
load, where pre-existing defects in ice would heal before shearing (Arenson and Springman, 2005).

The dilation observed in the experiments leads to lowered friction as the sample rides over asperities.
In natural permafrost rock joints, accessible water can infiltrate the shear plane and behave as a lubricant
(Erismann and Abele, 2001).

The added strength of ice in permafrost rocks enable steeper rock slopes than similar ice-free rock
slopes (Gruber and Haeberli, 2007). As presented here, an increase in temperature has a critical effect
on the shear strength of permafrost rock joints as it is governed by ice properties, and consequently,
increasing temperatures would trigger failure. With lowered effective normal stress, a positive feedback
mechanism by unloading, could trigger a secondary failure (Mamot et al., 2018). The dynamic friction of
ice is controlled by frictional heat (Oksanen and Keinonen, 1982), and therefore quite rapid accelerations
may be expected as ice-melt lubricates the sliding plane.

As the shear strength of permafrost rock joints is temperature dependent, knowing the temperature of
potentially unstable permafrost rock slope is critical. By integrating electric and shear properties from
T-ρ calibration and direct shear measurements, as for the Ramnanosi sample presented here, both per-
mafrost rock joint temperatures, and temperature dependent shear strength of permafrost rock joints, can
be estimated.
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6 Conclusion

The increasing temperature extremes and precipitation extremes by climate change are causing per-
mafrost rock slopes to collapse all around the world with potentially devastating consequences. The
raised strength of permafrost rocks permits steeper rock faces than unfrozen equivalents. The added
strength decreases with thawing, inducing destabilization, and potentially failure of large rock slopes. It
is more urgent than ever before to understand the mechanisms of permafrost rock slope failures.

In this integrated study, both temperature-resistivity (T-ρ) calibration and direct shear tests have been
performed on mica-rich rocks to characterize permafrost in high alpine areas and simulate strength of
shear planes in permafrost rock slides. The results were presented at the European Geoscience Union
2019.

T-ρ paths have been accurately described by a bilinear relation divided at 0 ◦C with one order of mag-
nitude higher gradients for frozen conditions compared to unfrozen conditions. The study demonstrates
the importance of calibrated T-ρ measurements as the presented samples display one order of magnitude
difference in resistivity. As a result, frozen conditions resistivity values in one sample represents unfrozen
conditions in the other.

A new failure criterion of ice-filled joints in mica-rich rocks reveal a strong temperature dependency
with a 45% and 39% decrease in shear strength from −10 ◦C to −2 ◦C for 100 and 400 kPa, respectively.
The mica-rich rock joints displayed a temperature dependent cohesion, and a temperature independent
coefficient of static friction. A porosity dependent static friction coefficient is proposed. The mechanism
is explained by an increase of rock-ice contact surface area with increasing porosity. The dynamic friction
is suggested to decrease with increasing normal load because of frictional heating. The results are lead-
ing towards a unified failure criterion for ice-filled rock joints. Future work on porosity dependence, and
temperatures from −2 ◦C to 0 ◦C, would be beneficial as ice melts and changes the mechanical parameters
controlling failure in this temperature range.
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7 Appendix

The supplementary materials contain 4 figures and 4 tables; a poster presented at the European Geo-
sciences Union 2019, a figure with all conducted resistivity measurements, an illustration of the resistivity
measurements positions, a protocol used to document the shear experiments, a table with shear test results
for the mica-rich rocks, and 3 tables with the shear machine calibration.
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Figure S1. Poster presented at EGU 2019 containing the series of direct shear experiments.
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(a)

(b)

Figure S2. Resistivity change with temperature during the experiment for (a) Mannen 1, and (b) Ram-
nanosi 1. Note difference in resistivity scales.
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Figure S3. Illustration of the position of resistivity measurements on sample Mannen 1 and sample
Ramnanosi 1.
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Table S1
Results from shear tests on mica-rich rocks (present study).

Experiment Temp FNormal Stress FShear Stress FNormal Stress FShear Load Fvelocity FContact Area
deg C kPa kPa kPa kN m/s m2

Exp1a_MG1 -10 100 1091.39 94.39 18.63 3.61E-06 1.71E-02
Exp1a_NG1 -10 100 623.97 94.88 10.60 4.04E-06 1.70E-02
Exp1a_RG1 -10 100 740.87 113.17 12.47 4.68E-06 1.68E-02
Exp1a_RG2 -10 100 670.96 99.28 11.22 4.06E-06 1.67E-02
Exp1a_RG3 -10 100 1031.92 100.14 17.11 5.49E-06 1.66E-02
Exp1a_RG4 -10 100 811.45 100.78 13.37 5.18E-06 1.65E-02
Mean 828.43 100.44 13.90 4.51E-06 1.68E-02

Exp1c_MG1 -10 400 624.10 391.42 10.67 2.54E-06 1.71E-02
Exp1c_NG1 -10 400 1537.58 405.04 25.76 6.09E-06 1.68E-02
Exp1c_RG1 -10 400 578.80 405.14 9.70 3.93E-06 1.68E-02
Exp1c_RG2 -10 400 854.86 404.70 14.34 3.29E-06 1.68E-02
Exp1c_RG3 -10 400 981.82 414.71 16.07 4.73E-06 1.64E-02
Exp1c_RG4 -10 400 1310.18 403.38 21.89 3.96E-06 1.67E-02
Mean 981.22 404.06 16.40 4.09E-06 1.67E-02

Exp3a_MG1 -6 100 384.31 98.00 6.51 4.58E-06 1.69E-02
Exp3a_NG1 -6 100 708.83 101.14 11.64 6.18E-06 1.64E-02
Exp3a_RG1 -6 100 830.98 99.59 13.85 5.80E-06 1.67E-02
Exp3a_RG2 -6 100 689.47 99.56 11.50 5.75E-06 1.67E-02
Exp3a_RG3 -6 100 627.73 96.08 10.53 2.508E-06 1.68E-02
Exp3a_RG4 -6 100 577.51 100.31 9.56 6.06E-06 1.66E-02
Mean 636.47 99.11 10.60 5.15E-06 1.67E-02

Exp3c_MG1 -6 400 794.97 399.50 13.51 4.34E-06 1.70E-02
Exp3c_NG1 -6 400 683.83 403.69 11.50 5.68E-06 1.68E-02
Exp3c_RG1 -6 400 446.87 409.27 7.41 5.53E-06 1.66E-02
Exp3c_RG2 -6 400 680.60 401.78 11.50 3.27E-06 1.69E-02
Exp3c_RG3 -6 400 861.50 409.82 14.27 4.77E-06 1.66E-02
Exp3c_RG4 -6 400 1271.40 407.16 21.19 5.08E-06 1.67E-02
Mean 789.86 405.20 13.23 4.78E-06 1.68E-02

Exp7a_MG1 -2 100 419.45 109.10 7.13 3.90E-06 1.70E-02
Exp7a_NG1 -2 100 570.27 107.02 9.63 5.32E-06 1.69E-02
Exp7a_RG1 -2 100 500.14 99.90 8.31 4.31E-06 1.66E-02
Exp7a_RG2 -2 100 241.31 98.04 4.09 3.36E-06 1.69E-02
Exp7a_RG3 -2 100 634.16 100.01 10.53 4.43E-06 1.66E-02
Exp7a_RG4 -2 100 326.73 99.13 5.47 3.59E-06 1.67E-02
Mean 448.68 102.20 7.53 4.15E-06 1.68E-02

Exp7c_MG1 -2 400 658.99 392.89 11.22 8.70E-06 1.70E-02
Exp7c_NG1 -2 400 669.15 401.86 11.22 4.90E-06 1.68E-02
Exp7c_RG1 -2 400 430.74 402.95 7.20 4.68E-06 1.67E-02
Exp7c_RG2 -2 400 603.72 399.20 10.04 9.26E-06 1.66E-02
Exp7c_RG3 -2 400 447.26 399.21 7.55 2.92E-06 1.69E-02
Exp7c_RG4 -2 400 530.76 426.40 8.93 4.71E-06 1.68E-02
Mean 556.77 403.75 9.36 5.86E-06 1.68E-02

Total Mean 706.91 252.46 11.84 4.76E-06 1.68E-02
SD 278.26 154.16 4.64 1.43E-06 1.82E-04
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Table S2
Wetterstein limestone tests (Mamot et al., 2018).

Experiment Temp Normal Force Shear Stress Shearload Velocity Contact Area
deg C kPa kPa kN mm/min m2

Exp1a_WSK1 -10 100 808.00 13.20 0.70 1.63E-02
Exp1a_WSK2 -10 100 1182.40 20.00 0.69 1.69E-02
Exp1a_WSK3 -10 100 1360.70 22.70 0.55 1.67E-02
Exp1a_WSK4 -10 100 828.30 13.50 0.49 1.63E-02
Exp1a_WSK5 -10 100 704.20 11.80 0.48 1.68E-02

Mean 976.72 16.24 0.58 1.66E-02

sd 280.40 4.80 0.11 2.87E-04

Exp1c_WSK1 -10 400 1015.40 16.70 0.66 1.65E-02
Exp1c_WSK2 -10 400 947.80 15.70 0.85 1.66E-02
Exp1c_WSK5 -10 400 1095.70 18.00 0.63 1.64E-02
Exp1c_WSK6 -10 400 2035.60 33.40 0.38 1.64E-02
Exp1c_WSK7 -10 400 949.20 15.60 0.44 1.65E-02

Mean 1208.74 19.88 0.59 1.65E-02

sd 466.18 7.62 0.19 7.60E-05

Exp3a_WSK1 -6 400 733.50 12.20 0.40 1.66E-02
Exp3a_WSK2 -6 400 1332.00 21.90 0.49 1.65E-02
Exp3a_WSK3 -6 400 876.90 14.90 0.26 1.70E-02
Exp3a_WSK5 -6 400 294.10 4.90 0.64 1.66E-02
Exp3a_WSK6 -6 400 665.00 11.10 0.49 1.67E-02

Mean 780.30 13.00 0.45 1.67E-02

sd 376.03 6.18 0.14 2.20E-04

Exp3c_WSK1 -6 400 1205.30 19.90 0.70 1.65E-02
Exp3c_WSK3 -6 400 1113.20 18.20 0.72 1.63E-02
Exp3c_WSK4 -6 400 1550.50 25.80 0.61 1.67E-02
Exp3c_WSK5 -6 400 1491.90 25.00 0.51 1.68E-02
Exp3c_WSK6 -6 400 804.60 13.50 0.42 1.68E-02

Mean 1233.10 20.48 0.59 1.66E-02

sd 302.69 5.07 0.13 1.89E-04

Exp7a_WSK1 -2 100 600.20 10.30 0.68 1.71E-02
Exp7a_WSK2 -2 100 374.10 6.30 0.56 1.70E-02
Exp7a_WSK3 -2 100 466.00 8.00 0.63 1.72E-02
Exp7a_WSK4 -2 100 254.40 4.30 0.53 1.69E-02

Mean 423.68 7.23 0.60 1.70E-02

sd 146.13 2.55 0.07 1.27E-04

Exp7c_WSK1 -2 400 674.80 11.50 0.51 1.71E-02
Exp7c_WSK2 -2 400 911.80 15.60 0.39 1.71E-02
Exp7c_WSK3 -2 400 618.90 10.40 0.65 1.67E-02
Exp7c_WSK4 -2 400 834.70 14.10 0.45 1.69E-02
Exp7c_WSK5 -2 400 496.50 8.20 0.48 1.65E-02

Mean 707.34 11.96 0.50 1.69E-02

sd 166.85 2.94 0.10 2.55E-04

Total Mean 904.33 15.06 0.55 1.67E-02
SD 401.62 6.60 0.13 2.64E-04
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Table S3
Results from calibration tests on Wetterstein limestone (present study).

Experiment Temp Normal Force Shear Stress Shearload Velocity Contact Area
deg C kPa kPa kN mm/min m2

Exp1a_WSK5 -10 100 3481.39 57.62 0.32 1.66E-02
Exp1a_WSK6 -10 100 2632.79 44.34 0.23 1.68E-02
Exp1a_WSK61 -10 100 2027.77 33.59 0.33 1.66E-02
Exp1a_WSK62 -10 100 2629.79 43.95 0.21 1.67E-02

Mean 2692.94 44.87 0.27 1.67E-02

sd 597.69 9.85 0.06 1.36E-04

Exp1c_WSK5 -10 400 3482.14 58.40 0.19 1.68E-02
Exp1c_WSK6 -10 400 3474.42 58.40 0.25 1.68E-02

Mean 3478.28 58.40 0.22 1.68E-02

sd 5.46 0.00 0.05 2.63E-05

Exp3a_WSK5 -6 400 4061.46 68.16 0.24 1.68E-02
Exp3a_WSK51 -6 400 1796.09 30.08 0.25 1.67E-02
Exp3a_WSK6 -6 400 1693.06 28.13 0.30 1.66E-02

Mean 2516.87 42.12 0.26 1.67E-02

sd 72.85 1.38 0.03 9.52E-05

Exp3c_WSK2 -6 400 2527.84 41.99 0.34 1.66E-02
Exp3c_WSK5 -6 400 3229.31 53.32 0.33 1.65E-02
Exp3c_WSK6 -6 400 2390.25 39.45 0.33 1.65E-02

Mean 2715.80 44.92 0.33 1.65E-02

sd 450.00 7.38 0.01 5.97E-05

Exp7a_WSK5 -2 100 1230.21 20.31 0.34 1.65E-02
Exp7a_WSK6 -2 100 1623.47 27.15 0.27 1.67E-02

Mean 1426.84 23.73 0.30 1.66E-02

sd 278.08 4.83 0.04 1.49E-04

Exp7c_WSK5 -2 400 2046.48 33.98 0.43 1.66E-02
Exp7c_WSK6 -2 400 1539.69 25.59 0.49 1.66E-02

Mean 1793.09 29.79 0.46 1.66E-02

sd 358.36 5.94 0.04 8.04E-06

Total Mean 2386.98 41.53 0.31 1.66E-02
SD 847.41 14.23 0.08 1.14E-04
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Table S4
Ratio difference between conducted calibration tests (present study) and previous tests (Mamot et al.,
2018).

Experiment Temp Normal Force Shear Stress Shearload Velocity Contact Area
deg C kPa kPa kN mm/min m2

Exp1a -10 100 2.76 2.76 0.47 1.00E+00
Exp1c -10 400 2.88 2.94 0.37 1.02E+00

Exp3a -6 100 3.23 3.24 0.58 1.00E+00
Exp3c -6 400 2.20 2.19 0.56 9.96E-01

Exp7a -2 100 3.37 3.28 0.51 9.76E-01
Exp7c -2 400 2.53 2.49 0.93 9.85E-01

Total Mean 2.83 2.82 0.57 9.97E-01

SD 0.43 0.43 0.19 1.55E-02
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