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A B S T R A C T

The terrestrial planets accreted from a diverse suite of solar system materials ranging from strongly O-deficient
materials similar to enstatite chondrites via ordinary chondrite materials to fully oxidised carbonaceous chon-
drite and cometary materials. Heliocentric zoning with increasingly oxidised planetesimals outwards through
the protoplanetary disc is broadly reflected in core fraction and FeOmantle concentration, ranging from 68wt%
core and 0.5 wt% FeOmantle for Mercury to 18 wt% core and 24wt% FeOmantle for Vesta. Mercury, Venus and
Earth grew mostly from materials which were isotopically similar to enstatite chondrites, although Earth and
Venus also received more oxidised material. The elevated (Mg+Fe)/Si ratio, compared to chondrites, in the
bulk silicate fraction of the terrestrial planets, except for Mercury, may be related to a combination of nebular
fractionation associated with forsterite condensation, concentration of olivine-rich chondrules near the mid-
plane of the accretion disc and multi-cycle impact erosion of protocrusts. For the extremely reduced Mercury the
silicate magma ocean (MO) and a core with 15wt% Si might have equilibrated with a melt layer of FeS at the
core-mantle boundary (CMB). Recent data from the MESSENGER mission combined with experimentally derived
phase relations, support estimates of about 0.5 wt% FeO and 10wt% S in the MO and the current mantle. Core
segregation at very high temperatures for the largest planets, Venus and Earth, led to cores with high Si content,
even at relatively high oxygen fugacities and FeOmantle contents, because increasing temperature shifts the
equilibrium:

+ = +SiO 2Fe 2FeO Si2
MO core MO core

towards the products (right side). The hot protocores of Venus and Earth might have started with about 5–7 wt%
Si and 2–3 wt% O. Mars and Vesta segregated S-rich cores at high oxygen fugacity and low pressure.
Strong partitioning of Fe and Mg to melt and solids, respectively, caused neutrally buoyant bridgmanite (bm)

to crystallise from the MO at 1700–1860 km depth (72–80 GPa), resulting in a separate basal magma ocean
(BMO) within Earth, and probably also in Venus. Slow cooling of a thermally insulated BMO and core, ac-
companied by protracted crystallisation of bm and ferropericlase (fp), would facilitate core-BMO chemical ex-
change by reversing the equilibrium SiO2MO+2Fecore= 2FeOMO+Sicore towards the reactants. Transfer of
silica crystals and a liquid SiO2 component from the core to the BMO, and liquid FeO and Fe2O3 components
from the BMO to the core, would increase the Si/Mg, Mg/Fe and bm/fp ratio of the resulting cumulates. Because
the solidus temperature of peridotite is< 200–300 K above the present temperature of the outermost core, and
the melting interval of late-stage BMO melt enriched in Al, Fe, Ca and Na would be lower than that of peridotite,
the BMO might have persisted through the Hadean and possibly also the Archean. Low solid state diffusion rates,
especially in bm, would have restricted the core-mantle interaction upon BMO solidification, but limited core-
mantle interaction could possibly occur via partially molten ultra-low velocity zones. An outermost stagnant
low-density and low-velocity core layer (E′-layer), with reduced Si and elevated O contents relative to the
convecting core, appears to trace the core-BMO exchange. The E′-layer is compositionally gradational towards
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the convecting core at 445 km below the CMB. High thermal conductivity and minimal convective entrainment
in the low-viscosity core fluid might have developed and stabilised such a gradational layer since the Hadean or
early Archean.
The primordial bm-dominated cumulates with high Mg/Fe ratios and viscosities may have become con-

vectively aggregated into large refractory domains, remaining neutrally buoyant in the middle to upper parts of
the lower mantle and resistant to convective destruction. Late-stage dense BMO cumulates with elevated Fe/Mg
ratios relative to the bulk mantle composition might represent a suitable material for 100–200 km thick ther-
mochemical piles at the bottom of the large low S-wave velocity provinces (LLSVPs) under Africa and the Pacific.
A degree-2 convection pattern, possibly initiated and stabilised during Earth's early rapid rotation, involving
antipodally ascending columns in equatorial positions and an intermediary descending longitudinal belt, might
have swept the late-stage, dense bridgmanitic cumulates with high Fe/Mg-ratios, viscosity and bulk modulus
towards the root zones of the upwelling columns.

1. Introduction

1.1. Planetary accretion and core segregation

The internal structures and convective dynamics of the terrestrial
planets were likely established during and immediately after their ac-
cretion, which was accompanied by pervasive melting, facilitating core-
mantle separation and mantle differentiation. The main heat source,
causing the earliest melting and magma oceans in small planetesimals,
was short-lived radioactive heating, mainly from 26Al decay (half-life of
0.7My). This was accompanied by extensive heating from the grav-
itational segregation of metallic Fe and FeS melts (Rubie et al., 2015a)
to form planetesimal cores within the first 2–3My. The episodic de-
livery of heat and associated melting and core segregation continued
through the late collisional accretion stage. For the Earth, this extended
to about 60–100My after the initial solar nebula processes (Jacobsen
et al., 2014; Barboni et al., 2017). The evaporation and condensation
processes in the solar nebula are dated to 4567Ma (t0) by Pb-isotope
analyses of Ca-Al-inclusions in chondrites (Connelly et al., 2012).
During the protracted giant collision stage, the magma oceans might
have crystallised and re-emerged several times.
The “Grand Tack” model for planetary accretion (Walsh et al., 2011;

Morbidelli et al., 2012; DeMeo and Carry, 2014) prescribes a helio-
centric zonation of O-deficient planetesimals with enstatite and or-
dinary (S-type) chondritic affinity in the inner disc via C-type plane-
tesimals (carbonaceous chondritic affinity) to H2O-dominated cometary
bodies in the outer disc. Recent measurements of a range of isotopic
ratios of O, Cr, Ti, Ni, W and Mo provide strong evidence for such a disc
zonation with orbital separation of non-carbonaceous (NC, see list of
abbreviations in Table 1) and carbonaceous chondrite (CC) materials
inside and outside, respectively, of the proto-Jupiter orbit at 1–3My
after t0 (Warren, 2011; Kruijer et al., 2017). The accretion of the large
terrestrial planets, Venus and Earth in the inner part of the Solar
nebula, over a period of up to 60–100My, was heterogeneous. Isotopic
fingerprints indicate that materials with enstatite chondritic affinity
dominate in Mercury, Venus and Earth (e.g. Warren, 2011). A perido-
titic bulk mantle composition with a superchondritic (Mg+Fe)/Si ratio
can be explained by a combination of processes, including nebular
fractionation associated with forsterite condensation (Dauphas et al.,
2015), migration of olivine-dominated chondrules towards the accre-
tion disc mid-plane (Hewins and Herzberg, 1996) and impact erosion of
protocrusts (Caro et al., 2008). Whereas some studies have concluded
that the most oxidised material was delivered during the latest stages
(e.g. Rubie et al., 2015b), other results indicate that Earth received
more oxidised (mainly carbonaceous) material during the initial 60%
growth stage and then predominantly enstatite chondritic material
during the last 40% growth (e.g. Badro et al., 2015; Dauphas, 2017). A
large proportion of the cumulative core segregation is likely to have
occurred in smaller planetesimals and planetary embryos that impacted
on and amalgamated with the growing larger planets. Many of the inner
solar system planetesimals were likely O-deficient and Mercury-like

(e.g. Warren, 2011; Wohlers and Wood, 2015). The extent to which the
liquid silicate and metal components were emulsified in each of the
impacts, allowing re-equilibration at higher pressures and temperatures
than for the original small-body core segregation, has been debated. In
high-energy impacts, like those envisaged by Canup (2012) and Cuk
and Stewart (2012), such re-equilibration might have been extensive, in
contrast to a situation after less energetic impacts.
The presence of Fe-dominated metallic cores in terrestrial planets is

a simple consequence of insufficient O/Fe abundance ratios for oxida-
tion of all the elements in the inner parts of stellar accretion discs. Large
fractions of iron and siderophile elements, including Si under low O-
activity, will therefore segregate as metallic core alloys. The tempera-
ture (and pressure) during metal-silicate equilibration and core segre-
gation will govern the widths of the metal-silicate miscibility gaps and
thereby the concentration of elements like e.g. Si, Mg and Al in the
metal (Wahl and Militzer, 2015; O'Rourke and Stevenson, 2016; Badro

Table 1
Summary of key abbreviations and definitions.

Minerals
ol, olivine; cpx, clinopyroxene; opx, orthopyroxene; pl, plagioclase; ilm,
ilmenite; ga, garnet; wd, wadsleyite; rw, ringwoodite; fp, ferropericlase; pc,
periclase; cpv, Ca-perovskite; bm, bridgmanite; pbm, post-bridgmanite; stish,
stishovite, β-stish, β‑stishovite (CaCl2-structured silica), seif, seifertite; cf, Ca-
ferrite structured Al-rich phase. Although several studies have continued to use
the term post-perovskite (ppv) after the IMA-approval of the name bridgmanite
for the perovskite-structured MgSiO3-dominated phase (Tschauner et al., 2014),
we prefer the term post-bridgmanite for pedagogical reasons. Because the
perovskite-structured CaSiO3-dominated phase is commonly referred to as Ca-
perovskite, the term post-perovskite for the MgSiO3-dominated high-pressure
polymorph of bridgmanite (not strictly isochemical with bm) seems counter-
intuitive.

Mineral components: An, anorthite; Fo, forsterite; En, enstatite; Di, diopside

Mg-number, Mg#=100∗Mg / (Mg+Fetotal), atomic proportions
Oxide abbreviations: System CMS (or MS), CaO-MgO-SiO2

Lithological units
anorth, anorthosite; ROC, recycled oceanic crust (basaltic composition); MORB,
mid-ocean ridge basalt; KREEP, acronym for the solidified products of the late-
stage enriched melts of the lunar magmaocean

Chondritic groups and asteroid types (see also Fig. 1)
CC, carbonaceous chrondrite group; NC, non-carbonaceous chrondrite group,

including enstatite chondrites, EC (EH and EL subgroup) and ordinary chondrites
OC (H, L and LL subgroups). The common asteroidal types (based on reflective
properties), which are mention in Section 2.1, are thought to comprise the
following chondritic material: S-type, OC; C-type, CC; E-type, EC.

Mantle and core domains, etc.
BEAMS, bridgmanite-enriched ancient mantle structures, located in the
1100–2600 depth range; CMB, core-mantle boundary; D″-zone: the lowermost
part of the mantle, approximately 300 km thickness, characterised by large radial
and lateral heterogeneities; LLSVPs, large low shear-wave velocity provinces in
the 2200–2900 km depth range; ULVZs: ultra-low velocity zones directly above
the CMB; E′-layer, stagnant outermost core layer with lower seismic velocity and
lower density than the underlying and convecting outer core; MO, (mantle)
magma ocean; BMO, basal magma ocean; EPOC, seismic reference model for
Elastic Parameters of the Outer Core; PREM, Preliminary Reference Earth Model.
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et al., 2016). The incorporation of Si at high oxygen fugacity and
magma ocean FeO content, is facilitated by very high temperatures (e.g.
Malavergne et al., 2004; Frost et al., 2008; Tsuno et al., 2013; Fischer
et al., 2016; Hernlund, 2016; Laneuville et al., 2018). Decreasing
temperatures following the accretion will inevitably lead to protracted
chemical exchange between the core and a partly solidified mantle in
the large planets (Earth, Venus) with high initial core concentrations of
Si. As inferred by e.g. Takafuji et al. (2005), Frost et al. (2010) and
Hirose et al. (2017a), the main exchange involves the dissolution of Fe-
oxides into the core, accompanied by transfer of silica crystals pre-
cipitated in the core to a basal magma ocean (BMO). Hernlund and
Geissman (2016) and Brodholt and Badro (2017) reviewed the mineral
physics and seismological constraints on a low-velocity and low density
stagnant E′-layer of the outermost core, and found that depletion of Si
and enrichment of O relative to the convecting outer core may explain
its physical properties. Such an E′-layer may thus be a direct trace of
core-BMO chemical exchange.
The magma ocean differentiation by crystal fractionation and den-

sity-driven segregation will produce early low-density cumulates and
late-stage residual melts and cumulates with high density (e.g. Elkins-
Tanton, 2012). Partially molten peridotitic and basaltic lithologies are
characterised by relatively strong partitioning of Fe to the melt and Mg
to the coexisting ferromagnesian minerals in the entire pressure range
of the terrestrial planetary mantles. The thermal buoyancy of late-stage
dense crystallisation products stored intermittently above the core-
mantle boundaries may partly lead to erosion by and entrainment into
convective mantle flow. Some of the dense products, however, might
have sufficient density to be preserved as long-lasting structures in the
thermal boundary layers in the lowermost parts of the mantles (e.g.
Labrosse et al., 2007; Steinberger et al., 2010). Such structures are
probably present and seismically observed in the D″-layer of the Earth
and may be present in other terrestrial planets. To understand the
origin of observed structures in the Earth's lower mantle, we first review
deep planetary melting, core formation and early mantle differentiation
in the terrestrial planets, with an emphasis on the Earth. Subsequently,
we discuss core-mantle chemical exchange, mainly during the solidifi-
cation of a BMO, and its potential role in generating bridgmanitic cu-
mulates with elevated Fe/Mg ratios, which may have been convectively
swept into two antipodal thermochemical piles with moderate density
excess, high bulk modulus and high viscosity (e.g. Torsvik et al., 2016).

1.2. Present structure of the Earth's lower mantle

Recent progress in seismology, mineral physics, geochemistry and
geodynamics points to important links between the structure of the
lowermost mantle and the Earth's origin, evolution and ongoing dy-
namics. The seismic structure of the D″ zone is complex, with large
radial and lateral variations, especially in shear wave velocity and
seismic anisotropy (Romanowicz, 2003; Lay, 2015; Garnero and
McNamara, 2008; Garnero et al., 2016). The amplitudes of the S-wave
velocity variation of the D″ zone are considerably larger than those in
the upper and middle part of the lower mantle (e.g. Romanowicz, 2003;
Lay, 2015). The amplitudes (RMS δVS) increases from 0.3–0.6%
through the 700–2600 km depth range to 0.7–1.5% in the lowermost
300 km. The lateral VS-variation defines two large low shear-velocity
provinces (LLSVPs) under the Pacific and Africa, separated by a high-
velocity longitudinal belt through the Arctic, Asia, Australia, Antarctica
and the Americas, constituting a strong degree-2 spherical harmonic
structure, coinciding with the residual geoid (e.g. Dziewonski et al.,
2010). Although the low VS anomalies are strongest in the lowermost
300 km of the mantle, Hernlund and Houser (2008) identified them up
to at least 700 km above the CMB. Additional ultra-low velocity zones
(ULVZs) of 10–40 km thickness with P- and S-velocity reductions of
10–30% are present directly above the CMB (e.g. Lay, 2015). Although
the distribution of the ULVZs might be irregular, they seem to be pre-
ferentially confined to the margins of the LLSVPs and especially to the

roots of large plumes (McNamara et al., 2010; French and Romanowicz,
2015; Yuan and Romanowicz, 2017).
The LLSVP margins are locally steep and seismically sharp (Garnero

and McNamara, 2008), making them favourable sites for the generation
of mantle plumes. Mantle material sinking in the wide belt between the
two LLSVPs is deflected laterally above the CMB, heated during trans-
port along this thermal boundary layer and deflected upwards in the
plume generation zones at the hot LLSVP margins (Torsvik et al., 2016).
Paleogeographic reconstructions of large igneous provinces (LIPs) and
kimberlites with ages covering the last 540My indicate that the erup-
tion sites were preferentially above the LLSVP margins (e.g. Burke and
Torsvik, 2004; Torsvik et al., 2010; Torsvik et al., 2006; Torsvik et al.,
2014). The degree-2 convection and the residual geoid, involving an-
tipodal upwelling over the LLSVPs and downwelling in the longitudinal
high-VS belt are geometrically linked to the rotation axis (e.g.
Dziewonski et al., 2010; Torsvik et al., 2016), and were possibly in-
itiated and stabilised during an early period of more rapid rotation. The
large S-wave velocity amplitude of the lowermost mantle is related to
the lateral temperature differences, but possibly also to 100–200 km
thick thermochemical LLSVP-piles (layers) with high viscosity, high
bulk modulus and slightly elevated density. Seismic discontinuities
observed at heights of 250–320 km above the CMB in regions of the
longitudinal high-velocity belt (e.g. Cobden et al., 2015; Lay, 2015)
have been attributed to the transformation of the Earth's most abundant
mineral bridgmanite (bm) to post-bridgmanite (pbm). The large posi-
tive dp/dT-slope of the bm-pbm transition will, for a given lithology,
displace the bm-pbm transition to shallower depths in regions with low
D″ temperatures. It will also promote a reverse transformation to the
high-entropy phase, bm, near the hot CMB (Hernlund et al., 2005). Pbm
has lower viscosity and bulk modulus, but higher shear modulus, than
bm (Wookey et al., 2005; Amman et al., 2010; Cobden et al., 2015;
Garnero et al., 2016; Koelemeijer et al., 2018), and ferropericlase has
also considerably lower bulk modulus and viscosity than bm (Irifune
and Tsuchiya, 2015; Marquardt and Miyagi, 2015). Cool peridotitic
material with fp and pbm, which is dominant in the longitudinal high-
velocity belt, will therefore have considerably lower viscosity and bulk
modulus than bridgmanitic material with about 16mol% of the FeAlO3
component, which may form a 100–200 km thick base layer in the
LLSVPs (Section 4.7; Deschamps et al., 2012; Ballmer et al., 2016; Mohn
and Trønnes, 2018). The density excess of the LLSVPs relative to the
longitudinal belt is inferred to be 1.0–1.5% at 2850 km depth from body
wave travel times, normal-mode splitting functions, long-period wa-
veforms and free-air gravity constraints (Ishii and Tromp, 1999; Moulik
and Ekström, 2016). Solid Earth tide tomography indicates a similar
density excess of 0.75% in the lowermost 340 km, and probably 1.5% in
the lowermost 170 km (Lau et al., 2017). Based on Stoneley mode
analysis, Koelemeijer et al. (2017) estimated a maximum thickness of
about 100 km for thermochemical LLSVP layers with slightly elevated
density. Based on mineral physics modelling using the SP12RTS to-
mography model, however, Koelemeijer et al. (2018) infer the presence
of pbm in basaltic LLSVP material up to about 300 km above the CMB
(see also Fig. 23). The stabilisation of pbm in basaltic rocks at high
temperature and relatively low pressure is broadly consistent with the
phase relations in the systems MgSiO3-FeAlO3, MgSiO3-FeAlO3 and
MgSiO3-Al2O3 (Mohn and Trønnes, 2018). The origin, positioning and
subsequent stabilisation of two antipodal and equatorial thermo-
chemical piles may be governed by a global degree-2 convection pat-
tern (e.g. Wolf et al., 2015), which might conceivably have existed since
the magma ocean stage in the early Hadean.
Suggested candidate material for dense thermochemical piles in-

clude recycled oceanic crust (basaltic composition, e.g. Hirose et al.,
2005; Koelemeijer et al., 2018), cumulates and solidified melts formed
in a melt accumulation zone at 400–500 km depth (Lee et al., 2010) or
dense cumulates from the final crystallisation of a basal magma ocean
above the CMB (Labrosse et al., 2007). From a seismic sensitivity
analysis, Deschamps et al. (2012) concluded that Fe-rich bm is the most
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suitable high-density LLSVP material. Ballmer et al. (2016) and Torsvik
et al. (2016) suggested that the LLSVPs may include lower stable cu-
mulate-based layers with overlying basaltic material, which may be
neutrally buoyant near the CMB. Basaltic material with higher bulk
modulus than ferropericlase-bearing peridotite may therefore show
lava lamp behaviour (e.g. Torsvik et al., 2016) and be entrained in hot
and rising mantle flow, before acquiring sufficient density to partially
stagnate and sink from about 1000 km depth (Ballmer et al., 2015).
Seismologists have mostly explained the ULVZ properties by par-

tially molten materials, although solid materials in the form of Fe-rich
pbm, subducted banded iron formations or FeO2Hx have been suggested
(Mao et al., 2006; Dobson and Brodholt, 2005; Liu et al., 2017). A
commonly invoked partially molten material is basaltic recycled
oceanic crust (e.g. Ohtani and Maeda, 2001; Andrault et al., 2014;
Pradhan et al., 2015; Torsvik et al., 2016; Baron et al., 2017), but
subducted slab-derived metallic melt (Liu et al., 2016) and surviving
dense residual magma ocean liquid with high Fe/Mg-ratios and in-
compatible element concentrations (Trønnes, 2010) might be alter-
natives. In spite of their limited thickness, partially molten ULVZs must
have a minimum of convective vigour in order to prevent melt-solid
gravitational separation (e.g. Hernlund and Jellinek, 2010). This may
promote ULVZ-core exchange and restrict the permissible ULVZ com-
positions to those that approach chemical equilibrium with the core.
Becker et al. (1999) and Ballmer et al. (2017) found that high-

viscosity domains in the lower mantle would be convectively ag-
gregated into large (500–2000 km diameter) blobs or BEAMS (bridg-
manite-enriched ancient mantle structures). Such structures could be
formed either as cumulates during early crystallisation in the magma
ocean(s) or as melting residues from plume-associated and deep melting
of hot, but solid, mantle shortly after the BMO solidification. In Section
4 we review how core-mantle chemical exchange during and after the
solidification of a basal magma ocean can produce neutrally buoyant
early bridgmanitic cumulates, as well as relatively bm-rich thermo-
chemical piles with elevated Fe/Mg-ratio and density. These two types
of bm-rich domains would have high viscosity and bulk modulus
compared to the ambient lower mantle.

1.3. The outermost core - a record of Hadean and Archean metal-silicate
interaction?

Chemical core-BMO exchange might be recorded by the seismic
structure of the outer core (e.g. Hernlund and Geissman, 2016; Brodholt
and Badro, 2017). Analysis of differential SmKS wave arrivals indicate a
pronounced velocity gradient (VP=VΦ) in the outermost 300–450 km
of the core (Lay and Young, 1990; Garnero et al., 1993; Helffrich and
Kaneshima, 2010; Kaneshima and Helffrich, 2013; Kaneshima and
Matsuzawa, 2015; Kaneshima, 2018) compared to that of the PREM
model (Dziewonski and Anderson, 1981). The strong velocity decrease
towards the CMB has been ascribed to a stratified and stagnant low-
velocity layer of the outermost core (ref. above; Buffett, 2010; Buffett
and Seagle, 2010; Gubbins and Davies, 2013; Hernlund and McNamara,
2015). Brodholt and Badro (2017) introduced the term E′-layer for the
presumed stagnant and gradational zone, which must have lower
density than the underlying convecting core. As an example, the
KHOMC model of Kaneshima and Helffrich (2013) involves a velocity
contrast (ΔVP) relative to PREM, varying from −0.43% at the CMB to
zero about 445 km below the CMB (e.g. Kaneshima, 2018). The mineral
physics model of Brodholt and Badro (2017), combined with the ΔVP
(KHOMC-PREM), yields a corresponding density contrast (Δρ) of
−0.98% at the CMB, assuming that the low velocity and low density in
the uppermost core are caused by Si-depletion and O-enrichment. This
is discussed further in Section 4.
Irving et al. (2018) have recently developed the new Elastic Para-

meters of the Outer Core (EPOC) seismic model, incorporating the ob-
served velocity and density gradients in the outermost core. Although
the EPOC model has higher density throughout the entire core, the ΔVP

relative to PREM is −0.87% at the CMB. If the PREM density-versus-
depth curve is displaced upwards to coincide with the corresponding
EPOC curve in the deeper part of the outer core, the CMB density deficit
of EPOC relative to the PREM-gradient would be −0.62%. Irving et al.
(2018) argue that the EPOC model is consistent with a fully mixed and
adiabatic outer core. This would require a compressible outer core alloy
with a lower bulk modulus than that of PREM. The EPOC model,
however, might not exclude the presence of a stagnant, non-convecting
E′-layer.
The very low viscosity and high thermal diffusivity of the core fluid

reduces the tendency for viscous entrainment, and Hernlund and
McNamara (2015) advocate long-term stability for a low-density stag-
nant E′-layer above the convecting core. With reference to Sreenivasan
and Gubbins (2008), they also argue that such a layer may have a
stabilising effect on the dynamo. The requirement of reduced density in
such a stagnant layer above the convecting core has been difficult to
reconcile with the fact that each of the outer core light element can-
didates, Si, O, S and C, increases the VP of the core alloy (Badro et al.,
2014; Brodholt and Badro, 2017). Si and O, however, yield the largest
and the smallest velocity increases, respectively. For the fluid outer
core, the bulk modulus is directly proportional to VP2. An EPOC model
requirement of high compressibility for the outer core alloy (Irving
et al., 2018) would therefore favour high proportion of O relative to the
other light element candidates, especially in the outermost layer. Here
we explore the consequences of chemical interactions between the core
and a basal magma ocean, assuming the presence of a stagnant outer
core layer as delineated by Brodholt and Badro (2017) and Kaneshima
(2018).

2. Mantle and core composition in terrestrial planets

Following a review of the meteoritic (asteroidal) building materials
of the terrestrial planets, we develop estimates for their present core
and mantle compositions. In a wide sense, we also include the Moon
and the second largest and differentiated asteroid, Vesta, as terrestrial
planets. A pronounced heliocentric zonation in oxygen fugacity and
composition is rooted in the original protoplanetary disc structure. In
addition, the contributions of different materials during the progressive
growth of the planetary embryos and planets were affected by disc
disruption caused by an inward, followed by an outward, migration of
the giant planets (the “Grand Tack” model). The planetary sizes and
pressure regimes also governed the average and maximum internal
temperatures of accretion and core segregation, which in turn influ-
enced the core-mantle chemical equilibrium (or approach to equili-
brium). In the largest planets, especially in Earth and Venus, the core
and mantle compositions established during the earliest Hadean max-
imum temperature stage, would therefore tend to change during the
subsequent cooling as described in Section 4. We assume that the cur-
rent CMB temperature of the Earth is 4000 K, in general agreement with
outer core temperature estimates of Anzellini et al. (2013), Hirose et al.
(2013) and Olson et al. (2015), as well as the solidus of basaltic ma-
terial determined by Pradhan et al. (2015). In comparison, Nimmo
(2015) presented a temperature estimate of 4190 K for the outermost
core.

2.1. From chondritic building materials to peridotitic mantles

Differentiated planetesimals and planetary embryos, and ultimately
the fully grown terrestrial planets, accreted initially from primitive
chondritic materials, spanning a wide range of Fe/O contents (Fig. 1).
Whereas the CI and CM carbonaceous chondrites have their entire iron
inventory oxidised, the enstatite chondrites have nearly Fe-free ferro-
magnesian minerals like olivine and pyroxenes, with iron as separate
Fe-Ni-metal alloy and sulfide. The ordinary chondrites, grouped as H
(highest Fe content), L (low Fe) and LL (lowest Fe), represent an in-
termediate range of Fe/O ratios. Recent models for planetary accretion
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predict a zonation from the most reduced enstatite chondritic material
near the Sun with progressively more oxidised material outwards (e.g.
Walsh et al., 2011; Morbidelli et al., 2012; Rubie et al., 2015b). H2O-
rich cometary material dominates in the outermost reaches of the Solar
system, where it could condense and aggregate beyond the “frost line”.
Although this initial zonation was largely disturbed by the inward and
outward migration of the outer giant planets (Walsh et al., 2011) and
the following accretion of the innermost planets, it is still roughly re-
flected in the distribution of asteroids (DeMeo and Carry, 2014) and the
icy Kuiper belt objects. The Hungaria asteroids at about 1.9 AU have the
largest proportion of E-type asteroids (enstatite-type), which are the
probable sources of enstatite chondrites and aubrites. The proportion of
the S-type asteroids, which are likely sources of ordinary chondrites,
peaks in the inner part of the main belt (2.1–3.3 AU). The relative
proportion of the C-type (carbonaceous) asteroids increases outwards
through the main belt. The increase in the proportion of carbonaceous-
like materials continues further out via the Cybele (3.3–3.7 AU) and
Hilda (3.7–4.0 AU) zones to the Jupiter Trojans (5.1–5.3 AU).
Recently acquired and compiled O-Cr-Ti-Ni-W-Mo-isotopic data

show a very distinct separation between carbonaceous and non-carbo-
naceous chondritic material (the CC and NC groups; Warren, 2011;
Dauphas, 2017). Age estimates based on the iron meteorites, which are
also divided between these two well-separated groups, indicate that the
orbital separation and establishment of the CC and NC groups occurred
1–2My after t0 during the early growth of Jupiter, before its inward
migration caused disc perturbation at 4–5My (Kruijer et al., 2017). In
terms of the O-Cr-Ti-Ni-isotopes, the Earth and Mars compositions fall
within the NC group space but in the area closest to the CC group space.
Warren (2011) used the geometrical relations in diagrams with ε50Ti

versus ε54Cr and Δ17O versus ε54Cr, with wide separation of the NC and
CC groups, to estimate that Earth and Mars contain CC-fractions of
about 25 and 5%, respectively. The early termination of Mars accretion
at the planetary embryo stage might be the main reason for its lower
CC-proportion. The geochemical modelling by Dauphas and Pourmand
(2011) indicates that 80% and 90% of Mars accreted within the first 2.9
and 3.6My after t0, respectively. The O-Cr-Ti-Ni-isotopic relations also
serve to emphasise the similar compositions for Earth and Moon and
their resemblance to enstatite chondrites, and specifically to the EH
subgroup, supporting the inference of an enstatite chondrite Earth
model by e.g. Javoy (1995), Javoy et al. (2010) and Dauphas (2017). A
recent Mo-Nd-isotopic study of Render et al. (2017) shows that the
Earth's mantle has larger proportions of s-process nuclides of these
elements than the commonly sampled EC and OC material derived from
the asteroid belt. The Earth, and presumably Mercury and Venus to an
even larger extent, may therefore comprise EC-type material which
originated closer to the Sun and is not directly represented by samples
in our meteorite collections. A high-resolution O-isotope investigation
by Greenwood et al. (2018) shows that Earth and the Moon have also
strong affinities with the aubrite meteorites (enstatite achondrites).
Wade and Wood (2016) suggested that the late Earth-impactor, Theia,
was a highly reduced Mercury-like planet or planetary embryo. As
discussed below, the incorporation of EC- or aubrite-like material into
the Earth, Moon and possibly Venus was probably accompanied by
processes that increased the Mg/Si ratio.
The isotopic data for the Vesta samples (the HED meteorites)

compiled and presented by Dauphas (2017), indicate that Vesta has
even lower ε54Cr, ε50Ti and ε48Ca than Mars and the ordinary chon-
drites (OC), and is therefore even further away from the CC composi-
tional group. Only the ureilite achondrites are compositionally further
removed from the CC group than the HED meteorites, indicating that
Vesta may have accreted from mixtures of ordinary chondritic and
ureilitic material. Vesta's composition is therefore consistent with
geochronology, indicating that its accretion and core segregation was
terminated at the planetesimal stage, within about 1My after t0
(Touboul et al., 2015), well before disc disruption (Kruijer et al., 2017).
The accretion and processing of chondritic material via planetesi-

mals and planetary embryos to form planets are complex processes,
involving impact erosion, partial volatilisation, partial melting and si-
licate-metal separation (e.g. Jacobsen et al., 2014; Rubie et al., 2015b).
Several processes might have increased the Mg/Si ratio of the planetary
bulk silicate fractions, moving the composition from “chondritic” or
“pyroxenitic” to peridotitic. Nebular fractionation stemming from for-
sterite condensation (Dauphas et al., 2015) would increase the Mg/Si
ratio of the condensate before the aggregation of dust to form pebbles
and planetesimals. At the same time, the interaction of turbulent solar
nebula gas and dust with fluctuating magnetic fields produced Ca-Al-
inclusions and chondrules. The chondrules, which have elevated Mg/Si
ratios compared to the chondrite matrix, may have partially segregated
to the disc midplane where planetesimal growth was more efficient
(e.g. Hewins and Herzberg, 1996; Caro et al., 2008). Preferential in-
corporation of Si into planetary cores under reducing conditions or at
very high temperatures, as well as repeated episodes of impact erosion
and partial volatilisation of protocrust on planetesimals and planetary
embryos, would also increase the Mg/Si ratio of the remaining mantle
silicate. Chondrule concentration and protocrustal impact erosion
would also deplete the bulk silicate planetary compositions in the most
incompatible trace elements, causing superchondritic Sm/Nd ratios and
elevated 142Nd/144Nd and 143Nd/144Nd ratios (e.g. Caro et al., 2008).
Whereas the Earth's upper mantle is peridotitic, various studies

based on mineral elasticity and seismic wave speeds have diverged in
their inferences of whether the lower mantle composition is peridotitic
or pyroxenitic (e.g. Murakami et al., 2012). Based on recent elasticity
measurements of a bm composition with 10% FeAlO3 component and
elasticity modelling of alternative mineral assemblages, Kurnosov et al.
(2017) concluded that the lower mantle is broadly peridotitic
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Fig. 1. The composition of chondrites. The inset figure shows the average
pyroxene and olivine compositions of enstatite and ordinary chondrites
(Brearley and Jones, 1998). The three main chondrite groups are abbreviated
EC (comprising the EH and EL subgroup), OC (comprising H, L and LL) and CC
(carbonaceous chondrites). In the text, references are also made to the non-
carbonaceous, NC group (comprising EC and OC). The aubrite meteorites (not
on the figure) are enstatite achondrites (melted and differentiated EC-material).
The Theia planetary embryo (10–20% of Earth's mass), causing the late Moon-
forming impact, might have had Mercury-like composition (Wade and Wood,
2016) and the O-isotope composition is aubrite-like (Greenwood et al., 2018).
Mg#=100Mg / (Mg+ Fe).
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(pyrolitic), at least in the 800–1200 km depth range. With increasing
pressure, their model results yield increasingly negative and positive
deviations from PREM for the P- and S-wave velocities, respectively.
The iron spin-pairing transition of fp might increase the deviations

further, but a reduction of the Fe3+/Fetotal ratio (and FeAlO3/FeSiO3
ratio) of bm, observed by Prescher et al. (2014) at 100–130 GPa, might
reduce the deviations. Table 2 presents our estimated major element
compositions of the cores and primitive (bulk) mantles of the terrestrial

Table 2
Planetary core and mantle compositions.

Core composition, wt%

Fe+Ni adjusted to yield 100% Core composition, atom% Bulk planetary

Fe Ni Si O S Fe Ni Si O S log fO2 (ΔIW)

Mercury 77.7 4.3 15.0 – 1.2 68.7 3.62 25.8 – 1.81 −4.56
Venus 86.2 5.3 6.2 2.3 – 77.2 4.52 11.0 7.19 – −2.41
Earth 87.9 5.5 3.6 3.0 – 79.4 4.72 6.46 9.45 – −2.21
Moon 87.9 6.75 – – 5.35 84.8 6.20 – – 8.99 −1.87
Mars 77.1 8.6 – 0.2 14.1 69.8 7.40 – 0.63 22.2 −1.36
Vesta 77.0 10.2 – – 12.8 70.6 8.90 – – 20.5 −1.10

Primitive mantle composition, wt%

SiO2 TiO2 Al2O3 Cr2O3 NiO MnO FeO MgO CaO Na2O K2O S Sum

Mercury 57.7 – 3.34 – – 0.11 0.47 30.1 2.64 0.24 – 10 99.6⁎

Venus 45.0 0.20 4.45 0.38 0.25 0.14 6.30 39.6 3.55 0.36 0.03 – 100.3
Earth 45.0 0.20 4.45 0.38 0.25 0.14 8.05 37.8 3.55 0.36 0.03 – 100.2
Moon 44.6 0.17 3.9 0.47 – 0.17 12.4 35.1 3.30 – – – 100.1
Mars 44.4 0.14 3.02 0.76 0.23 0.46 17.9 30.2 2.45 0.50 – – 100.1
Vesta 43.4 0.10 2.56 – – – 23.9 27.9 2.10 0.06 – – 100.0
⁎The Mercury sum includes a subtracted amount of O, corresponding to 10wt% S

Primitive mantle composition, normalised to cation%

Si Ti Al Cr Ni Mn Fe Mg Ca Na K Mg# Mg/Si ⁎M/S ⁎CM/S

Mercury 52.3 – 3.56 – – 0.08 0.36 40.7 2.56 0.42 – 99 0.78 0.74 0.79
Venus 37.5 0.13 4.38 0.25 0.17 0.10 4.40 49.3 3.17 0.58 0.03 92 1.31 1.30 1.39
Earth 37.9 0.13 4.42 0.25 0.17 0.10 5.67 47.5 3.21 0.59 0.03 89 1.25 1.27 1.36
Moon 38.4 0.11 3.96 0.32 – 0.12 8.93 45.1 3.05 – – 83 1.17 1.29 1.36
Mars 39.4 0.09 3.15 0.53 0.16 0.35 13.3 39.9 2.33 0.86 – 75 1.01 1.28 1.35
Vesta 39.3 0.07 2.73 – – – 18.1 37.7 2.04 0.11 – 68 0.96 1.33 1.38
⁎M=Mg+Fe+Mn+Mi+Cr+Ti, C=Ca+Na+K, S=Si+Al

References and procedures. Elements with possible core concentrations below 0.5 wt% are not included. Mercury: The core and mantle compositions were
developed from core and mantle density and size constraints (Hauck et al., 2013; Knibbe and van Westrenen, 2018) and phase relations (Morard and Katsura, 2010;
Malavergne et al., 2004, 2014; Wood and Kiseeva, 2015). Venus. Core: Si and O are chosen to lie on a vector from the Mercury (15 wt% Si, 0 wt% O) to the Earth core
composition, with the distance along the vector scaled to the FeOmantle concentrations (Mercury, Venus and Earth: 0.47, 6.30 and 8.05 wt%, respectively). Mantle:
compositions identical to Earth, except for an FeO content of 6.3 wt% (1.8 wt% lower than in Earth's mantle) from Mittlefehldt et al. (2008). By keeping the same
FeO+MgO total in Venus and Earth, the Venus MgO content was increased from 37.8 wt% (in Earth) to 39.6 wt%. Earth. Core: a composition within the Badro et al.
(2015) range, but near the low-O and high-Si end of the range (see further explanation in Table 3, caption). Because the inner core is only 4 vol% of the core and a
suggested outermost E′-layer (e.g. Brodholt and Badro, 2017) is less constrained, we assume for simplicity that the given bulk core composition is also representative
for the outer convecting core. Mantle: McDonough and Sun (1995, Pyrolite1). Moon. Core: Weber et al. (2011) used seismological data to resolve a partially molten
lowermost mantle, a liquid outer core (62 vol%) and an inner solid core. Based on their Fig. 4, with S as the dominating light element in the outer core, an inferred
CMB temperature of 1700 K (partially molten lowermost mantle), the outer core and bulk core would have 11.0 and 5.35 wt% S, respectively. This is consistent with
the mineral physics based estimate of Antonangeli et al. (2015) and recent evidence that Theia was a strongly reduced Mercury-like object (Wade and Wood, 2016;
Dauphas, 2017; Greenwood et al., 2018). Mantle: O'Neill (1991a). Mars. Core: the estimates of Khan and Connolly (2008) and Khan et al. (2018) with 22–25wt% S
and 15–19 wt% S, respectively, are higher than the 11–16wt% range of Dreibus and Wänke (1985), Lodders and Fegley (1997), Sanloup et al. (1999) and Stewart
et al. (2007). Our chosen composition with 14.1 wt% S and 0.2 wt% O, within the 11–16wt% S range, is a linear extrapolation of the eutectic compositions in the
FeNi-FeS-FeO ternary system with Fe/Ni= 9 via 6 and 16 GPa (Fig. 8) to the Mars CMB pressure of 20 GPa. Mantle: Tuff et al. (2013), based on Dreibus and Wänke
(1985). This composition has Mg# of 75, in agreement with Khan et al. (2018). Vesta, core and mantle: Toplis et al. (2013), model based on ordinary chondrites (H-
chondrite model).
Fe/Ni ratio.Mercury: 18, average ratio for kamacite in the EH chondrite group (Brearley and Jones, 1998, Table A3.32). Venus and Earth: about 16, the ratio Badro
et al. (2015) used for Earth. Moon: 13, intermediate between Mars and Earth. Mars: 9, corresponding to the FeNi-FeS-FeO ternary system in Fig. 8. Vesta: 7.6,
resulting from the model of Toplis et al. (2013).
Bulk planetary log fO2 (ΔIW): concept and calculations are described in the text. The fO2 is most sensitive to the FeOmantle concentration. The core and mantle
composition of Venus and Earth, in particular, probably evolved considerably by core-mantle chemical exchange during the Hadean (see text). The tabulated core
and mantle compositional estimates refer to the presumed present compositions.
The two right-hand columns for the cation-normalised mantle compositions indicate that the Mercury mantle composition is more silica-rich than a pyroxenite,
whereas the other mantle compositions are peridotitic. The lower parts of the mantles of Earth (lower 1100 km, about 25% of the mantle), and possibly Venus, may
contain significant proportions of large bridgmanite-enriched domains, in the form of (1) refractory blobs and/or BEAMS and (2) thin thermochemical layers with
moderately high Fe/Mg-ratio in the two antipodal LLSVPs (see text). Such domains are not accounted for in the tabulated peridotitic model compositions for the
Earth and Venus mantles.
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planets. The mantle compositions are peridotitic, except for the Mer-
cury mantle, which has very low (Mg+Fe)/(Si+Al) ratio (and “M/S”
and “CM/S” ratios in Table 2; e.g. Malavergne et al., 2010; Nitter et al.,
2011). That peculiar aspect of the Mercury mantle is likely related to
the effects of enstatite chondritic precursor materials and extremely
reducing conditions with strong partitioning of Fe into the core and
with an additional FeS-dominated CMB layer. The high Si content of the
Mercury core is insufficient to compensate for the extreme FeO-deple-
tion in the mantle.

2.2. Mantle and core compositions, Fe/O and core/mantle ratios

With some exceptions, the core/mantle mass ratios of the terrestrial
planetary bodies are closely related to the bulk Fe/O ratio. These re-
lations with rough estimates of the core and mantle (bulk silicate)
compositions are shown schematically in Fig. 2 and Table 2. Recent
spacecraft-based observations and analysis of Mercury and Vesta (e.g.
Smith et al., 2012; Russell et al., 2012), combined with steady growth
of meteorite collections and characterisation of meteorites from Mars,
Vesta and the Moon, have contributed to our insights into the structure,
composition and formation of these planetary bodies. Whereas Fig. 2 is
based on information from a range of sources, the main constrains for
Mercury, Venus, Mars and Vesta are the surface compositions from
meteorites (Mars and Vesta), infrared, X-ray, γ-ray and neutron spec-
troscopy and the moment of inertia factors (e.g. Nitter et al., 2011;
Peplowski et al., 2011; Russell et al., 2012; Smith et al., 2012). The
Moon and especially the Earth have been more extensively investigated
by sampling and geophysics. The construction of Fig. 2 and Table 2 was
aided by cosmochemical models, mineralogical and mineral physical
relations and metal-sulfide-silicate partitioning of key elements under
variable pressure, temperature and oxygen fugacity conditions. Apart
from cosmochemical models, an additional principle is that the FeO-
contents are roughly equal in the planetary mantles and their associated
surface basalts, which are generally formed by melting at 0–3 GPa. The
exchange partition coefficients KDmin/melt(Fe/Mg)= (Fe/Mg)min/(Fe/
Mg)melt (Roeder and Emslie, 1970; Trønnes et al., 1992) for olivine,
pyroxene and garnet are mostly constant at 0.3–0.5 in this pressure
range. Common basalts on Earth have about 8 wt% FeO, which is also
found in variably melt-depleted mantle peridotites with MgO-contents
covering the 35–45wt% range (e.g. Palme and O'Neill, 2003). The data
sources and procedures for estimating core and mantle compositions
are given in Table 2 and discussed further in the text.
The mantle FeO contents appear to be negatively correlated with the

core fractions (Fig. 2, inset panel, modified from Mittlefehldt et al.,
2008), reflecting an increasing availability of oxygen with increasing
heliocentric distance. The tiny core fraction of the Moon, and possibly a
slightly elevated core fraction of the Earth, is readily explained by
Earth-Theia collisional effects (see below). The accumulated core and
mantle pairs are generally removed from chemical equilibrium. This is
partly due to the heterogeneous accretion during time periods of up to
60–100Ma for Earth and Venus, combined with a high density contrast
between mantle and core materials. High temperature during the seg-
regation of core metal from silicate magma oceans did also contribute
to the presently observed chemical disequilibrium. Based on geo-
chemical comparisons of Earth, Mars, iron meteorites and other
achondrites with the non-carbonaceous and carbonaceous chondrite
groups (Warren, 2011; Kruijer et al., 2017), it is expected that the ac-
creting material for the two largest planets, Venus and Earth, inside the
1 AU heliocentric distance, changed considerably through time (e.g.
Rubie et al., 2015b).
The lunar outlier in terms of a tiny core fraction (Fig. 2) is readily

explained by accretion from a vapour- and melt-dominated disc of
ejected and largely evaporated mantle (silicate) material surrounding
the Earth after the Theia collision (e.g. Pahlevan and Stevenson, 2007;
Wang and Jacobsen, 2016). The higher FeOmantle content of about 12wt
% in the Moon compared to 8 wt% in the Earth may be related to metal-

silicate separation in a more oxidised lunar magma ocean, 60–100My
after the initial planetesimal accretion in an early H-dominated solar
nebula. An alternative or complementary mechanism is the transfer Fe-
oxides from the Earth's basal magma ocean to an O-undersaturated
protocore (Section 4). Although the Earth's mantle has higher FeO than
that of Venus, the core fraction is also slightly larger (Fig. 2). This is
consistent with more impact erosional loss of the Earth's mantle asso-
ciated with the Theia-collision.
Although the use of bulk planetary oxygen fugacity, assuming core-

mantle equilibrium, may seem unwarranted, the concept of relating the
FeO and Fe concentrations of the mantle and core, respectively, to the
iron-wüstite (IW) buffer reaction is a simple and useful measure of the
accretionary Fe/O ratio and the planetary O-content. The fO2 relative to
the IW buffer reaction: O2+2 Fe=2 FeO, can be expressed as:

=log f ( IW) 2 log (a /a ),O2 FeO
mantle

Fe
core

where aFeOmantle is the activity of FeO in the mantle, i.e. in the silicate
magma ocean.
A rough fO2 calculation for the bulk terrestrial planets (Table 2) is

based on the estimated oxide and element concentrations, by con-
verting wt% to mol-fractions. In accordance with Malavergne et al.
(2014), we assume ideal mixing of Fe in the core alloy, as well as for
FeO in the silicate when FeOmantle < 0.5 wt%. An activity coefficient of
1.1 for FeOsilicate is used for higher concentrations. Because the
aFeOmantle term covers a much wider range than aFecore, the resulting log
fO2 for the bulk mantle-core pairs is determined mainly by the former.

Fig. 2. Sizes, core fractions and mantle FeO contents of the terrestrial planetary
bodies. The core and mantle compositions are given in Table 2.
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The mantle FeO concentrations yield “bulk planetary oxygen fugacities”
for Mercury, Venus, Earth, Moon, Mars and Vesta, expressed as log
units below the IW buffer (−ΔIW), of 4.6, 2.4, 2.2, 1.9, 1.4 and 1.1,
respectively (Table 2), illustrating the increasing activity of oxygen
outwards through the terrestrial planetary zone.
In the following, we review the main constraints on the core and

mantle compositions of the terrestrial planets, summarized in Table 2.
Although the light element contents of the cores are still uncertain,
important insights are provided by (1) phase relations of some of the
key Fe-alloy systems, (2) chemical and mineralogical data for Earth and
meteorites (including those from Vesta, Mars and the Moon), (3) seis-
mological data for the Earth and Moon and the mass distribution within
the other planetary bodies. Whereas Si, S and O are probably the three
dominant light elements (references in Table 2 and e.g. Hirose et al.,
2013), C and H have been suggested as additional or even alternative
light elements in the Earth's core (e.g. Wood, 1993; Okuchi, 1997;
Ohtani et al., 2005; Iizuka-Oko et al., 2017). Iron isotopic fractionation,
however, indicates that C and H are probably not important core
components (Shahar et al., 2016). For H, this conclusion is supported by
a recent experimental study, finding very low metal-silicate partitioning
coefficients (Clesi et al., 2018). Other studies based on cosmochemistry
and phase relations also conclude that the Earth's core has negligible
concentrations of C and H (e.g. Hirose et al., 2013; Badro et al., 2015;
Fischer et al., 2015; Rubie et al., 2015b). Steenstra et al. (2017) have
recently suggested that the Moon's small core may have a significant C
content of 0.6–4.8 wt%. Our lunar core composition in Table 2, how-
ever, is based on recent evidence that the late Earth-impacting Theia
was probably strongly reduced and Mercury-like (e.g. Dauphas, 2017;
Greenwood et al., 2018), making S the most likely light element can-
didate (Wade and Wood, 2016). The lunar core segregation would have
occurred at much higher fO2 than that of the impacting body, leading to
the scavenging of S as FeS from the mantle as a "Hadean matte" (O'Neill,
1991a,b) to be incorporated in the core (Wade and Wood, 2016).
In spite of the acquisition of extensive data sets of metal-silicate

partitioning for a wide array of moderately to strongly siderophile
elements, ranging from refractory to volatile, the modelling of the T-p-
fO2 evolutionary path of core segregation in large planets like Venus and
Earth is still challenging (e.g. Walter and Cottrell, 2013). The estimated
core and mantle compositions in Table 2 refer to the current core
compositions, based on a combination of geochemical reasoning and
constraints from mass distribution and density, as well as seismology
for the Earth and Moon. Recent evidence presented in Section 4 in-
dicates considerable core-mantle chemical exchange immediately after
the magma ocean crystallisation, at least for the Earth (e.g. Torsvik
et al., 2016; Badro et al., 2016; Hirose et al., 2017a).

2.3. The extreme Mercury composition

Before the acquisition of the MESSENGER spacecraft data, it was
speculated that the large core fraction (67 wt%) and shallow mantle of
Mercury could result from impact erosion or silicate volatilisation close
to the young Sun. The high K/Th and K/U ratios measured by the
gamma-ray spectrometer, however, demonstrate that Mercury is less
devolatilised than Earth, Venus, and especially Vesta and the Moon
(Peplowski et al., 2011; McCubbin et al., 2012). Large-scale vaporisa-
tion and loss of the outer silicate portion is therefore unlikely. The high
S/Fe ratio of the crust indicates an extremely low fO2, and Malavergne
et al. (2010) and Zolotov et al. (2013) estimated ranges of 3–6 and
4.5–7.3 log units below the IW buffer, respectively. Based on the pla-
netary mass distribution and geochemical data, Hauck et al. (2013)
inferred the existence of an FeS-dominated layer at the CMB. As a
consequence, three separate liquid phases: silicate, sulfide and metal,
may have approached equilibrium at approximately 5.7 GPa, the esti-
mated CMB pressure (Hauck et al., 2013), during late core segregation.
To estimate the core composition of Mercury, we utilised this in-

formation in combination with the sulfide-metal immiscibility fields in

the 1 bar to 15 GPa range, shown in Fig. 3, based on Morard and
Katsura (2010). The positions and orientations of the equilibrium tie
lines at 4–6 GPa, reported in separate figures by Morard and Katsura
(2010), agree with our estimated core composition with 15 wt% Si and
1.2 wt% S (Table 2) in equilibrium with an almost pure FeS liquid (e.g.
Malavergne et al., 2014; slightly non-stoichiometric with 0.16mol% Si
and a Fe/S atomic ratio of 0.97; Fig. 3). A core composition with 15 wt
% Si is also indicated by the core and mantle densities and core radius
(Hauck et al., 2013; Knibbe and van Westrenen, 2018). The core and
mantle compositions are also broadly consistent with 1 GPa, low-fO2
experimental results of Malavergne et al. (2014), specifically the run
products H150 and H161, which have coexisting FeS, silicate and me-
tallic melts. To derive the Table 2 estimates, we used those run products
as a starting point and put further constraints on Smantle, Score and
FeOmantle based on Fig. 4. The upper panel from Malavergne et al.
(2004) is used to estimate the log fO2 to −4.55 (ΔIW) for 15wt% Si in
the core. The middle panel from Malavergne et al. (2014) shows the S-
content in the silicate as a function of temperature at 1 GPa for two
different fO2 ranges and as a function of fO2 at 1600–2300 K at 1 bar and
1 GPa. We estimated the S saturation level in the silicate to be about
(possibly even higher than) 10wt% at the CMB pressure of about 6 GPa
and adopted that for the mantle. This gives 1.2 wt% S in the core (upper
right-hand figure, middle panel). The lower panel from Wood and
Kiseeva (2015) is used to estimate the FeOmantle concentration to
0.47 wt%. Such a value is in agreement with e.g. the Zolotov et al.
(2013) estimate of 0.3–0.8 wt% FeO, based on MESSENGER spectro-
metry data and an inference that most of the Fe is bound in mantle and
crustal sulfides. Whereas the inferred Mercury Smantle concentration is
used to estimate the FeOmantle in the lower panel, we lack good con-
straints on the Smantle concentrations for the other terrestrial planets.
The FeOmantle contents from Table 2 are marked as grey squares on the
purple curve in the lower panel and would tentatively yield Smantle

contents of 0.2 to 0.4 wt% for the other terrestrial planets. However, the
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mantle magma oceans of those planets may not have been S-saturated,
and Fig. 4 (lower panel) represents a restricted p-T range. The oxygen
fugacity of −4.55 (ΔIW) estimated from the upper panel is nearly
identical to the direct calculation from FeOmantle and Fecore concentra-
tions (of −4.56, Table 2, Section 2.2).
The Mercury composition indicates accretion from very O-deficient

materials, like enstatite chondrite (EC) or CB chondrites (e.g.
Malavergne et al., 2014). Whereas EC materials do not have sufficiently
high metallic iron content to account for the large core, the CB chon-
drites do. The Mg# of 96–99 for the CB pyroxenes and olivines are only
slightly lower than those of the enstatite chondrites (e.g. Weisberg
et al., 2001; Weisberg and Kimura, 2010). The high abundance
(70–90 wt%) of Fe-dominated metal place the CB chondrites well above
the Femetal+sulfide/Si range for enstatite chondrites and thereby outside
the range of Fig. 1. Even so, the CB chondrites are unlikely building
materials for Mercury because they are within the CC group in terms of
the O-Cr-Ti-isotope ratios compiled by Warren (2011). A unique EC
source type present only in the innermost part of the accretion disc
seems a more likely alternative. Such source materials, orbiting close to
the Sun in the early accretion disc, might have had higher Fe-contents
than the EC parent bodies in the asteroid belt, which gives rise to the
EC-material falling onto the modern Earth. The Mo- and Nd-isotopic
compositions of the Earth's mantle, reported by Render et al. (2017),
differ from that of the sampled chondrites and indicate that the Earth,
and presumably also Mercury and Venus, have elevated proportions of
S-process nuclides, reflecting distinct EC-like material close to the Sun
(Section 2.1).
The partial replacement of O by S as a major anion in the “silicate”

portion of Mercury must involve significant amounts of rare Mg- and
Ca-dominated sulfides in the mantle and crust (e.g. Zolotov et al., 2013;
Malavergne et al., 2014). Such minerals like niningerite, (Mg,Fe,Mn)S,
and oldhamite, CaS, are also common in EC meteorites. The low
(Mg+Fe)/(Si+Al) atomic ratio (0.73, Table 2) imply that the mantle
has no olivine, but a considerable amount of quartz and coesite, in
addition to the dominant orthopyroxene and minor amounts of clin-
opyroxene, and depending on depth: plagioclase, spinel or garnet. A
primary crustal layer of magmatic graphite may be another exotic mi-
neralogical feature. Based on the extremely low oxygen fugacity and the
observation of low reflectance material covering at least 15% of the
surface, Vander Kaaden and McCubbin (2015) suggested that graphite
might have been a buoyant cumulate mineral during the magma ocean
crystallisation. Under very reducing Mercury-like conditions with S as
an additional silicate melt anion, elements which are normally litho-
phile, including U and Th, become more chalcophile and partition in-
creasingly into the coexisting sulfide melt (e.g. Wood and Kiseeva,
2015; Wohlers and Wood, 2015, 2017). The FeS layer at the Mercury
CMB might therefore represent a significant radioactive heat source.

2.4. High-T incorporation of Si, Mg and Al in planetary cores

As shown in Figs. 4 and 5, the solubility of Si in iron-dominated
metal increases with decreasing oxygen fugacity and increasing tem-
perature. The positions of the iron-wustite (IW) and silicon-silica (SS)
reference reactions in a log fO2 versus T diagram for a pressure of
20 GPa are shown in Fig. 5. The SS-reaction has a steeper slope
(stronger fO2 increase with increasing T) than the IW-reaction. A silicate
melt with a Mg# of 90, corresponding to the Earth's mantle composi-
tion (green stippled line, parallel to and about 2 log-units below the IW-
buffer), will be in equilibrium with an Fe-dominated alloy with 7 wt%
Si (blue stippled line, parallel to the SS-reaction, about 5 log-units
above the SS-buffer) at 2684 K and 20 GPa. An oxygen fugacity of about
2 log-units below the IW-reference corresponds roughly to the esti-
mated value for Earth in Table 2. During the slow crystallisation of a
basal magma ocean (BMO) in the Hadean and early Archean, the
temperature of metal-silicate equilibrium near the CMB in planets like
Earth and Venus is likely to have exceeded 5000 K (Labrosse et al.,
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2007; Laneuville et al., 2018). Although Fig. 5 represents an un-
realistically low pressure for Earth and Venus BMOs, it illustrates that
high core concentrations of Si would be possible at high temperature
and high fO2, and that the SS reaction reaches 2 log-units below the IW
reference at 5058 K and 20 GPa. The phase relations presented by
Hirose et al. (2017a) indicate that cooling of Earth's protocore, in
equilibrium with the BMO at about 136 GPa, might cause crystallisation
and floatation of silica in the core and into the basal magma ocean
where the crystals would dissolve (Section 4).
Minor amounts of MgO, Al2O3 and other oxides, commonly regarded

as non-siderophile, might also dissolve in the core if the Earth's basal
magma ocean and outermost protocore reached temperatures of about
5600 K during a late core segregation stage (Laneuville et al., 2018). The
liquid miscibility ranges in the systems Fe-MgO and Fe-AlO1.5 de-
termined experimentally by Badro et al. (2016) are reproduced in Fig. 6.
Their model, based on experimental data covering the 35–74 GPa range,
does not indicate any pressure effect on the solvus location. The AlO1.5
solubility is less than that of MgO below 8100 K, where the solubility
curves intersect. At an estimated outer protocore temperature of 5600 K
(Laneuville et al., 2018), the solubilities expressed as wt% Al and Mg are
1.3 and 2.7, respectively. At a current median temperature of the outer
core of approximately 4750 K (representing the 4000–5500 K range), the
solubilities are 0.45 and 1.3 wt% Al and Mg, respectively. If the solubility
limits are independent of pressure (Badro et al., 2016), the exsolution of
MgO and AlO1.5 would be confined to lowest temperatures in the up-
permost part of the core. This contrasts with the results of Wahl and
Militzer (2015), based on thermodynamic integration of ab initio mole-
cular dynamics simulations, indicating a positive pressure effect on the
temperatures of the Fe-MgO solvus closure of 4089, 6767, 9365 K at
1 bar, 100 GPa and 400 GPa, respectively. In Section 4.2 we review the
SiO2 solubility in Fe-dominated metallic liquid (system Fe-Si-O), which
also decreases with increasing pressure and decreasing temperature
(Hirose et al., 2017a).

2.5. Accretionary material and oxygen fugacity, Mercury-Venus-Earth

Insights into the initial composition and earliest evolution of the
Earth's core through core-mantle chemical exchange rely on general

knowledge of the provenance of the terrestrial planets and the chemical
zonation and temporal evolution of the accretion disc. An apparently
straightforward explanation for the gradient in bulk planetary fO2 from
Mercury via Venus to Earth would be that the proportion of oxidised
material increases during the prolonged accretion of Earth (and pre-
sumably Venus) due to an earlier accretionary disc perturbation by
migration of the gas giants (Walsh et al., 2011; Kruijer et al., 2017). The
end of the initial separation between the NC and CC material groups by
a proto-Jupiter orbital barrier (Warren, 2011; Kruijer et al., 2017)
would open for influx of CC and cometary material into the inner Solar
system. The accretion model of Rubie et al. (2015b) yields increasing
proportions of oxidised material during the later accretionary stages.
Recent isotope geochemical constraints, reviewed and modelled by e.g.
Dauphas (2017), predict a considerable proportion of CC-material along
with EC-type material during the initial 60% accretion of the Earth.
Thereafter, and especially during the late veneer stage (about 0.5%),
the EC-material must be dominant, implying delivery of highly reduced
materials near the end of the accretion. The latter constraint is imposed
mainly by the isotopic composition of the highly siderophile element Ru
in the mantle. The Badro et al. (2015) accretion and core evolution
model supports the scenario with relatively early addition of oxidised
material, followed by reduced fO2 during late accretion and core seg-
regation. Because the initial 60% accretion period for the Earth pre-
sumably extends considerably beyond the time of disc perturbation
(Walsh et al., 2011; Kruijer et al., 2017), the model of Dauphas (2017)
predicting relatively early influx of oxidised CC-material to the Earth,
may be in full agreement with the “Grand Tack” scenario. Although
Dauphas (2017) modelled the non EC-contribution to the Earth during
the initial 60% accretionary stage as CC-group materials, it seems likely
that some of this might also be OC-material, which is part of the NC
group of Warren (2011) and Kruijer et al. (2017). A relatively short
episode of delivery of the oxidised material within the initial 60% Earth
accretion period may be related to the limited time frame for the gas
giant migration and disc perturbation. The observation that the domi-
nant EC-like material which contributed to the Earth was isotopically
distinct, i.e. with higher proportions of s-process Mo-isotopes than the
EC and OC meteorites derived from the asteroid belt, indicates the
presence of reduced material which was unique to inner Solar system
feeding zones (Render et al., 2017).
At first sight, the dominance of EC-type material for Earth and

Venus may seem at odds with their significantly higher bulk planetary
fO2 compared to that of Mercury. Although the Dauphas (2017) model
allows for as much as 50% non-EC material during the initial 60% ac-
cretion stage, the relatively high FeOmantle content for the large planets
Venus and Earth is also facilitated by high temperature of core segre-
gation, related to extensive heat generated from gravitational
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This combined reaction proceeds towards the products with increasing tem-
perature (e.g. Malavergne et al., 2004; Tsuno et al., 2013; Fischer et al., 2016;
Hernlund, 2016; Laneuville et al., 2018), facilitating high Si-content at high fO2
in in a hot protocore. Planetary cooling, however, will lead to oversaturation of
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(potential) energy conversion (e.g. Rubie et al., 2015a). As shown in
Fig. 5, elevated temperatures enable high Si concentration in the core
combined with high fO2 and FeOmantle. During the subsequent core
cooling, the reverse migration of Si, as SiO2 crystals, out of the core,
accompanied by FeO and Fe2O3 dissolution into the core become im-
portant processes (Section 4).

2.6. S-rich cores: Mars and planetesimals

The liquidus phase relations of the binary systems Fe-Si, Fe-C, Fe-S
and Fe-O, covering wide ranges of pressure, are shown in
Supplementary Figs. S1–S4. The relations guide the light element
composition of the cores and the solids formed during possible core
crystallisation. Although we will refrain from detailed discussions of
these relations, it can be noted that the eutectic points closest to Fe
move towards Fe with increasing pressure for these binary systems,
except for the Fe-O system.
The core compositions of the iron meteorite parent bodies, as well as

Vesta and Mars, are close to the Fe-S compositional join. As shown in
Table 2 and Fig. 2, the core-mantle separation and partial equilibration
within Vesta and Mars occurred at relatively high oxygen fugacities.
The magmatic Fe-meteorite parent bodies might have experienced even
higher oxygen fugacities of 0.95 log-units below the IW buffer
(Bonnand and Halliday, 2018). At such conditions the incipient melting
triggered by 26Al-decay in small planetesimals (diameters of 500 km,
Vesta-size, to about 60 km diameter, e.g. Yoshino et al., 2003, Walter
and Trønnes, 2004; Kruijer et al., 2014) would start at the binary Fe-S
eutectic or the ternary Fe-S-O eutectic, which are both close to FeS in
composition at 1 bar (Figs. 7 and 8). Iron sulfide melt fractions of only
about 5 wt% might be able to segregate inwards by percolative flow
(Yoshino et al., 2003). Further melting would produce progressively
more Fe-rich melts, which would segregate and mix with the eutectic
FeS-rich melt. Even if there is no miscibility gap along the Fe-FeS join,
protracted crystallisation of Fe in the cores of magmatic Fe-meteorite
parent bodies would enrich the residual melts in S and P, which would
bring them into the liquid immiscibility field in the system Fe-P-S
(Fig. 9, Jones and Drake, 1983; Ulff-Møller, 1998; Chabot and Drake,
2000; Haack and McCoy, 2003).
A very large miscibility gap covers the entire Fe-FeO join and most

of the Fe-FeO-FeS compositional space at 1 bar to 6 GPa (Fig. 8).
Oxygen is therefore an unlikely core component in planetary bodies
with a CMB pressure below 6 GPa. The 1 bar gap extends to> 2773 K
over most of the Fe-FeO join, with a solvus crest of> 3000 K (e.g. Kato
and Ringwood, 1989). At 3 GPa (small inset part in the upper 1 bar
panel) and 6 GPa, the eutectic moves close to the Fe-FeS join at
40–35mol% (28-24 wt%) S. These phase relations imply that S, if
available in the accreted material, is the main light core component in
planetesimals in a relatively oxidised environment. In the pressure
range from 1 bar to 6 GPa, the high melting temperature of FeO with a
minor binary Fe-FeO eutectic at only 0.3 wt% O (at 6 GPa) and the wide
and thermally extensive liquid immiscibility field along the Fe-FeO join
(Fig. 8; Kato and Ringwood, 1989) preclude a significant O-component
in such cores. At 16 GPa the binary Fe-FeO eutectic located at about
2 wt% O and 1973 K and a reduced liquid immiscibility field, would
allow slightly more O in the cores. The eutectic applicable to the initial
melting, however, is clearly the ternary eutectic close to the Fe-FeS join
at 3–16 GPa. Fig. 8 also shows that the effect of Ni (with a Fe/Ni-ratio of
9) at 6–16 GPa is to reduce the ternary and binary Fe-FeS eutectic
temperatures and the liquid immiscibility fields. With a CMB-pressure
of about 20 GPa (Fig. 2) the Martian core might therefore have higher
O-content (e.g. Rubie et al., 2004) than that of Table 2, which is the
estimated ternary eutectic composition at 20 GPa. That estimate is also
within the 11–16wt% S range of Dreibus and Wänke (1985), Lodders
and Fegley (1997), Sanloup et al. (1999) and Stewart et al. (2007). Our
Vesta core estimate is the H-chondritic model composition of Toplis
et al. (2013). An alternative ternary eutectic core estimate at 0.1 GPa

(Fig. 8), interpolated between 1 bar and 3 GPa and assuming a Fe/Ni-
ratio of 9, yields 51, 6, 37 and 6wt% Fe, Ni, S and O, respectively (only
the Ni-free Fe-FeS-FeO phase relations are available at 1 bar). A core
composition with such high concentrations of S and O may be un-
realistic due to the bulk S content of Vesta. Initially high Score and Ocore

concentrations might have been reduced by later core addition of re-
latively pure Fe-Ni metal.

3. Early planetary melting and crystallisation of silicate magma
oceans

Here we review the melting relations of peridotite at low to mod-
erate pressures, relevant to silicate mantle melting and crystallisation in
planetesimals like Vesta, in remnants of other differentiated parent
bodies and in the shallow parts of the larger bodies, including the
Moon. The melting relations, mineral-melt Fe/Mg partitioning and
mineral-melt density relations at pressures up to the Earth's core-mantle
boundary conditions are discussed as a basis for understanding the
structure and crystallisation sequence of magma oceans. We conclude
that an extensive basal magma ocean (BMO) would likely form in the
largest planets Earth and Venus, and that such a thermally insulated
BMO might have had a life-time of 1–2 Gy, crystallising slowly from the
top towards the CMB. Such a life-time seems reasonable because the
peridotite solidus of about 4200 K at 136 GPa (Fiquet et al., 2010;
Andrault et al., 2011) is only about 200 K above the present CMB
temperature and because the secular cooling of the mantle since
2.5–3 Ga is estimated to 150–200 K (Herzberg et al., 2010; Jaupart
et al., 2015; Ganne and Feng, 2017). A protracted BMO crystallisation
period would facilitate extensive core-BMO chemical exchange as dis-
cussed in Section 4.

3.1. Heat sources

The accretion of the terrestrial planets was accompanied by global
pervasive melting resulting from three major heat sources. At the early
planetesimal stage the radioactive decay of 26Al (th: 0.7 My) was the
initiating heat source. A requirement for sufficient internal temperature
rise to cause melting and core segregation is that the planetesimals
grew to a minimum (critical) size within a maximum period of time,
about 1–3My. Walter and Trønnes (2004) performed thermal model-
ling with “canonical” 26Al/27Al initial ratio of 5 ∗ 10−5 at 4567My (t0)
and a 60 km diameter planetesimal established at t0 and t0+ 1My,
respectively. This produced a temperature rise to the 1 bar Fe-FeS-FeO
eutectic of about 1180 K (Fig. 8) in time periods of 0.12 and 0.91My, to
the 1 bar peridotite solidus of about 1373 K (Herzberg and O'Hara,
2002) in 0.16 and 1.27My and to 1765 K (i.e. 200 K below the peri-
dotite liquidus) in 0.26 and 3.0My, respectively. The latter temperature
is 67% up through the melting range from the solidus and would be
sufficient to create a large melt fraction and a magma ocean. If the
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accretion of such a planetesimal (60 km) occurred later than about 1My
after t0, a silicate magma ocean would not be generated. A larger pla-
netesimal could form later and still be able to melt extensively. The
second major heat source is the exothermic process of metal and sulfide
segregation to form the core. The inward movement of high-density
material would convert potential energy to heat (e.g. Rubie et al.,
2015a), contributing to the heating and melting of the silicate portion,
beyond the period of intense 26Al-decay. The third major heat source,
important during the gravitational runaway growth following the pla-
netesimal stage and during the giant impact stage, is collisional energy,
i.e. the conversion of kinetic energy to heat (e.g. Rubie et al., 2015a).
Additional tidal (frictional) heat evolution might have been significant
for the Earth-Moon system shortly after the Theia-Earth collision. The
rotational energy associated with higher Earth rotation rate has largely
been dissipated by the Earth-Moon tidal heat evolution, increasing the
Earth-Moon orbital distance and reducing the lunar orbital speed.

3.2. Peridotite melting relations at low pressure

The melting phase relations involving peridotitic and basaltic model
compositions at 1 bar and 1–1.5 GPa pressure are shown in Figs. 10 and
11. The 1 bar diagrams illustrate the silicate melting and magma ocean
crystallisation in small planetesimals. Even in a larger planetesimal like
Vesta with a CMB pressure of about 0.1 GPa, the 1 bar relations are
representative for a major proportion of the mantle. The low pressure

crystallisation sequence of a peridotitic magma ocean will be olivine
(ol), followed by orthopyroxene (opx), and then by plagioclase (pl) and
clinopyroxene (cpx). That sequence also applies to the lunar magma
ocean.
The deep crust and uppermost mantle of Vesta have been sampled

by intrusive cumulate-type eucrites (basaltic compositions) and dio-
genites (opx-dominated cumulates) which are exposed within the Rhea
Silvia and Venenia crater regions of the southern hemisphere (Russell
et al., 2012; De Sanctis et al., 2012; McSween et al., 2013). The
abundance of opx-cumulates, also present in the polymict howardite
breccias, contrasts with low-pressure mafic and ultramafic cumulate
sequences on Earth, which are rarely dominated by opx. Insights into
these liquidus phase relations are provided by Figs. 10 and 11. The
voluminous mid-ocean ridge tholeiites, as well as many other tholeiites,
e.g. in flood basalt provinces, are generated in equilibrium with spinel
lherzolite minerals in the uppermost mantle, e.g. at 1.5 GPa (Fig. 10).
The melt, marked as BE (basalt-Earth) in the lower figure panel, is in
equilibrium with ol, opx, cpx and spinel at 1.5 GPa, where the liquidus
phase volumes of ol and pl are reduced relative to those of spinel and
cpx. When such a melt migrates to shallow magma chambers, mostly
near the Moho, the BE melt composition is well inside the expanded
liquidus volume of ol, illustrated by the 1 bar diagram. The crystal-
lisation sequence will then be ol, followed by ol+ pl and then
ol+ pl+ cpx, indicated by the green, blue and purple arrows in the
1 bar diagram.
Partial melting in the low-pressure mantle of Vesta, however, will

produce the more silica-rich composition BV (basalt-Vesta; Fig. 10,
1 bar diagram; Fig. 11) in equilibrium with ol, opx, cpx and pl. Even if
that melt may also migrate towards the surface, it will not experience a
significant change of pressure and liquidus phase relations. A simple
analysis of the phase relations in Fig. 11 illustrates the dominance of
opx cumulates (diogenites) on Vesta. Extensive melting of the mantle
will produce mixed magmas from the ternary ol-opx-pl peritectic at
1260 °C and the binary ol-opx peritectic at 1570 °C, following elim-
ination of pl. Crystal fractionation of such magma mixes, illustrated by
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the “BV, mixed melt” composition, will involve minor olivine subtrac-
tion before the melt composition reaches the nearby peritectic curve at
“a”.
The further crystallisation depends on whether ol crystals are either

available for dissolution in the melt or unavailable. If ol is available, the
melt will evolve along the peritectic curve towards “b”, crystallising
opx and dissolving ol. In a closed model system the melt composition at
“b” is co-linear with the enstatite (En) and bulk (“BV, mixed melt”)
compositions. Further fractionation will therefore involve only opx
subtraction towards “c”, from where opx+pl crystallise. In an open
system where the early olivine crystals are physically prevented from
equilibrium with the melt, the fractionation from “a” would involve
only opx, causing the melt to move along an opx fractionation vector
towards “d”. The simplified phase relations illustrated in Figs. 10–11
demonstrate how low-pressure melting and crystallisation in planete-
simals may yield opx-dominated cumulates (e.g. diogenites at Vesta),
whereas melting at moderate to high pressure in larger planets, fol-
lowed by fractionation in shallow magma reservoirs, will mostly pro-
duce dunitic, troctolitic and gabbroic cumulates.

3.3. Peridotite melting relations at high pressure

The p-T diagram in Fig. 12, displaying the approximate liquidus
phase relations of peridotite in the 2–36 GPa pressure range, illustrates
the changes of liquidus phases through the upper mantle, transition
zone and the upper part of the lower mantle to a depth of about 930 km
(e.g. Zhang and Herzberg, 1994; Walter, 1998; Herzberg and O'Hara,
2002; Trønnes and Frost, 2002; Ito et al., 2004). Olivine is the first

liquidus phase throughout the upper mantle and is replaced by garnet
(ga) at pressures above about 14 GPa. In the uppermost mantle, opx and
cpx are the second and third crystallising phases, respectively. The
aluminous phases pl and spinel are stable up to the solidus at about 1
and 2.5 GPa, respectively, but melt away at minor T-increments above
the solidus (e.g. Herzberg and O'Hara, 2002; not shown in Fig. 12).
From about 2.5 GPa, ga appears at and above the solidus and its pro-
portion and thermal stability within the melting range increases greatly
towards 14 GPa, where it overtakes ol as the first liquidus phase. The
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proportion of the majorite component from pyroxene dissolution into
ga increases greatly from 7 to 14 GPa. The two separate pyroxenes also
merge into one cpx-structured phase in this pressure range. The tran-
sition zone subsolidus mineral assemblage is about 40% ga and 60%
wadsleyite (wd) or ringwoodite (rw), and wd is the second mineral to
crystallise after ga from a cooling peridotite magma. Ca-perovskite
(cpv) appears as a minor subsolidus phase at about 19 GPa along the
present geotherm and reaches the solidus in the lowermost transition
zone and uppermost lower mantle (Fig. 12). Ferropericlase (fp) appears
in the melting range with ga at 21–22 GPa and becomes the first li-
quidus phase in the 22–31 GPa range, being replaced by bridgmanite
(bm) above 31 GPa (Ito et al., 2004). Although cpv remains near the
solidus in the uppermost part of the lower mantle, its thermal stability
increases with pressure, and it is the first liquidus phase in basaltic
compositions throughout the lower mantle pressure range (Hirose and
Fei, 2002; Andrault et al., 2014; Pradhan et al., 2015; Tateno et al.,
2018).
LH-DAC melting experiments on natural peridotite and basalt

compositions, using TEM and field-emission EMPA of sectioned run
products, are diagnostic in terms of the crystallisation sequence. These
studies agree that the crystallisation sequence of natural peridotite is
bm, followed by fp and then cpv, at pressures above 30–40 GPa (Fiquet
et al., 2010; Andrault et al., 2011; Tateno et al., 2014; Nomura et al.,
2014). Experiments in the 143–179 GPa range also demonstrate that
post-bridgmanite (pbm) is the first liquidus phase, followed by fp at
lower temperatures (Nomura et al., 2011; Tateno et al., 2014). For
basaltic melt compositions in the lower mantle pressure regime, the
crystallisation sequence is cpv, followed by stishovite or modified
stishovite (β‑stishovite, CaCl2-structured) and then bm (Andrault et al.,
2014; Pradhan et al., 2015; Tateno et al., 2018). At pressures exceeding
108 and 123 GPa, the crystallisation sequence is cpv-bm-silica and cpv-
pbm-silica, respectively (Tateno et al., 2018). Seifertite might replace
β‑stishovite (CaCl2-structured silica) as the silica phase near the solidus
in the lowermost mantle. Based on multianvil experiments, Hirose and
Fei (2002) found that cpv and stishovite crystallise almost simulta-
neously at 23–24 GPa, but that cpv is clearly the first liquidus phase,
preceding stishovite at slightly higher pressures of 25–28 GPa.

3.4. Melting relations in the CaO-MgO-SiO2 systems, 24–136 GPa

The acquisition of experimental and ab initio computational data on
the melting relations in the system CaO-MgO-SiO2 (CMS) is a useful
approach to develop a more comprehensive thermodynamic model
applicable to melting and crystallisation in the pressure regime of the
Earth's lower mantle. This ternary system includes the main end
members for the three lower mantle peridotite phases, bm, fp and cpv.
In a basaltic mineral assemblage the CMS-phases bm, cpv and a silica
mineral comprise about 75mol%, even if the bm composition may have
about 20, 10 and 7mol% of the FeAlO3, FeSiO3 and Al2O3 components,
respectively.
Based on multianvil experiments to establish the melting relations

in the MS system at 16–26 GPa, Liebske and Frost (2012) developed a
thermodynamic model, using it to predict the pc-bm eutectic melt
composition through the lower mantle pressure range. The observed
MgO content of eutectic melts, including the ol-enstatite and wd-ma-
jorite eutectics, increases from 52 to 57mol% in in the 4 to 26 GPa
range, and the model predicts a further rise to 60mol% MgO at 80 GPa,
followed by nearly constant composition in the 80–136 GPa range. The
pc-bm eutectic (pc: periclase) in the MS-system is therefore slightly
more silicious and magnesian than peridotite compositions at 24 and
136 GPa, respectively (Fig. 13, upper panel). A compositional crossover
between bulk peridotite and the predicted pc-bm eutectic with 58mol%
MgO (for the MS-system) at 30–40 GPa implies that partial melts of

Fig. 13. Top: Liquidus phase relations in the system MgO-SiO2 based mainly on
de Koker et al. (2013), with the pc-bm-eutectic composition at 24 GPa adjusted
to the Liebske and Frost (2012) result (see text). Bottom: Inferred liquidus
phase relations in the system CMS (CaO-MgO-SiO2). The solidus mineral com-
positional ranges are shown as blue fields. The binary MS-eutectics are trans-
ferred from the upper panel and the MgSiO3-CaSiO3 join at 24 GPa is based on
Nomura et al. (2017). The more limited solid solution on the MgSiO3-CaSiO3
join from Jung and Schmidt (2011) is also indicated (dark blue). Abbreviations
for the basaltic composition (MORB) references: HF03, Hirose and Fei (2003);
A-2014: Andrault et al. (2014); P-2015, Pradhan et al. (2015). The MORB
ranges of the binary diagram cover those three compositions. To display the
natural peridotite and basalt compositions in a meaningful way we merged
cations (or oxides). Cation% is equivalent to oxide% when using one-cation
oxides (e.g. CaO, AlO1.5 and NaO0.5). In the binary diagrams we show the
compositions as Si versus Mg+Fe, as well as Si+Al versus the sum of the other
cations. For peridotites the difference is minor, and the dark and light green
bars are slightly wider than the range. For the MORB compositions, however,
the wide bar at high “SiO2” represents the Si versus Mg+Fe range for the three
samples, whereas the narrow bar at low “SiO2” represent the same sample range
for Si+Al versus the sum of other cations. Because the MORB compositions
include as much as 16mol% Ca+Na+K and fall within the liquidus field of cpv
in the system CaO-MgO-SiO2, their positions in the binary diagram are some-
what irrelevant, but they are included for completeness. In the ternary diagrams
the peridotite and basalt compositions are calculated by assuming that mol%
Ca, Mg and Si are represented by Ca+Na+K, Mg+Fe+Mn+Ni+Cr+Ti and Si+Al,
respectively.
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peridotite will have a slightly higher (Mg+ Fe)/Si ratio than bulk
compositions and solid residues in most of the Earth's lower mantle. The
ab initio theoretical study of de Koker et al. (2013) determined the
positions of the pc-bm and bm-silica eutectics in the MS system and
obtained pc-bm eutectic compositions very similar to those of Liebske
and Frost (2012). The experimental LH-DAC results of Ohnishi et al.
(2017) are also in general agreement with Liebske and Frost (2012) and
de Koker et al. (2013).
Although the difference between the pc-bm eutectic composition of

de Koker et al. (2013) and Liebske and Frost (2012) is very small for the
136 GPa eutectic, Liebske and Frost (2012) determined a composition
of 43.2mol% SiO2, versus 40.6 mol% in de Koker et al., for the 24 GPa
eutectic. The pc-bm eutectics in Fig. 13 are adjusted to the Liebske and
Frost (2012) results for two reasons. The multianvil experiments at 24
and 26 GPa establish the position of that eutectic, and by using the
24 GPa eutectic of de Koker et al. (2013), the pyrolite composition, in
particular, would be inside the liquidus field of bm, which is clearly not
the case at 24 GPa (Fig. 12). The cotectic boundaries in our predicted
CMS system diagrams at 24 and 136 GPa, shown in the two lower pa-
nels of Fig. 13, are based on the MS system eutectics in the upper panel
and adjusted to the transposed compositions of the two peridotite
compositions (pyrolite and a slightly melt-depleted KLB-1 composition)
and the mid-ocean ridge basalt (MORB) compositions used in the
melting experiments of Hirose and Fei (2002), Andrault et al. (2014)
and Pradhan et al. (2015). The bm-cpv cotectic at 24 GPa is also con-
strained by the Nomura et al. (2017) results for the MgSiO3-CaSiO3 join.
As described in Section 3.3, the peridotites fall within the liquidus fields
of fp and bm at 24 and 136 GPa, respectively. At 24 GPa the basaltic
compositions of Hirose and Fei (2002) is close to co-saturation of the
primary liquidus mineral, cpv, with stishovite. At the higher pressures
of 58 and 101 GPa, however, the TEM-images of the sectioned run
products of Pradhan et al. (2015) demonstrate a clear and consistent
crystallisation sequence of cpv, followed by stishovite or β‑stishovite
and then bm, down the T-gradient.

3.5. Mineral-melt density relations and Fe/Mg-partitioning, 24–136 GPa

As shown in Fig. 13, the Mg/Si ratios of bulk peridotites and their
partial melts are similar throughout the lower mantle (LM). This is in
contrast to the upper mantle and transition zone, where basaltic, pi-
critic and komatiitic melts from peridotite have strongly to slightly
reduced Mg/Si ratios relative to bulk peridotites. In the systems MS-FeO
and CMS-FeO the (Mg+Fe)/Si ratio in melts and residues will vary
approximately as the Mg/Si ratio in the system MS. Further constraints
on the pc-bm-cpv and bm-silica-cpv eutectics in the system CMS by LH-
DAC experiments and first principles atomistic computations are still
needed.
The solid-melt density relations are of fundamental importance for

planetary differentiation and magmatic processes in the widest sense.
At low pressure, melts are generally more voluminous than solids of
comparable or identical composition. A remarkable anomaly is the
unary system H2O at 1 bar, where ice is less dense than water due to the
charge-polarised nature of the H2O-molecule. Because melts are gen-
erally more compressible than solids, they might ultimately densify to
overcome the density of the coexisting (residual) solid. Solids, on the
other hand, tend to undergo densifying phase transitions. The wide
pressure range of the peridotite minerals bm, fp and cpv through the
Earth's lower mantle above the D″-zone could, in principle, be con-
ducive to a melt-solid density crossover. The issue has recently been
addressed for Fe-free systems by e.g. Stixrude and Karki (2005),
Stixrude et al. (2009), Murakami and Bass (2011), Ghosh et al. (2014)
and Baron et al. (2017). Petitgirard et al. (2015) measured the density
of MgSiO3 bm and glass by an X-ray absorption method in the DAC, and
Ghosh and Karki (2016) conducted ab initio molecular dynamics cal-
culations to determine the density of pc and a range of fp and melt
compositions in the system MgO-FeO. The upper panel of Fig. 14, based

on these studies, shows that in the MS system at 4000 K, bm and pc
remain denser than MgSiO3 and MgO melts, respectively, through the
lower mantle pressure regime. However, the solid-melt density differ-
ences decrease steadily with increasing pressure, and at 136 GPa
(CMB), the density differences are 1.5 and 2.9% for the bm-melt and pc-
melt pairs, respectively. At 80 GPa (1860 km depth, approximately mid-
LM) the corresponding differences are 2.8 and 3.6%.
Even without a solid-melt density inversion in Fe-free systems, the

strong partitioning of Fe and Mg between melt and the ferromagnesian
minerals, bm and fp, will induce a density crossover within the pressure
range of the Earth's lower mantle. At transition zone and uppermost
lower mantle pressures of 14–26 GPa, the KDmin/melt(Fe/Mg) is 0.2–0.6,
but mostly within the narrower 0.3–0.6 range for wd, ga and bm (e.g.
Trønnes et al., 1992). The lower panel of Fig. 14 shows a clustering of
multianvil-based KDmin/melt(Fe/Mg) values of 0.4–0.6 for garnet, fp and
bm in the 23–33 GPa range. The LH-DAC investigation by Nomura et al.
(2011) on an Al-free olivine composition gave KDbm/melt(Fe/Mg) values
of 0.2–0.3 in the 35–75 GPa range with a strong decrease to about 0.07
at 70–80 GPa. Although their suggestion that the strong KD decrease is
related to an iron spin transition in the melt is disputed, the Tateno
et al. (2014) study of the KLB-1 peridotite composition also gave a

Fig. 14. Top: Densities for MgSiO3 bridgmanite (bm) and melt and for MgO
periclase (pc) and melt calculated for 4000 K in the 30–150 GPa range. Based on
experimental and ab initio computational results from Petitgirard et al. (2015)
and Ghosh and Karki (2016). The small inset figure shows the boundary be-
tween the fields of rising and sinking peridotite melts as a function of KDbm/
melt(Fe/Mg) and p (Petitgirard et al., 2015). Bottom: Fe/Mg-partitioning be-
tween minerals and melt in peridotitic and basaltic bulk compositions at
20–180 GPa. An Al-free composition in the form of natural olivine (Mg# 89)
from the KLB-1 peridotite was used for the Nomura et al. (2011) experiments.
The KDbm/melt(Fe/Mg) value for a peridotitic bulk composition decreases to
about 0.1 at 70–80 GPa. The inset panel above indicates neutral buoyancy be-
tween peridotitic melts and bridgmanite-dominated residues at 72 GPa.
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strong, but more gradual, decrease from about 0.3 to about 0.1 in the
35–85 GPa range. Nomura et al. (2011) and Tateno et al. (2014) de-
termined KDmin/melt(Fe/Mg) values for pbm of 0.04–0.08 at
140–180 GPa. Andrault et al. (2012) measured simple Dbm/melt(Fe)
coefficients based on experiments on peridotitic (chondritic) composi-
tions with synchrotron-based XRF. One of their run products from an
80 GPa experiment, analysed by EPMA, is reproduced in Fig. 14. The
KD-value slightly below 0.3 is in the upper range of the Nomura et al.
(2011) data in the 40–70 GPa range. The KDbm/melt(Fe/Mg) for basaltic
bulk compositions, measured in run products from multianvil and LH-
DAC experiments by Hirose and Fei (2002) and Pradhan et al. (2015),
respectively, confirm a steady decrease from 0.4–0.5 to 0.1–0.2 in the
28–101 GPa range (purple curve in Fig. 14, lower panel). The basaltic
composition KDbm/melt(Fe/Mg) values are higher than the peridotite
values. This may largely be related to bm crystallisation well below the
liquidus (after Ca-perovskite and silica crystallisation) in the basaltic
compositions and to the fact that the Fe/Mg ratios of bm and fp con-
sistently increase from the liquidus to the solidus, as demonstrated by
multi-anvil experiments (e.g. Herzberg and Zhang, 1996; Trønnes,
2000; Trønnes and Frost, 2002). With bm crystallisation restricted to
near-solidus conditions, the analysed bm crystals might inevitably be
intermediate between super-solidus crystal with low Fe/Mg ratio in
chemical equilibrium with the analysed melt pools and solidus crystals
with high Fe/Mg, in incomplete equilibrium with the melt. We also
suggest that some of the higher KDmin/melt(Fe/Mg) values for peridotitic
compositions might be affected by electron or X-ray beams that par-
tially activated two neighbouring phases, i.e. mineral and quenched
melt. Partial overlap would be difficult to eliminate completely in tiny
LH-DAC cells, especially with conventional EMP (without field emis-
sion) and synchrotron-based XRF analyses, and would always distort
the KDmin/melt values towards unity.
Petitgirard et al. (2015) evaluated the consequences of various

KDbm/melt(Fe/Mg) values for bm-melt neutral buoyancy at various
depths in the Earth's lower mantle (Fig. 14, right-hand inset panel).
Based on a KDbm/melt(Fe/Mg) value of about 0.1 at 70–80 GPa in a
peridotitic (pyrolitic) bulk composition from Tateno et al. (2014), the
neutral buoyancy level in the Earth is likely at about 1700 km depth
(72 GPa). As early cumulates crystallise in the middle of the lower
mantle, increasing the (Fe/Mg)melt ratio the neutral buoyancy level
might be displaced to a slightly shallower level. However, the density
relations between lower mantle solid peridotite mineral assemblages
and melt are also affected by the gradual spin transition in fp starting at
about 70 GPa along an ambient mantle adiabat (e.g. Fei et al., 2007;
Komabayashi et al., 2010; Holmström and Stixrude, 2015), as well as
the complex crystal chemistry of bm. Iron is dominantly incorporated as
the bm components Fe3+A-HSAlBO3 and Fe2+A-HSSiBO3, where A, B and HS
indicate the large irregularly coordinated A-site, the regular octahedral
B-site and high-spin state, respectively. The incorporation of consider-
able amounts of Al in bm (almost all the Al present in peridotites) ap-
pears to drive the redox reaction which is required for incorporation of
the crystal-chemically favourable Fe3+A AlBO3-component (Section 5.4).
Because subsolidus bm in peridotitic and basaltic lithologies have
(Si+Al)≥ 1 (2-cation formula basis) and commonly also Al≥ Fetotal,
the Fe3+A Fe3+B O3 component is generally absent, whereas the AlAAlBO3
and Fe2+A SiBO3 components are present. Both Fe3+ and Fe2+ will
therefore remain as A-site, high-spin Fe through the entire mantle (e.g.
Potapkin et al., 2013; Lin et al., 2016; Mohn and Trønnes, 2016; Mao
et al., 2017). In some experiments in which bm was synthesised from
gels or glasses, the additional AlAFe3+B-LSO3 configuration was recorded
spectroscopically (Catalli et al., 2011; Fujino et al., 2012, 2014), pos-
sibly related to metastable trapping of B-site, low-spin ferric iron (Mohn
and Trønnes, 2016). This may also explain the increasing KDbm/fp(Fe/
Mg) values at pressures exceeding about 100 GPa (Sinmyo and Hirose,
2013; Piet et al., 2016).
A few studies of relevant Al-bearing peridotitic and basaltic model

compositions include analyses of ferric and ferrous iron in bm. Nakajima

et al. (2012) parameterised the available data to yield an equation for
Fe3+ as a function of Al and Fetotal, making it possible to estimate the
Fe3+ content in datasets with poor or lacking Fe3+ determinations. In
peridotitic bm the Fe3+/Fetotal ratios are 40–60% for Al and Fetotal cation
contents of 4–10 and 9–10 cations, respectively, for 200 cation formulas.
The maximum Fe3+/Fetotal ratio in basaltic bm with about 36 Al-cations
and 25 Fe-cations may be about 70%. Prescher et al. (2014), who per-
formed experiments on a peridotitic mineral assemblage synthesised
from an oxide mix in a multianvil press at 25 GPa, recorded a rise in the
FeSiO3-component (from 4.8 to 6.4mol%) and decrease in the FeAlO3-
component (from 4.8 to 2.9%) in bm in the 80–100GPa range, without
any significant change in the KDbm/fp(Fetotal/Mg) of about 0.5. A de-
creasing Fe3+/Fetotal ratio in bm might be related to the reaction:

+ = +2 FeAlO Fe Al O 3 FeO3
bm metal alloy

2 3
bm fp

combined with Fe-Mg exchange between fp and bm:

+ = +FeO MgSiO MgO FeSiOfp
3

bm fp
3

bm

Although there is some uncertainty regarding possible variations in
the KDbm/fp(Fetotal/Mg) value and Fe3+/Fetotal ratio through the lower
900–1100 km of the mantle, the resulting variations in the peridotite-
melt Fe/Mg-partitioning and density relations are likely to be minor.

After Fe-enrichment in magma
ocean: crystallisation of �oating
  plagioclase cumulates

Earliest cumulates:
ol-cpx-opx (sinking)

ol-opx

cpx-ilm

KREEP

plag/anorth

Schematic lunar magma ocean crystallisation, two stages

Fig. 15. Schematic illustration of the crystallisation of the lunar magma ocean.
Abbreviations: ol, olivine; cpx, clinopyroxene; opx, orthopyroxene; plag, pla-
gioclase; ilm, ilmenite; anorth, anorthosite, KREEP: residual melt enriched in
incompatible elements, including K, REE (rare-Earth elements) and P. The se-
quence of crystallisation is: ol-opx-cpx, followed by plag and cpx-ilm. The cpx-
ilm-cumulates and solidified KREEP-material have high densities and did likely
cause overturn (inversion) of the magma ocean cumulate layers, resulting in
convection and partial melting, possibly related to some of the Mare basalt
volcanism.
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3.6. Magma ocean crystallisation and dense cumulates

In situations where the dT/dp-slopes of liquid peridotite adiabats are
less steep than the dT/dp-slope of the curved and locally inflected peri-
dotite liquidus, planetary magma oceans will crystallise from the bottom
towards the surface (e.g. Walter and Trønnes, 2004). During the crystal-
lisation sequence, density crossover between certain liquidus minerals
and coexisting melt may develop, especially as the Fe/Mg-ratio of the
melt increases during the crystallisation. A classic example is the plagio-
clase crystal floatation in the lunar magma ocean, recognised immediately
after the Apollo 11 mission (Fig. 15; Smith et al., 1970; Wood et al., 1970;
Grove and Krawczynski, 2009). The primary lunar anorthositic crust is
still partly intact. The impact of Apollo-related petrological investigations,
documenting the existence and crystallisation sequence of planetary
magma oceans, has been profound. The bottom to top crystallisation of a
magma ocean will generally lead to the final solidification of residual and
dense (high Fe/Mg-ratio) melts at shallow levels in the planetary mantle.

In the Moon, this resulted in shallow-level clinopyroxene-ilmenite-rich
cumulates (source of later high-Ti basalts) and residual KREEP-material.
Upon cooling and thermal contraction of the lunar interior, such an “in-
verted” density-profile could induce gravitational instability, sinking of
dense cumulates and mantle convection episodes (e.g. Elkins-Tanton,
2012), possibly associated with mare basalt magmatism. At the higher
pressures in Earth and Venus, the peridotitic melt adiabats may be sub-
parallel to melting curves, as shown in Fig. 16 (Stixrude and Karki, 2005;
Mosenfelder et al., 2007, 2009; Stixrude et al., 2009). Upon cooling of a
terrestrial magma ocean, with this scenario, the liquid adiabats may in-
itially intersect the liquidus at a mid-mantle neutral buoyancy level,
causing two separate magma oceans (Fig. 16). The outer magma ocean
and the basal magma ocean (BMO) will crystallise from the bottom and
from the top, respectively, and the residual liquids collecting near the
surface (as in the Moon, Fig. 15) and at the CMB will develop increasing
Fe/Mg-ratios and density as crystallisation proceeds. During the early
stages of crystallisation of the outer MO, moderately Fe-enriched melts
might have drained through the early cumulates near the neutral buoy-
ancy level, lifting them slightly to expand the BMO volume. A preexisting
convection pattern of spherical harmonic degree-2 might have swept late-
stage Fe-rich cumulate piles formed directly above the CMB into incipient
LLSVP-layers (Labrosse et al., 2007; Torsvik et al., 2016).
Early theoretical studies based on experimental data established

that komatiitic melts in equilibrium with peridotitic residues would also
be neutrally buoyant with olivine (and pyroxenes) at about 300–350 km
depths and therefore sink in the 350–410 km depth range (Stolper et al.,
1981; Nisbet and Walker, 1982; Herzberg, 1984). This scenario, eval-
uated further by Lee et al. (2010), is shown in Fig. 17, left panel. In the
three largest terrestrial planets, Earth, Venus and Mars, a melt accu-
mulation zone would consequently be centred at depths corresponding
to 14–15 GPa. This internal magma ocean would crystallise olivine and
pyroxenes at the top (partly by floatation) and garnet and wadsleyite at
the bottom (partly by sinking). The evolving residual melt would
steadily increase its Fe/Mg ratio, reflected also by the last cumulate
crystals. After cooling and thermal equilibration with the surrounding
mantle, such residual cumulate piles at 410, 450 and 1100 km depths in
Earth Venus and Mars, respectively (Khan and Connolly, 2008; Aitta,
2012), would have sufficient excess density to sink to the CMB. In the
Earth and Venus, such material might either add to the dense cumulates
formed in-situ above the CMB or, more likely, be dissolved in a long-
lived basal magma ocean (BMO).
The crystallisation scenarios for magma oceans in planets like Earth

and Venus, with mantle pressure ranges exceeding 100GPa, will likely
include a BMO, established after the initial crystallisation of bm from a
neutral buoyancy level of 72–80 GPa (1700–1860 km depth) for the
Earth. Because of the smaller size, lower pressure regime and lower
FeOmantle content in Venus, its neural buoyancy level would be deeper
and a BMO would be more restricted. The neutral buoyancy would result
from the small density difference between pure MgSiO3 bm and glass and
a KDbm/melt(Fe/Mg) below 0.1 at pressures exceeding 80 GPa (Fig. 14;
Tateno et al., 2014; Petitgirard et al., 2015). Fig. 17 (right hand panel)
summarises broadly the entire magma ocean cumulate stratigraphy in
such large planets. Early crystallisation of Mg-rich bm, which is the first
liquidus phase (Figs. 12 and 13), is expected at the neutral buoyancy
level. The cotectic between bm and ferropericlase (fp) is close to a
peridotitic bulk composition of the initial magma ocean, and a moderate
amount of bm crystallisation will gradually increase the liquid
(Mg+Fe)/(Si+Al) ratio, moving the composition towards saturation
with ferropericlase. Transfer of SiO2 from the core to the BMO and FeO in
the opposite direction, which is a likely scenario discussed in Section 4,
would extend the crystallisation of bm as the liquidus phase.
The efficient thermal insulation of a BMO, overlain by a solid

mantle dominated by cumulates of MgSiO3-enriched bm at
1500–1700 km depth and peridotitic cumulates at shallower levels, will
prolong the high-temperature regime for the core and extend the BMO
life-time (e.g. Labrosse et al., 2007; Laneuville et al., 2018). This will
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facilitate protracted core-mantle chemical transfer driven by a partial
approach towards equilibrium between the protocore, BMO melt and
bm and fp, crystallising at or near the top of the BMO. The timescale of
the solidifying BMO is not firmly established, but it might have lasted
through the Archean. A residual BMO could therefore have extended
into the period of modern plate and Wilson cycle tectonics, starting at
about 3 Ga (e.g. Shirey and Richardson, 2011).

4. Core-mantle interaction and D″ structure and dynamics

Core-segregation and (partial) equilibration between protocores and
magma oceans at high temperatures in large terrestrial planets like

Earth and Venus would have displaced the equilibrium:

+ = +SiO 2Fe 2FeO Si2
sil met sil met

towards the product side, allowing extensive dissolution of Si into the
core at relatively high oxygen fugacities and FeO concentrations in the
silicate melt (e.g. Malavergne et al., 2004; Frost et al., 2008; Tsuno
et al., 2013; Fischer et al., 2016; Hernlund, 2016; Laneuville et al.,
2018). Cooling and slow crystallisation of a basal magma ocean (BMO)
would reverse the equilibrium towards the reactants, making the core
saturated with Si and undersaturated with O. This is the basis for the
core-BMO chemical exchange to be reviewed in this section.

4.1. Core-mantle disequilibrium and exchange

Core-mantle interaction in the largest terrestrial planets, Earth and
Venus, which experienced protracted accretion and high-temperature
magma ocean processes on time scales exceeding 60–100My, may be
significant. During the BMO life-time, such interaction is expected to
occur at a significant rate, changing the chemical composition of the
protocore and the lowermost mantle. Even today the thin ultra-low
velocity zones might represent partially molten domains with potential
for chemical exchange with the core. Multi-anvil experiments by Otsuka
and Karato (2012) at 12.5 GPa and 2000–2400 K with single crystals of
fp in contact with liquid Fe-metal for up to 20min, showed that 1–2 μm
wide and 5–10 μm long worm-like tubes of Fe-melt penetrated into the
crystal over total length scales of 50–70 μm, extracting FeO from the fp
crystal during ascent. They suggested that the interfacial energy would
be sufficient to pull such metallic melt fingers several km up into the
lower mantle (see also Knittle and Jeanloz, 1991; Kanda and Stevenson,
2006). Even if such iron migration on km-scales could potentially
overcome the severe limitations related to the slow chemical diffusion,
especially in bm (Holzapfel et al., 2005), it is unsubstantiated at the
pressure, temperature and dynamic flow conditions of the lowermost
mantle.
The oxygen fugacity of 2.2 log-units below IW, calculated for the

bulk core-mantle compositional pair of the Earth (Table 2) is con-
siderably lower than the average fO2 recorded by the mantle mineral
assemblages (e.g. Frost and McCammon, 2008). This realisation has
motivated several investigations of the chemical equilibrium between
Fe-dominated metal and the minerals fp and bm at high pressures and
temperatures (e.g. Ohtani and Ringwood, 1984; Rubie et al., 2004;
Takafuji et al., 2005; Asahara et al., 2007; Ozawa et al., 2008). Frost
et al. (2010) summarized the results on the Fe-FeO equilibrium, added
more LH-DAC experiments and developed a thermodynamic model to
investigate the equilibrium at CMB conditions (Fig. 18). The upper
panel shows that the Fe-FeO immiscibility range contracts with in-
creasing pressure and temperature, dramatically increasing the O-so-
lubility in the metallic melt. The thermodynamic model (lower panel)
indicates that Earth's present core composition (Table 2) would be in
equilibrium with fp with Mg# 99, assuming a CMB temperature of
4000 K. This is a remarkable result, showing how far out of equilibrium
the present convecting core is with a mantle with Mg# of about 90 and
ferropericlase with Mg# below 86. Even the top of the E′-layer with an
estimated O-content of 6.7 wt% (Table 3), recording extensive core-
BMO exchange, would be in equilibrium with ferropericlase with Mg#
96–97. An inferred protocore (Table 3), compositionally intermediate
between the current Earth and Venus core compositions, would be even
more undersaturated with O.
At pressures of 60–140 GPa, fp is expected to have an Fe/Mg ratio

about twice as high as that of the dominant ferromagnesian mineral bm
(Section 3.6 and Prescher et al., 2014), even if the proportion of Fe2+ in
bm increases at pressures above about 90 GPa. The experiments by
Otsuka and Karato (2012) confirm the tendency for extraction of FeO
into the Fe-dominated metallic melt as the “capillary” irregular metal
fingers dissolve the fp crystal as they migrate against gravity upwards
through the crystal.
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LH-DAC experiments equilibrating bm and Fe-dominated metal at
25–97 GPa and 2300–3150 K resulted in similar relations (Takafuji
et al., 2005). The upper panel of Fig. 19 shows the general trends for the
O- and Si-contents of the metal as a function of pressure and Mg# of
bm. In the concentration versus pressure diagram, the experimental
temperatures are also broadly correlated with p and wt% O and Si.
Takafuji et al. (2005) fitted the experimental results to the equation:

= + +FeSiO Fe Si 3O3
bm met

to derive thermodynamic data according to the relation:

= +RT ln [a a (a ) /a ] ( H T S p V)Fe
met

Si
met

O
met 3

FeSiO3
bm

Based on the results, they constructed the relations between O- and
Si-concentrations in the metal with coexisting bm with variable Mg#.
The curves corresponding to 135 GPa and 3500 K are shown in the
lower panel. As can be inferred from the upper panel, the O- and Si-
concentrations in the metal increases with increasing p and T and with
decreasing Mg# of bm. This is consistent with the thermodynamic
modelling of the lower p- and T-conditions of 95 GPa and 3100 K
(omitted for clarity), where the curve for bm with Mg# 95 almost
overlaps with the Mg# 99.9 curve for the conditions of 135 GPa and
3500 K (lower panel). The Earth and Venus core compositions in
Table 2 illustrates the gross disequilibrium between the present core
and mantle bm in the Earth, and presumably also in Venus.

4.2. Chemical transfer: iron oxides to the core and silica to the mantle

The strong O-undersaturation in the core would promote the ex-
traction of FeO and Fe2O3 from the BMO liquid. Iron is dominantly in
the ferrous oxidation state in the Earth's mantle, and Fe3+ constitute
only about 2mol% of total Fe in upper mantle peridotites (Canil and
O'Neill, 1996) and presumably also in the convecting mantle. A net
oxidation of the lowermost mantle would result if only FeO, and no
Fe2O3, was extracted from the BMO to the core. The ferric oxide com-
ponents in BMO liquid and solid bm, however, would presumably be
extracted at least as efficiently into the outer core as the ferrous oxide

components, and this would reduce the BMO and the solidified lower-
most mantle.
Fig. 20 illustrates the effect of cyclic crystallisation and dissolution

of bm near the ceiling of the BMO. The bm crystallisation would convert
some ferrous iron to ferric iron, to be incorporated as the essential
FeAlO3 component (e.g. Frost et al., 2004). The ferric iron component is
charge-balanced by exsolved metal, which would aggregate into
growing and sinking drops (Wade and Wood, 2005). Partial dissolution
of bm crystals below the BMO crystalline ceiling would release Fe2O3
(and Al2O3) to the silicate melt. Some of the Fe2O3 and FeO components
in the BMO melt would dissolve in the metal droplets, ultimately
sinking to the core. The drops were probably not completely saturated
with O, but even if they were, this two-stage process would result in a
net oxidation of the BMO because the O-saturation level in the metal at
136 GPa and 4000–4500 K is< 20wt% (Figs. 18–19), whereas the O-
contents of FeO and Fe2O3 are higher, i.e. 22.2 and 30.1 wt%, respec-
tively. Andrault et al. (2018) emphasised the mechanism of BMO oxi-
dation by bm-derived metal exsolution but did not consider the mod-
ifying effect caused by partial recharging of the metal with Fe2O3 and
FeO from the BMO. The partitioning of Fe oxides from the BMO liquid
into sinking Fe-dominated metal drops might have been an efficient
mechanism for O transport into the cooling core, even if this process
would have oxidised the BMO and lowermost mantle, as well as the
core.
The dissolution of iron oxide into the core, either directly through

the BMO-core interphase or via core-merging metal drops, would
probably be accompanied by exsolution of Si as crystallising SiO2 in the
core (Hirose et al., 2017a). The upper part of Fig. 21 shows how the
solubility limits in O-Si space vary with T and p. In general, the two
elements are mutually exclusive in the metal, although the solubility
range of combined O and Si increases with increasing temperature.
Increasing pressure decreases their solubility ranges. The lower panel,
representing the solubility limits at 136 GPa, shows compositional
vectors for FeO-addition and SiO2-fractionation. To maintain a constant
O-content in the core, FeO and SiO2 must be added and subtracted,
respectively, in a 2/1molar ratio, whereas the corresponding FeO1.5/
SiO2 molar ratio would have to be 4/3. To increase the O-content, as
expected for core evolution in the two largest terrestrial planets, Earth
and Venus, the molar ratios must exceed these values. The Venus core
composition in Table 2 is chosen to lie on a vector from the O-free core
composition of Mercury with 15wt% Si to the convecting core com-
positional estimate for the Earth (lower panel), which is within the
range of Badro et al. (2015), based on seismological data and material
physics properties.
Fig. 22, also based on Hirose et al. (2017a), shows the liquidus

phase relations in the system Fe-Si-O (or Fe-FeSi-FeO) at 136 GPa and
temperatures above 3500 K. These conditions are close to the silica
phase transition between β‑stishovite (CaCl2-structure) and seifertite,
and the location and slope of the phase boundary differ slightly be-
tween various experimental and theoretical studies (e.g. Driver et al.,
2010; Grocholski et al., 2013 and references therein). The phase rela-
tions presented by Hirose et al. (2017a) involve cotectics parallel with
and very close to the Fe-Si join, involving CaCl-structured FeSi, and the
Fe-O join, involving hcp-Fe to 8 wt% O and FeO further on. The silica
liquidus surface rises steeply inside these cotectics, strongly limiting the
combined solubilities of O and Si in the liquid metal alloy at the outer
core conditions. The figure also shows the core compositions of Mer-
cury, Venus and Earth (Table 2), as well as a postulated early Haden
protocore composition and the compositional vector from the Mercury
core towards the current Earth core composition.
The elevated silica liquidus surface, extending to temperatures

above 4000 K over most of the Fe-Si-O compositional space at
136 GPa, limits the permissible composition of the outermost core,
assuming that the CMB temperature is 4000 K. In that case, the
outermost core composition must project to the 4000 K contour or to
the area outside, where the liquidus surface lies below 4000 K.
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Combined SiO2 fractionation and FeO assimilation would displace
the protocore composition to the current convecting core composi-
tion (Table 2) and, by increasing the FeOadded/SiO2subtracted ratio,
further towards the E′-layer compositional vector (Table 3). In our
mass balance modelling of this chemical exchange (Section 4.3;
Table 3), we have chosen the protocore composition to be on the
Mercury vector and an early whole-mantle magma ocean composi-
tion, which after core-MO exchange, yields a bulk pyrolitic mantle
(Table 2). We further assume that the traces of a second-stage core-
BMO exchange is recorded by our calculated chemical gradient of the

outermost stagnant E′-layer of the core, based on the VP-deviation of
the KHOMC-model (Kaneshima, 2018) from PREM and the mineral
physics calibration of the Si-depletion and O-enrichment of the E′-
layer (Brodholt and Badro, 2017).
The outermost E′-layer composition (CMB composition) falls close

to and slightly outside the 4000 K contour on the silica liquidus surface
from Hirose et al. (2017a). With crystallisation and floatation (removal)
of silica, accompanied by assimilation of FeO, the outermost E′-layer
composition may have moved to and barely pierced through the silica
liquidus surface. With a CMB temperature of 4000 K, the top of the E′-

Table 3
Mass balance models illustrating a possible two-stage chemical exchange between magma oceans and cores.

Stage 1. PC+ earlyMO= convC+ pyroliteMO
Stage 2. Upper-convC (34 vol%, 31 wt% of core)+BMO (28 vol%, 34 wt% of mantle)= E′-layer+mlmM

Abbreviations, explanations: PC, hypothetical early protocore; earlyMO, hypothetical FeO-rich, early silicate magma ocean (12.4 wt% FeO, Moon mantle value, Table 2); convC:
current convecting core (Table 2, see below); pyroliteMO, whole-mantle magma ocean with pyrolitic composition (Table 2); upper-convC, upper 445 km of the core, starting
with convC composition; BMO, basal magma ocean, 1700–2891 km depth range, starting with pyrolite-MO composition; E′-layer, stagnant uppermost layer of the present core
with a compositional gradient in the radial direction (Figs. 21, 22). mlmM, modified lowermost mantle, SiO2-enriched and FeO-depleted. Distinct geochemical reservoirs,
including thin Fe-rich bridgmanitic LLSVP base layers and voluminous and Fe-poor bridgmanitic blobs or BEAMS, were generated in the mlmM. Currently, the high-viscosity and
refractory blob or BEAMS material would be convectively distributed over most of the lower mantle depth range (but esp. in the 1000–2600 km depth range). The high Mg/Fe
ratio and large volume of such material will easily balance the Fe-poor mlmM composition. Mineral abbreviations as in Table 1.

General approach: we assume neutral buoyancy between bridgmanite and melt at 1700 km depth (72 GPa, PREM) with a KDbm/meltFe/Mg -value of 0.1 (Fig. 14). Even if the initial
crystallisation might possibly have occurred at a slightly deeper neutral buoyancy level, within the 1700–1900 km depth range (e.g. at 80 GPa), the initial cumulate pile would
likely float upwards as some of the dense fractionated melts sink through the initial pile (viscous layer of Andrault et al., 2018) into the BMO. For simplicity, we used the solid
mantle PREM densities in the mass balance modelling involving the MO and BMO. This is largely justified due to the neutral buoyancy between peridotite and melt at about 11
and 72 GPa. The increase in BMO density during solidification and fractionation will be partly offset by the chemical exchange with the E′-layer. For the early protocore (PC) and
convecting core (convC), we also used the PREM densities, with a reduction of the inner core densities by about 5%, corresponding to the current solid to liquid transition at
about 5150 km depth. We used constant volumes for the current core and mantle in the calculations, in spite of small adjustments caused by the SiO2-FeO exchange. In the
calculations, we integrated the volumes and average densities for each 200 km or less (next to the discontinuous density changes recorded in PREM). For the E′-layer, we used
four 100 km thick layers (0–400 km below CMB) and one 45 km thick layer (400–445 km below CMB). The calculated masses of the early PC (the entire core volume), E′-layer,
earlyMO (total mantle volume) and BMO are 1935, 608, 4045 and 1381 Yg, respectively (1 Yg, yottagram=1024 g).

Chemical compositions: the earlyMO was chosen to have 12.4 wt% FeO. The other oxides and elements of the earlyMO and PC were fitted in the mass balance model to yield a
pyroliteMO. The E′-layer O-Si compositional vector is from Fig. 3 of Brodholt and Badro (2017). The median core estimate (3.9 wt% O and 2.8 wt% Si) of Badro et al. (2015)
would result in negative Si-content in the uppermost E′-layer (near the CMB) to match the observed E′-gradient in seismic velocity (also discussed by Brodholt and Badro (2017)).
The PC and convC compositions is on the vector from the Mercury through the Venus core. For the convC (=“bulk” core, Table 1), we used a Si-rich and O-poor composition
within the range of Badro et al. (2015). This yields a top E′-layer (at CMB) composition very close to the 4000 K contour on the silica liquidus surface in the system Fe-Si-O
determined by Hirose et al. (2017a). The stage 2 mass balance model calculates the mlmM composition.

Calculation of compositional gradient of the E′-layer: the VP (=Vϕ) difference between PREM and the KHOMC model (e.g. Kaneshima, 2018, Fig. 9) is used as a starting point. We
smoothed out the undulations of the KHOMC curve to obtain an even gradient as a basis for discrete ΔVPPREM-KHOMC-values at 0, 100, 200, 300 and 400 km below the CMB. At
445 km below CMB, ΔVP=0. The other five ΔVP-values of 0.433, 0.300, 0.174, 0.076 and 0.018%, respectively, were converted to corresponding values for density deficits, Si-
depletion and O-enrichment, using Fig. 2b of Brodholt and Badro (2017).

Composition, wt%

Si O Fe+Ni

PC (protocore) 5.12 2.60 92.3
convC 3.60 3.00 93.4

E′-layer total E′-layer levels

From the mass of individual layers 2.21 4.62 93.2 km below CMB Density deficit, % Composition, wt%

Si O Fe+Ni

E′-layer shells km below CMB 0 0.98 0.37 6.74 92.9
0–100 0.87 6.17 93.0 100 0.69 1.37 5.60 93.0
100–200 1.82 5.07 93.1 200 0.42 2.28 4.53 93.2
200–300 2.62 4.14 93.2 300 0.19 2.96 3.76 93.3
300–400 3.18 3.50 93.3 400 0.05 3.40 3.25 93.4
400–445 3.50 3.12 93.3

Composition, wt% (normalised to 100% sums) mol% minerals mol-ratio

SiO2 TiO2 Al2O3 Cr2O3 NiO MnO FeO MgO CaO Na2O bm fp cpv bm/fp

earlyMO 42.0 0.20 4.29 0.36 0.24 0.13 12.4 36.6 3.39 0.35 74.2 19.6 6.2 3.8
pyroliteMO, calculated 44.9 0.21 4.43 0.37 0.25 0.13 8.05 37.8 3.50 0.36 78.4 15.3 6.3 5.1
BMO, pyr. Table 2, norm. 44.9 0.20 4.44 0.38 0.25 0.14 8.04 37.7 3.54 0.36 78.3 15.3 6.4 5.1
mlmM, calculated 48.7 0.21 4.68 0.40 0.26 0.15 1.80 39.7 3.73 0.38 83.3 10.0 6.6 8.3
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layer compositional gradient (Figs. 21–22) will therefore not crystallise
silica.
Within most of the E′-layer pressure range of 136–182 GPa, sei-

fertite will be the liquidus mineral, and the liquidus surface will pre-
sumably rise considerably in temperature in the pressure range just
above the β‑stishovite to seifertite transition. With an unrealistic as-
sumption that the phase relations remain approximately unchanged
through the E′-layer pressure range, the convecting core composition
projects to the silica liquidus surface at a temperature of about 4600 K
(Fig. 22, top panels and bottom, right inset). With a convective adiabat
of 0.79 K/km in the outermost 445 km of the core, as indicated by
Hirose et al. (2013) and Olson et al. (2015), the bottom of the E′-layer
and top of the convecting core would be below the silica liquidus sur-
face and crystallise seifertite. An E′-layer conductive geotherm con-
siderably> 1.35 K/km, however, implies that the top of the convecting
core might be at or above the crest of the silica liquidus surface (Fig. 22,
lowermost right inset). Such a conductive geotherm is required in order
to suppress crystallisation, especially when the silica liquidus surface
expectedly rises with increasing pressures. The likely scenario for the
present state of the core with a dominantly solid mantle and limited
possibilities for core-mantle chemical exchange might be that silica
crystallisation in the outer core has ceased. Seifertite crystallisation in
the lower part of the E′-layer or outermost convecting core and dis-
solution near the CMB, especially without compensating FeO and Fe2O3
influx from the solid mantle, would reduce the O/Si ratio gradient of
the E′-layer compared to our modelled O/Si molar ratio range of 32–1.7
in the 0–400 km depth range below the CMB (Table 3). The convecting
core and stoichiometric silica have molar ratios of 1.5 and 2.0, re-
spectively. The upper 300 km of the E′-layer, which has the largest
chemical deviation from the underlying convecting core composition
(Table 3), comprises 70% of the E′-layer by volume and mass.
The silica liquidus surface is expected to rise further in temperature

in the 182–364 GPa pressure range. This temperature increase, relative
to the slope of the convective core adiabat, will determine the condi-
tions for, and the extent of, silica crystallisation at different stages of
BMO and core evolution. The phase transition from seifertite to pyrite-
structured silica at a pressure of about 268 GPa and 1800 K (Kuwayama
et al., 2005; see also Wu et al., 2011; Umemoto et al., 2017) will likely
result in further steepening of the silica liquidus with increasing

pressure. The Clapeyron slope of this transition is unknown, but with a
slope of 2.5–10MPa/K (0.035–0.14 km/K) and a core adiabat of about
1.8 km/K (e.g. Hirose et al., 2013; Olson et al., 2015; Laneuville et al.,
2018), it might occur in the 4400–4900 km depth range. Extensive si-
lica crystallisation might therefore have occurred in the lowermost
1500–2000 km of the core prior to the formation of the inner solid core.
The dT/dp slope (or dT/dz slope, where z is depth) of the melting curve
for the core alloy might be steeper than the core adiabat (Hirose et al.,
2013; Olson et al., 2015), possibly favouring crystallisation at the
deepest levels.
With an early and hot core alloy above the liquidus surface in the

outer parts of the core, the question is whether and how silica crystals
might have survived buoyant ascent to the outer regions towards the
CMB. In this context, the local bulk compositions involving ascending
liquid portions with entrained silica crystals would be decisive. Partial
accumulation or aggregation of silica crystals to form meter- to hun-
dred-meter-sized domains with low proportions of interstitial Fe-alloy
melt would be a possible scenario to keep the local bulk (aggregate)
composition well below the liquidus surface at any core pressure, even
at very hot Hadean conditions. Schematic phase relations associated
with such scenarios are illustrated in Fig. 22, lowermost, left panel.
Crystal-rich plumes would have had strong compositional and thermal
buoyancy, and could therefore have risen rapidly. The thermal buoy-
ancy would stem from the latent heat of crystallisation and the
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Fig. 19. Top: Approximate concentration of O and Si in metal in equilibrium
with bridgmanite (bm) as a function of pressure and bm composition (Mg#) in
the system Fe-Mg-Si-O. Experimental temperatures: 2750–2950 and
3000–3150 K at 30–60 and 90–100 GPa, respectively. Bottom: Thermodynamic
model showing that extremely Mg-rich bm is in equilibrium with the Earth and
Venus core compositions (Table 2). A vector between the Mercury (also
Table 2) and Earth core compositions is also shown.

Cyclic precipitation and resorption
of bm, releasing Fe2O3, which 
dissolves in Fe-metal drops sinking
into and oxidising the core

FeO-disproportionation:
(occurs at the bm cryst. site)
3 FeO = Fe + Fe2O3 Crystallising bm

Al2O3 + Fe2O3 = 2 FeAlO3

Dissolving bm
 2 FeAlO3 = Al2O3 + Fe2O3 

Fe2O3 dissolution in
Fe-metal droplets

BMO crystalline ceiling

Fig. 20. Schematic diagram, illustrating cyclic crystallisation and dissolution of
bridgmanite (bm) near the ceiling of the basal magma ocean (BMO). This is
based on Frost et al. (2004), Wade and Wood (2005) and Wood et al. (2006)
with the added modification that Fe2O3, released by resorption of bm, largely
dissolves into the sinking Fe-dominated metal droplets. FeO from the BMO melt
will also dissolve in the metal drops, which would gradually merge and grow
while sinking through the BMO and ultimately sink into the core. This process
might represent an efficient mechanism for O-loading of the core during the
BMO life-time.
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compositional buoyancy would be caused by the low-density silica
crystal enrichment, even if the surrounding liquid might have had ne-
gative compositional buoyancy, resulting from Si- and O-depletion.
Large crystal aggregates, as well as large individual crystals, would also
have a high Stoke's ascent velocity relative to the surrounding liquid
and could have left behind the compositionally dense liquid region
where they originally formed. A recent evaluation of processes related

to inner core nucleation and survival rate of solids in the core might be
of interest in this context (Huguet et al., 2018).
Even if some of the crystalline material might have melted (dis-

solved) during buoyant ascent through the outer parts of the core, a
resulting Si- and O-rich liquid plume might have had sufficiently large
compositional buoyancy (Fig. 1a in Brodholt and Badro, 2017) to rise
towards the CMB without being fully mixed with the ambient core fluid.
Silica from rising Si-and O-rich metal plumes might easily dissolve into
the BMO magma at the CMB interphase in exchange for Fe-oxide
components dissolving in the outermost core. The most efficient me-
chanism of silica transfer, however, might be in the form of silica
crystals with a density far below the core density and also below the
BMO density. The silica crystals would also dissolve in the BMO
magma. The dynamics of the possible E′-layer generation is still un-
certain, especially if most of the silica crystallisation occurred in the
deepest part of the core. Such an upper stagnant layer, however, must
presumably reflect the local CMB transfer of silica crystals and melt
component from the core and Fe-oxide components into the core.

4.3. Core-mantle chemical exchange: mass balance and compositional
constraints

To quantify the possible extent of chemical exchange between an
early whole-mantle magma ocean and a protocore (stage 1) and the
subsequent exchange between the BMO and the uppermost 34 vol% of
the core, corresponding to a low-velocity E′-layer (stage 2), we per-
formed simplified mass balance calculations, which are presented in
Table 3. The calculations represent an endmember case in the sense that
we used only ferrous iron oxide, FeO, and metallic Fe as iron-bearing
components. Because the Fe/O weight ratios of FeO and FeO1.5 are
about 3.5 and 2.3, respectively, the amount of required Fe-transfer for a
given amount of O-exchange is a maximum for the case of FeO as the
only iron oxide. The stage 1 calculation is based on a hypothetical
whole-mantle magma ocean with 12.4 wt% FeO and a hypothetical
protocore, to yield a pyrolitic whole-mantle magma ocean (Table 2) and
the current convecting core composition (Table 2). Although the chosen
FeO content of the hypothetical early MO is the same as that of the
lunar mantle (Table 2), we do not imply any specific significance to this
correspondence. The stage 2 calculation is more accurately constrained,
based on the VP profile for the E′-layer (Kaneshima, 2018) and the
mineral physics and chemical relations presented by Brodholt and
Badro (2017). This stage involves exchange between the uppermost
34 vol% of the core (bulk core, Table 2) and 28 vol% of the mantle
(BMO with pyrolite composition, Table 2) to yield a compositionally
gradational E′-layer and a modified lowermost mantle (mlmM) com-
position. Although the stage 2 calculations are strictly constrained by
the velocity gradient in the outermost core and the mineral physics
based density-velocity relations of Badro et al. (2014) and Brodholt and
Badro (2017), they do not represent the detailed physical realities of the
E′-layer establishment. As suggested in Section 4.2, the silica extraction
might have occurred largely in the deeper parts of the core. An eva-
luation of the convective readjusting flow and thermal equilibration of
thermally light, but chemically dense, liquid from the main crystal-
lisation regions is beyond the scope of this review. It seems likely,
however, that FeO- and Fe2O3-addition to liquids lying between the
Mercury vector and the E′-layer compositional trend is essential during
the latest stage of the E′-layer establishment (Figs. 21–22). A require-
ment for the establishment of an E′-layer might be that silica-loss by
crystallisation and ascent is restricted to the outermost core and occurs
simultaneously with Fe-oxide supply from the BMO. Further experi-
mental and theoretical constraints on the silica liquidus surface in the
system Fe-Si-O and on core adiabats are needed to clarify this.
The calculated mlmM composition (modified lowermost mantle, i.e.

28% of the mantle, corresponding to the former BMO) has a low FeO
content of 1.8 wt% and an elevated bm/fp ratio of 8.3, corresponding to
83.3, 10.0 and 6.6 mol% bm, fp and cpv, respectively. The lithological
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Fig. 21. Solubility limits for SiO2 in Fe-dominated alloy as a function of O and
Si concentrations. Mainly from Hirose et al. (2017a). Top: Solubility curves at
136 and 45 GPa for various temperatures (thin lines) and at 20, 60 and 100 GPa
for the low temperature of 2500 K (thick, stippled lines). Bottom: Solubility
limits at about 136 GPa and 4000–5000 K. The Venus and Earth core compo-
sitions are from Table 2 and an early Earth protocore composition from Table 3.
A vector from the Mercury core composition (also Table 2) through the cores of
Earth and Venus passes between the Fischer et al. (2015) and Rubie et al.
(2015b) core compositions. The Earth protocore composition is also chosen to
be on this vector (Table 3). Core evolution along such a vector corresponds to
an appropriate combination of FeO addition and SiO2 subtraction (upper right-
hand inset figure). Mass balance modelling of an early stage evolution from the
hypothetical protocore to the current convecting core by FeO-SiO2 exchange
(along the same vector) with an FeO-rich whole-mantle magma ocean leads to a
pyrolitic whole-mantle magma ocean (Table 3, Section 4.3). A second stage
exchange model involving a basal magma ocean (BMO, 28 vol% of the mantle)
and the upper part of the current convecting core yields the stagnant E′-layer
(34 vol% of the core, extending to 445 km below the CMB) with a radial
compositional gradient, in addition to a chemically modified lowermost mantle.
The second stage model, which is constrained by combined mineral physics and
seismic data (Brodholt and Badro, 2017; Kaneshima, 2018; Table 3), involves a
higher ratio of FeO-addition to the core to SiO2-extraction from the core. The E′-
layer compositional gradient, shown by compositions at 0, 100, 200, 300 and
400 km below the CMB, might result from the generation of core liquid batches
between the Mercury vector and the E′-trend, followed by FeO-addition.
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units likely to form in such a compositionally evolving BMO include
voluminous early refractory, bridgmanitic cumulates, and minor late-
stage Fe-rich cumulates. With a KDbm/meltFe/Mg value of 0.1, or below 0.1 at
pressures exceeding 80 GPa (Section 3.5), the earliest crystallised bm in
the uppermost part of the BMO would have Mg# of 98.8 or higher. With
a chemical tendency for core-BMO exchange of SiO2 and iron oxides, a
large proportion of the BMO would ultimately have crystallised as
MgSiO3-rich bridgmanitic cumulates. Due to high viscosity and neutral
buoyancy around 1900 km depth, also in the solidified mantle (Section
3.5), the cumulates might have been convectively aggregated into large
blobs or BEAMS (Becker et al., 1999; Ballmer et al., 2017) in the middle
part of the lower mantle and largely preserved to the present time. The
late-stage crystallisation of the BMO, however, would result in cumu-
lates with relatively Fe-rich bm and some coexisting fp and cpv. Such
material might have given rise to 100–200 km thick base layers within
the LLSVPs (Section 4.5). With an outermost core temperature of about
4500 K during an intermediate to late stage of BMO crystallisation, the
ferropericlase-metal equilibrium of Frost et al. (2010) gives an O-sa-
turation level of about 15wt% O in the outermost core, assuming a
pyrolitic BMO and a KDbm/fpFe/Mg of 0.5 (Prescher et al., 2014). In spite of

the loss of Fe-oxides to the core, the Fe-concentration of the BMO melt
is unlikely to fall below that of an original pyrolitic MO composition
due to extensive crystallisation of buoyant bridgmanitic cumulates with
high Mg/Fe ratios near the BMO ceiling.

4.4. Core-mantle exchange: heat generation

Heat generated as a net effect of core-BMO chemical exchange
might have been essential for powering the early geodynamo prior to
the start of inner core crystallisation. Such heat would have flowed into
the BMO and prolonged its life-time. If the thermal conductivity of
outer core metal is as high as some recent studies have suggested (de
Koker et al., 2012; Pozzo et al., 2012; Gubbins et al. 2015; Ohta et al.,
2016), the resulting thermal and chemical buoyancy could have driven
core convection prior to the start of inner core crystallisation. A stag-
nant E′-layer of the outermost core, facilitated by such high con-
ductivity, may also have a stabilising effect on the dynamo (Sreenivasan
and Gubbins, 2008; Hernlund and McNamara, 2015).
The strong reduction of the SiO2-solubility of Fe-metal (Fig. 21,

upper panel), and a likely increase in the silica liquidus surface with

Fig. 22. Themain upper left panel shows the liquidus phase relations in the Fe-rich part of the system Fe-Si-O at about 136 GPa from Hirose et al. (2017a). The core
compositions of Mercury, Venus and Earth are from Table 2 and the Earth protocore composition is from Table 3. The E′-layer compositional gradient is shown by
compositions at 0, 100, 200, 300 and 400 km below the CMB (see also left inset figure). The mass balance modelling involving Earth's protocore, current convecting
core, E′-layer and corresponding magma oceans is described in Table 3, Fig. 21 and Section 4.3. The three lower right panels include a three-dimensional
perspective sketch of the liquidus surfaces (middle), a section along the Fe-rich part of the Fe-SiO2 join (lower left) and a section along the E′-layer compositional
gradient (lower right). The latter section, to be used to illustrate principles regarding precipitation or dissolution of silica along the E′-gradient, is oversimplified
because it assumes that the phase relations are approximately unchanged in the 136–182 GPa range. Although the E′-layer pressure range of 46 GPa is only 20% of
the core pressure range, the silica liquidus surface might increase considerably in temperature within this range. The lower left Fe-SiO2 section illustrates the effect of
aggregation (or collection into local concentration maxima) of silica crystals on their stability and ability to survive during buoyant ascent through the core. At a
temperature of T′, silica crystals are stable in the “local” composition X1 with high proportion of (aggregated) silica crystals. In contrast, pre-existing crystals are not
stable and will tend to dissolve in the composition X2 at the same pressure and temperature condition. hcp-Fe: hexagonally close-packed Fe.
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increasing pressure, suggests that silica crystals might have formed over
an extensive depth interval, and primarily in the innermost part of the
core. Crystals-rich plumes were likely to rise towards the CMB, where
silica could dissolve into the BMO and/or react with fp to form bm. The
silica crystallisation and density-driven rise of crystals and surrounding
liquid, are exothermic processes. The latent heat of crystallisation
would add thermal buoyancy to the crystal-rich plumes and the dense
sinking counter-flow would convert additional potential energy to heat.
The dense residual liquid alloy depleted in Si and O after silica crys-
tallisation would have had negative compositional buoyancy, releasing
heat during descent. Crystallisation of silica directly at the CMB or re-
action of the silica component from the metallic melt with fp to form
bm are also exothermic, but less likely processes. The complementary
dissolution of FeO and Fe2O3 into the core, however, is endothermic.
Whereas the exchange of 1mol SiO2 with 2mol FeO conserves the

total mass of O in the core, it implies a net core growth of 2Fe − Si =
85.6 g, with an associated heat generation (e.g. Rubie et al., 2015a).
The corresponding exchange of 1mol SiO2 with 2/3mol Fe2O3, also
conserving the O content of the core, would result in a net core growth
of 4/3 Fe − Si = 46.4 g. A more likely scenario with increasing O
content (e.g. Figs. 21–22), results in more extensive core growth. An
increase of 1mol O based on the exchanges 3FeO versus SiO2 and Fe2O3
versus SiO2 would lead to a core growth of 155.4 and 99.6 g/mol, re-
spectively. The sinking of iron alloy drops, charged with some O
(Fig. 20), from the BMO to the core and a similar leakage of O-charged
Fe-alloy from ULVZs to the core (Fig. 23) involve additional minor core
growth and heat generation.
Additional exothermic energy to drive an early geodynamo might

have been provided by the exsolution of MgO and Al2O3 from the core
(Wahl and Militzer, 2015; O'Rourke and Stevenson, 2016; Badro et al.,
2016). Because the solubility of MgO and Al2O3 in Fe-dominated metal
under protocore temperatures of about 5600 K (Laneuville et al., 2018)
are considerably lower than that of Si (Figs. 6, 20), the heat contribu-
tion from the exsolution of MgO and Al2O3 is expected to be minor
compared to that of the SiO2 exsolution. If the solubilities of MgO and
Al2O3 in the core are independent of pressure (Badro et al., 2016), the
oxide exsolution would mainly occur at the lowest temperatures of the
outermost core. Negative buoyancy of sinking Fe-enriched melt and
positive buoyancy associated with the lighter counter-flow would
therefore be the main convective contributions. The conversion of po-
tential energy to heat associated with this re-distribution of mass would
also transfer minor thermal buoyancy to the deeper parts of the core.

4.5. Long-lived, major mantle heterogeneities

The delivery of SiO2 to the BMO and extraction of FeO and Fe2O3
from the BMO would stabilise bm as the primary liquidus phase during
prolonged periods of crystallisation, increasing the amount of early bm-
cumulates with low Fe/Mg ratios, centred at a neutral buoyancy level at
72–80 GPa pressure and 1700–1860 km depth (Fig. 17). Such bm-
dominated cumulates would be refractory and viscous, providing re-
sistance to convective and diffusional homogenisation with the ambient
mantle. Slightly positive 142Nd/144Nd deviations from the bulk mantle
composition of primitive basalts and picrites in the North Atlantic and
Ontong Java large igneous provinces (Rizo et al., 2016) might originate
from such cumulate material. Rizo et al. (2016) found corresponding
positive 182W/184W deviations in these lavas, possibly indicating that
some of the refractory heterogeneities were established before, and
survived through, the last major magma ocean, following the Moon-
forming impact. The validity of the positive 182W/184W anomalies,
however, has been questioned by Kruijer and Kleine (2018). MgSiO3-
dominated bridgmanitic material is very refractory in the lower mantle.
If it is entrained in hot plumes and converted to orthopyroxene in the
upper mantle, however, it becomes less refractory and may contribute
to the magma during large-scale melting of a diverse lithological mix-
ture expected in starting plume heads, as well as in major stationary

plume conduits.
Moderately elevated density, higher bulk modulus and higher

viscosity compared to the surrounding D″ materials are three favour-
able properties for discrete, antipodal thermochemical LLSVP piles with
locally steep and seismically resolved sides and long-term stability (e.g.
Garnero and McNamara, 2008; Wolf et al., 2015; Torsvik et al., 2016;
Heyn et al., 2018). Without the inferred core-BMO chemical exchange,
the residual melts and final BMO cumulates near the CMB might have
acquired too high Fe/Mg ratios and density to form two discrete ac-
cumulations. The cumulates might also have acquired too large fp
contents to satisfy the requirements of high bulk modulus and high
viscosity without silica addition and Fe-oxide loss. We discuss the ob-
served density contrasts and the likely compositions of bm-rich ther-
mochemical piles in Section 4.7.
Limited exchange between the core and the lower late-stage cu-

mulates when the BMO was nearly completely solidified, could partially
modify the dense Fe-rich bm-fp-cpv cumulates to slightly less dense
lithologies with reduced Fe/Mg and fp/bm ratios, possibly to nearly
100% bm and minor cpv. FeO and Fe2O3 extraction to the core, com-
bined with the transfer of liquid silica component to the last BMO
magma might alter lower cumulate layers with broadly peridotitic
(Fe+Mg+Ca)/(Si+Al) ratios of up to 1.33 to bm-cpv lithologies
with ratios near unity. The volumes of such modified late-stage cu-
mulates would be much lower than those of MgSiO3-rich, bm-domi-
nated early cumulates crystallising at the neutral buoyancy level near
the top of the BMO. The core-BMO exchange during the early bm
crystallisation period could have produced voluminous domains in the
lower mantle with pyroxenitic, i.e. strictly bridgmanitic, composition.

Fig. 23. Inferred structure and dynamics of the D″-zone, modified from Torsvik
et al. (2016). Internal convection in the ULVZ is indicated by arrows, and the
continuous lateral flow along the core-mantle boundary is shown by blue (cool)
and red (hot) arrows. The distribution of post-bridgmanite (pbm) is indicated in
the cool regions away from the LLSVPs, in thin basaltic ROC slivers (recycled
oceanic crust) and in the lower parts of basaltic ROC accumulations above a
thin and stable layer of bridgmanitic LLSVP-material, rich in the FeAlO3 com-
ponent. Extensive stability of pbm in basaltic material relatively high above the
CMB within the LLSVP-regions is supported by seismic tomography modelling
of Koelemeijer et al. (2018) and by atomistic simulations by Mohn and Trønnes
(2018), who found a more restricted stability range of pbm in bridgmanitic
material with moderate amounts of the FeAlO3 component (about 16mol%).
The D″ flow with minor differential sinking of ROC is promoted by low-viscosity
pbm (Amman et al., 2010; Nakada and Karato, 2012; Goryaeva et al., 2016). An
outermost stagnant E′-layer of the core is inferred from Brodholt and Badro
(2017). A thin skin of nearly pure MgSiO3-bm, formed by core-mantle chemical
equilibration, may be locally and intermittently stable. Due to low diffusion rate
in bm (e.g. Holzapfel et al., 2005), and in spite of its positive buoyancy, such a
layer might provide a temporal chemical barrier between core and mantle (e.g.
Frost and McCammon, 2008). The thin layer may be episodically eroded under
the ULVZs, which may tend towards equilibrium with the outermost core. Our
preferred ULVZ-material is therefore interstitial dense metallic melt largely
derived by partial melting of ROC slivers (Liu et al., 2016) in a matrix of
MgSiO3-dominated bm. Small melt veins tapping low-degree metallic melts
from the ROC slivers to the ULVZ are schematically indicated in the figure.
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The calculated bulk “modified lowermost mantle” (Table 3, Section
4.3), corresponding to the BMO fraction of 28 vol% of the mantle and
41 vol% of the lower mantle, has 1.8 wt% FeO and a mineralogy of
83.3, 10.0 and 6.6mol% of bm, fp and cpv, respectively. Currently,
most of this domain may be occupied by the ambient convecting mantle
of depleted peridotite and 6–7 vol% of basaltic slivers (recycled oceanic
crust). The early refractory bridgmanitic cumulates with high viscosity,
perhaps comprising as much as 15–30 vol% of the lower mantle, were
likely aggregated by convection into irregular blobs or larger BEAMS
(Becker et al., 1999; Ballmer et al., 2017; Hirose et al., 2017b) in the
1000–2600 km depth range.
The volumes of late-stage dense BMO-cumulates within the LLSVPs

are much more limited. With a maximum thickness of 100 km, as
suggested by the Stoneley mode analysis of Koelemeijer et al. (2017),
the two LLSVPs comprise only 0.4 vol% of the entire mantle and 0.6 vol
% of the lower mantle. Based on other seismological models for the
LLSVP density excess (Ishii and Tromp, 1999; Moulik and Ekström,
2016; Lau et al., 2017), we infer a base layer thickness of about 150 km,
which would imply a volume fraction of about 0.9% of the lower
mantle. The LLSVP-areas limited by the −1% δVS-contour in the
SMEAN model (Becker and Boschi, 2002) cover about 23% of the CMB
surface. A base layer thickness of 150 km within the LLSVPs spread
evenly over the entire CMB surface (1.5 ∗ 108 km2), would correspond
to a global CMB-layer thickness of about 35 km. The low volume/sur-
face ratio of the base layer LLSVPs cumulates, even if they were rapidly
swept into piles, might have exposed them to chemical exchange with
the core via late-stage thin lenses of BMO residual liquid.

4.6. Ultra-low velocity zones

The absence of core-BMO chemical equilibrium is partly related to
the very limited solid-state diffusion rates, especially in bm (e.g.
Holzapfel et al., 2005). Based on the low diffusion rates and the existing
data for the fp-metal and bm-metal equilibria in the Fe-Mg-O and Fe-
Mg-Si-O systems, Frost and McCammon (2008) suggested that a thin
layer at the CMB (“only a few meters thick”) with low contents of FeO
and Fe2O3 would shield the mantle from further extensive exchange
with the outer core. The Fe-Si-O phase relations (Figs. 21–22; Hirose
et al., 2017a) support the notion that a thin skin, which may inter-
mittently be eroded, would contain MgSiO3-dominated bm, possibly
with minor additional amounts of seifertite (Fig. 23). Minor seiferitite
within this thin skin does probably not originate from core crystal-
lisation, but rather from FeO and Fe2O3 extraction to the core by de-
composition of bm. Although such a layer would be buoyant, the lim-
ited thickness, due to the low bm diffusion rates, and a high viscosity
might contribute to survival on intermediate time scales. After an epi-
sode of convective erosion, a thin layer might grow rapidly, before the
limiting diffusion rates slow the growth again.
The most favourable sites for minor core-mantle exchange at the

present might be the ULVZs, which appear to be partially molten and
preferentially confined to the root zones of concentrated upwelling near
the LLSVP margins (e.g. Lay, 2015; Liu et al., 2016; Torsvik et al., 2016;
Yuan and Romanowicz, 2017). Internal convection in the 5–40 km thick
ULVZs is probably required in order to explain the lack of extensive
melt separation from the solid matrix (e.g. Hernlund and Jellinek, 2010;
Lay, 2015; Liu et al., 2016). Therefore, we infer that the thin and
chemically insulating layer of MgSiO3-dominated bm might be pre-
ferentially eroded under the ULVZs (Fig. 23), which might approach
chemical equilibrium with the core. Materials rich in iron oxides are
unlikely ULVZ candidates in that case. Subducted banded iron forma-
tions (Dobson and Brodholt, 2005), Fe-rich post-bridgmanite (Mao
et al., 2006) and subducted goethite-rich lateritic sediments converted
to H-bearing Fe-peroxide, FeO2Hx (Liu et al., 2017) can probably also
be excluded. Our preferred ULVZ materials are instead low-degree, Fe-
O-C-dominated metallic liquids in a matrix dominated by bm, enriched
in the MgSiO3 and Al2O3 components after extraction of FeO and Fe2O3

to the core and to the interstitial ULVZ melt. The ULVZ matrix is also
likely to contain moderate amounts of cpv, enriched in the heat-pro-
ducing and other large-ion lithophile elements (Corgne and Wood,
2005).
Liu et al. (2016) suggested that a Fe-C eutectic liquid can be derived

continuously by low-degree melting of recycled oceanic crust (ROC) in
the hot regions of the D″ zone (Fig. 23). Altered oceanic crust has
commonly some carbonate, which will be reduced to diamond in sub-
ducted slab material when it sinks into the stability field of metallic Fe,
coexisting with majoritic garnet and bridgmanite at depths exceeding
250 and 660 km, respectively (Rohrbach and Schmidt, 2011; Walter
et al., 2011). ROC has probably also considerable amounts of metallic
Fe, exsolved during FeO-disproportionation during incorporation of a
large proportion of an FeAlO3 component in bm. At 136 GPa, an Fe-C
eutectic with 2.2 wt% C forms at about 3700 K (Fei and Brosh, 2014;
Supplementary Fig. S2), which is about 270 K below the C-free basalt
solidus (Pradhan et al., 2015). An interstitial metallic melt approaching
equilibrium with bm and the uppermost E′-layer alloy, will likely ac-
quire higher concentrations of O (about 7 wt%; Fig. 21) compared to Si
(≤1wt%; Figs. 19, 21) and C. A continuous replenishment of the ULVZs
with a near-eutectic metallic melt fraction from the partial melting of
subducted basalts and the leakage of some of the interstitial melt into
the E′-layer might imply a very slow ongoing core growth. A con-
sequence of such a minor ULVZ-based core growth may be a further
weak oxidation of the D″ zone.

4.7. Density, bulk modulus and viscosity of LLSVP and refractory
bridgmanitic material

Bridgmanitic LLSVP piles with elevated Fe/Mg ratios would result in
elevated density, bulk modulus and viscosity compared to an ambient
peridotitic mantle (Amman et al., 2010; Marquardt and Miyagi, 2015;
Irifune and Tsuchiya, 2015; Girard et al., 2016; Wolf et al., 2015). It is
noteworthy that the present spherical harmonic degree-2 pattern in-
volving the LLSVPs, the residual geoid and the large-scale convection
pattern of the Earth is linked to the rotation axis (e.g. Steinberger and
Torsvik, 2010; Dziewonski et al., 2010; Torsvik et al., 2016). We sus-
pect that the high rotation rate of the early Earth might have stabilised
such a convective pattern, possibly even at the BMO stage, before the
collection of intrinsically dense material in the root zones of the two
antipodal upwelling columns.
The density excess of 1.0–1.5% for the inferred 100–200 km thick

thermochemical piles of the LLSVPs (Ishii and Tromp, 1999; Moulik and
Ekström, 2016; Lau et al., 2017) includes the intrinsic material density
excess with a reduction due to elevated LLSVP temperatures. Equation
of state data along the lower mantle adiabat presented by Irifune and
Tsuchiya (2015) yield material densities for basalt, fertile peridotite
(pyrolite) and harzburgite at 115 GPa of 5447, 5397 and 5387 kg/m3

respectively, compared to the PREM density of 5404 kg/m3

(Dziewonski and Anderson, 1981). This corresponds to density devia-
tions from pyrolite of +0.93% for basalt and −0.18% for harzburgite.
Because basaltic lithologies might have higher bulk moduli than peri-
dotite (e.g. Ballmer et al., 2015, 2016; Torsvik et al., 2016), the intrinsic
density excess will increase in a rising mantle column, e.g. to 1.41% at
40 GPa. We estimate roughly the thermal expansion effect, using an
excess LLSVP temperature of about 750 K at 200 km above the CMB.
The lateral T variation in the D″ layer is estimated from the observed
depths of D″ discontinuities in various high S-wave velocity regions
from Figs. 6 and 8 in Lay (2015) and the dp/dT slope of the bm-pbm
transition in MgSiO3 from Tateno et al. (2009). Based on Cobden et al.
(2015), we assume that pbm is absent in peridotitic and bridgmanitic
rocks in the LLSVP regions. With thermal expansion coefficients for bm
from Wolf et al. (2015), the basaltic lithology changes from negative
buoyancy (Δρ: +0.93%) to slightly positive buoyancy (Δρ: −0.06%) at
LLSVP temperature conditions. Accumulations of recycled oceanic crust
are therefore unlikely to constitute stable thermochemical LLSVP-
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layers. Relatively stable 100–200 km thick layers of modified lower-
most mantle cumulates, however, may be overlain by unstable piles of
nearly neutrally buoyant basaltic material, behaving in a “lava lamp
fashion” in the rising hot mantle column above the LLSVPs (Ballmer
et al., 2016; Torsvik et al., 2016).
We have also estimated the intrinsic material density excess for bm-

dominated LLSVP layers with a globally averaged D″ temperature of the
lower LLSVP-layers at 130 GPa, assuming a density excess of 1.25%,
which is the average estimate of Ishii and Tromp (1999), Moulik and
Ekström (2016), and Lau et al. (2017). Using a temperature difference
of 750 K and a thermal expansion coefficient of 1.27 ∗ 10−5 K−1 from
Wolf et al. (2015), the derived intrinsic material density excess is 2.2%.
Fig. 24, based on Wolf et al. (2015), relates the composition of bridg-
manitic LLSVP-layers to differences in temperature, density and isen-
tropic bulk modulus (ΔT, Δρ and ΔKS) between the LLSVPs and the
ambient D″ materials, represented by PREM. The detailed p-V-T equa-
tion of state data of Wolf et al. (2015) are confined to the system
MgSiO3-FeSiO3, and yield a bm composition with about 16mol%
FeSiO3 for ΔT of 750 K and Δρ of 1.25%. At the same ΔT, the neutrally
buoyant bm composition will have 12.2mol% FeSiO3 (grey stippled
line).
Because the FeSiO3 and FeAlO3 components have similar molar

weights of 131.9 and 130.8 g, respectively, i.e. about 31% higher than
that of MgSiO3 (100.4 g), the densities might be similar for the two iron
components. Our preliminary DFT results indicate that the volume and
density of bm with 16mol% FeAlO3 are 0.6% higher and 0.7% lower,
respectively, than those of bm with 16mol% FeSiO3 at 120 GPa and
3000 K. Replacing 16mol% FeSiO3 by 16mol% FeAlO3 in the LLSVP
bridgmanitic layer would therefore amount to< 0.01% of an inferred
density contrast of 1.25% between the LLSVPs and the surrounding D″
zone, assuming that the thermal expansion of the two bm solid solu-
tions are broadly similar. In spite of considerably lower bulk modulus,
K0, and its pressure derivative, K′, for the FeAlO3 component of bm
compared to those of the FeSiO3 component (e.g. Caracas, 2010;
Kurnosov et al., 2017), Caracas (2010) also found a 0.2% density re-
duction of bm with 16mol% FeSiO3 at 120 GPa and the static limit (0 K)
compared to that for bm with 16mol% FeAlO3.
Fractional crystallisation of a BMO affected by core-mantle ex-

change is expected to enrich both Al and Fe in the residual melt. The
Al2O3 solubility in bm appears to be well below 10mol% at D″-pres-
sures, which might favour a high proportion of the FeAlO3 component
(Mohn and Trønnes, 2018). At a given temperature the FeSiO3 com-
ponent alone would reduce the pressure of the bm-pbm transition re-
lative to MgSiO3 considerably (e.g. Mao et al., 2004; Mohn and
Trønnes, 2018), whereas the FeAlO3 component would not change the
pressure of the transition much, because the MgSiO3-FeAlO3 phase loop
is flat and narrow, i.e. nearly constant in pressure (Mohn and Trønnes,
2018). The observations that the D″-discontinuities are confined mainly
to the longitudinal high-velocity belt under the Arctic, Asia, Australia,
Antarctica and the Americas (Cobden et al., 2015; Lay, 2015), indicate
that the FeAlO3 component may be the dominating iron components in
bm in the LLSVP base layer. Koelemeijer et al. (2018) infer the presence
of pbm in basaltic lithologies in the LLSVP domains up to about 300 km
above the CMB. In this pressure range, pbm is expected in a basaltic
lithology, containing about 34mol% pbm with 21, 9 and 7mol% of the
FeAlO3 and FeSiO3 components, respectively, assuming a temperature
profile of 500 K above the Stixrude et al. (2009) geotherm and 1300 K
above the Nishi et al. (2014) slab geotherm. An underlying base layer of
100–150 km thickness dominated by bm with 16 and 6mol% of the
FeAlO3 and Al2O3 components, respectively, would remain within the
bm stability field according to the result of Mohn and Trønnes (2018).
This observation appears to be consistent with relatively thin high-
viscosity bridgmanitic base layers of the LLSVPs, overlain by basaltic
piles, largely in the pbm stability field (Fig. 23).
The collection and subsequent stabilisation of bridgmanitic material

with elevated density, viscosity and bulk modulus into two separate

antipodal LLSVP piles of 100–200 km thickness in equatorial positions
might have been facilitated by a pre-existing degree-2 convection pat-
tern, possibly active already during the BMO stage. Such a convective
pattern with two antipodal upwelling columns and a wide longitudinal
belt of sinking flow would sweep the dense material at the CMB into the
root zones of the rising flow columns. Through the subsequent Earth
evolution, the LLSVP piles might remain stable, not only by their ele-
vated density and viscosity, but also by the degree-2 convection (e.g.
Wolf et al., 2015).

5. Summary, discussion and conclusions

5.1. Accreted materials and core and mantle compositions

The accretion of the two outermost differentiated bodies, Vesta and
Mars appears to have been terminated at the planetesimal and plane-
tary embryo stages, respectively (e.g. Dauphas and Pourmand, 2011;
Touboul et al., 2015). The interrupted accretion, in particular for Mars
and possibly for Vesta, might be related to disc disruption caused by the
inwards and outwards migration of Jupiter and Saturn at about 3–4My
after t0 (Walsh et al., 2011). Therefore these two bodies received in-
significant CC-group material from outside the proto-Jupiter orbit
(about 5 AU), as indicated by their O-Cr-Ti-Ni-Ca-isotope systematics
(e.g. Warren, 2011; Dauphas, 2017). Vesta and Mars may have grown
from OC-ureilite mixtures and from OC material, respectively. Mercury,
Venus and Earth grew mainly from EC-like material, which orbited
closer to the Sun than corresponding EC and aubrite meteorite samples
from the inner part of the main asteroid belt (e.g. Dauphas, 2017;
Render et al., 2017). The EC- and aubrite-like material building the
Earth had higher proportions of s-process Mo-isotopes than the corre-
sponding samples in our meteorite collections. Earth, and possibly also
Venus, received considerable amounts (up to 50%) of more oxidised
non-EC material during the initial 60% accretion stage, probably also
caused by time-limited disc disruption related to the early gas giant
migration.
The bulk planetary oxygen fugacities of 4.6, 2.4, 2.2, 1.9, 1.4 and

1.1 log-units below IW for Mercury, Venus, Earth, Moon, Mars and
Vesta, respectively, are most sensitive to the large ranges in the
FeOmantle contents, which are 0.5, 6.3, 8.1, 12.4, 17.9 and 23.9 wt% in
the same order. The Earth's bulk mantle composition is inferred to be
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Fig. 24. Temperature difference between thermochemical piles dominated by
bridgmanite (bm) and PREM (Dziewonski and Anderson, 1981) versus bm
composition at 120 GPa with contours for the difference (%) in density and
adiabatic bulk modulus. From Wolf et al. (2015). The large black cross, re-
presenting estimated density and temperature differences of about 1.25% and
750 K between the LLSVPs and the ambient D″ mantle, indicates a bm com-
position with 16mol% combined FeSiO3 and/or FeAlO3. With a ΔT of 750 K at
120 GPa, the neutrally buoyant bm will have 12.2mol% FeSiO3 (grey stippled
line).
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broadly pyrolitic, before limited modification of the lowermost mantle
related to chemical interaction between the core and a basal magma
ocean (BMO).
The MESSENGER results indicate equilibration of three strongly O-

deficient liquids at the CMB pressure of about 5.7 GPa, providing very
useful constraints on the Mercury core composition. The three liquids
included a silicate magma ocean with about 10wt% S and 0.5 wt% FeO,
an FeS-dominated melt at the CMB and an Fe-dominated core alloy with
15 wt% Si and 1wt% S. Recent experiments on O-deficient composi-
tions (Morard and Katsura, 2010; Malavergne et al., 2014; Wood and
Kiseeva, 2015) define the phase relations, and core and mantle com-
positions are further supported by density and size constraints for the
core and mantle (Hauck et al., 2013; Knibbe and van Westrenen, 2018).
Strong gradients in velocity and density in the outermost 445 km

of Earth's core might suggest an outer stagnant E′-layer with Si-de-
pletion and O-enrichment relative to the convecting outer core (e.g.
Brodholt and Badro, 2017). We infer a present core composition with
3.6 wt% Si and 3.0 wt% O, within the range of Badro et al. (2015),
which is based on constraints from seismology and mineral physics.
The E′-layer gradient is mainly ascribed to chemical core-BMO ex-
change. Our Venus core compositional estimate (6.2 wt% Si, 2.3 wt%
O) is on a vector from Mercury to Earth and the distance along the
vector is scaled to the FeOmantle compositions. The impact of a reduced
Mercury- and aubrite-like Theia on the Earth would probably have
incorporated some sulfide (not included in Table 2) with elevated
concentrations of U and Th into the Earth's core (Wohlers and Wood,
2015, 2017; Wade and Wood, 2016; Greenwood et al., 2018), pro-
viding additional heat and geodynamo power. The cores within the
more oxidised smaller bodies, Mars and Vesta, are S-rich (13–14 wt%
S) due to the liquidus phase relations in the system Fe-FeS-FeO with
the ternary eutectic close to the Fe-FeS join and a large immiscibility
gap with a high-temperature solvus surface, covering most of the
ternary field and the Fe-FeO join.

5.2. Magma ocean crystallisation, melt accumulation zones and dense
cumulates

An immediate petrological discovery emerging from the Apollo
program was the concept of planetary magma oceans (Smith et al.,
1970; Wood et al., 1970). Thick anorthositic highland crust and the
very distinct low-Ti, high-Ti and KREEP basalts, covering the nearside
mare basins, originated by partial melting of the disrupted magma
ocean cumulates dominated by olivine-orthopyroxene-, clinopyr-
oxene-ilmenite and solidified late-stage residual melts, respectively.
The mare basalt volcanism itself might have been triggered by the
sinking of dense mantle cumulates, especially the clinopyroxene-il-
menite cumulates and possibly also KREEP-material, located at
shallow mantle depths. The preferential segregation of magma ocean
KREEP-type residual melt under the nearside Procellarium KREEP
terrain would in itself promote the mare basalt magmatism in this
region (Laneuville et al., 2013). The preservation of the primary an-
orthositic lunar highland crust, formed by plagioclase floatation, is
unique in the Solar system, although Mercury might have had a cor-
responding magma ocean crust of graphite (Vander Kaaden and
McCubbin, 2015).
Mars, Venus and Earth have neutral buoyancy levels for olivine

versus peridotitic or komatiitic melt at about 11 GPa and melt accu-
mulation zones at 14–15 GPa. Residual melts with elevated Fe/Mg-
ratios would evolve in the melt accumulation zones, giving rise to high
density cumulates that could sink to the CMB or into a partially molten
BMO after thermal equilibration in the transition zone (e.g. Lee et al.,
2010). Due to the strong partitioning of Fe and Mg to melt and solids,
respectively, especially at pressures exceeding 80–100 GPa, Venus and
Earth probably developed an upper and a basal magma ocean, crys-
tallising from the bottom and from the top, respectively. After rela-
tively extensive crystallisation, the upper magma ocean would be

divided in two at the neutral buoyancy level at 11 GPa. Mars, Venus
and Earth would barely have had primary crust from anorthositic
floatation products. The depth range of plagioclase stability (1 GPa) is
much greater in the Moon and Mars than in Venus and Earth. Without
extensive core-BMO exchange, an advanced downwards BMO crys-
tallisation with a KDbm/melt(Fe/Mg) of about 0.1 would have yielded
residual melts and associated cumulates with extremely high Fe/Mg-
ratios.

5.3. Core-mantle chemical exchange and modification of the lowermost
mantle

The bulk planetary oxygen fugacities (Sections 2.2 and 5.1) indicate
that the cores of the large planets, in particular, are far from equili-
brium with their corresponding mantles. Core segregation with super-
heating of the early magma oceans and cores would have driven the
equilibrium:

+ = +SiO 2Fe 2FeO Si2
sil met sil met

towards the product side, increasing the fO2 and silicate magma FeO
content, coupled with considerable partitioning of Si into the cores
(Fig. 5). Additional effects of high core segregation temperatures might
have been the dissolution of minor amounts of other major oxides like
MgO and Al2O3 into the cores. At 4000 K the solubilities of these oxides
are lower than 0.6 wt%, but at 6000 K they might be as high as 2–3 wt%
(Fig. 6). The exothermic exsolution of such components during core
cooling will develop heat and buoyancy, adding to the geomagnetic
driving force prior to the inner core crystallisation (O'Rourke and
Stevenson, 2016). More important, however, is probably the exsolution
of Si as SiO2 (Hirose et al., 2017a), coupled with dissolution of FeO and
Fe2O3 from the BMO melt and indirectly from the coexisting bm and fp.
Silica crystallisation in response to decreasing Si-solubility in the core
with decreasing temperature and increasing pressure is reflected by the
mutual incompatibility of O and Si in Fe-dominated metal. Several
experimental and thermodynamic modelling studies have shown that
the core is strongly undersaturated with O, implying that FeO and
Fe2O3 from bm, fp (e.g. Takafuji et al., 2005; Frost et al., 2010) and
BMO melt would readily dissolve in the core metal unless the BMO was
completely solidified such that the solid state diffusion rates, especially
in bm, were the limiting factors (Holzapfel et al., 2005). Post-bridg-
manite, which has a much higher diffusion rate (Amman et al., 2010)
would probably not be present in direct contact with the core due to its
low entropy and thermal stability. If bm and fp were in equilibrium
with the core at 136 GPa and 4000 K, their Mg# would be about 99,
which is much higher than Mg# of about 90 for bm and 83 for fp in the
ambient peridotitic mantle.
Silica transfer from the core to the BMO as ascending and assim-

ilating silica crystals, and possibly as SiO2 from Si-enriched metal alloy
plumes, combined with extraction of FeO and Fe2O3 from the BMO,
dissolving into the core, would stabilise bm as the first liquidus phase
and prolong the period of early bm crystallisation. Early bm-dominated
cumulates would be refractory and viscous and might have partly sur-
vived the latest impact and heating events. The positive and μ(142Nd)
and possibly also positive μ(182W) isotopic anomalies, recorded by
Baffin Island and Ontong Java plume head basalt (Rizo et al., 2016; but
see also Kruijer and Kleine, 2018), indicate that refractory mantle
source heterogeneities might have survived as solids, probably near the
lower mantle neutral buoyancy level, through the latest magma ocean
event following the Earth-Theia collision. Subsequent convective ag-
gregation of such viscous, refractory and neutrally buoyant materials in
the solid lower mantle would tend to preserve it as large blobs or
BEAMS (bm-enriched ancient mantle structures) through the Earth's
history (Becker et al., 1999; Ballmer et al., 2017; Hirose et al., 2017b).
The transfer of iron oxides from the BMO into the core and silica in the
opposite direction would therefore change the bulk composition of the
mantle slightly in the direction from peridotitic towards pyroxenitic or
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bridgmanitic. Late-stage cumulates with relatively high bm/fp ratio and
a bm with about 16mol% of the FeAlO3 component may form suitable
100–200 km thick base layers of the LLSVPs. Such LLSVP layers, re-
maining in the bm stability field, would have high viscosity and bulk
modulus, and a density excess of 1–1.5% relative to the ambient D″
zone, assuming a temperature excess of 750 K for the LLSVPs at about
128 GPa. Whereas such LLSVP piles comprise only about 0.9% of the
lower mantle volume, the refractory blobs or BEAMS might constitute
15–30 vol%.

5.4. Core-mantle redox relations and the transfer of O through the Earth

The O-undersaturation of the Earth's core and its disequilibrium
with the mantle is related to cooling of the Earth from initial condi-
tions of high temperature magma oceans in which the silicate-metal
separation occurred. Whereas high MO temperatures would partition
reduced Si into the core and FeO into the MO (Fig. 5), decreasing
temperatures would lower the Si-solubility in the core and induce
precipitation of silica (Figs. 21−22). If the molar ratios
SiO2precipitated/FeOdissolved and SiO2precipitated/FeO1.5dissolved exceed 0.5
and 0.67, respectively, the core would become even more O-under-
saturated. The transfer of silica crystals from the outermost core to the
BMO and Fe-oxide components in the opposite direction might have
proceeded until the outermost E′-layer composition (0.4 wt% Si, 6.7
wt% O) reached the 4000 K contour on the silica liquidus surface, as
indicated in Figs. 21–22. The core-mantle chemical exchange would
also be greatly reduced after the complete solidification of the BMO.
At the present, limited exchange might be focussed through the ultra-
low velocity zones (Fig. 23), which by themselves might have origi-
nated as remnants of the BMO (e.g. Trønnes, 2010). ULVZs, com-
prising a convecting mixture of molten Fe-alloy in a solid matrix of
MgSiO3-dominated bm and cpv, may approach equilibrium with the
top of the E′-layer and be continuously replenished by eutectic Fe-C
melts (97.8 wt% Fe) from subducted basaltic ROC materials (Liu et al.,
2016). The expected O, C and Si concentrations in the evolved and
largely equilibrated molten Fe-alloy might be about 7, 2 and< 1wt%,
respectively. A continuous replenishment of Fe-dominated alloy from
partially melting ROC, coupled with some leakage to the E′-layer,
would imply a very slow core growth and associated oxidation of the
D″ zone and bulk mantle.
With a completely solid mantle and no transfer of a molten Fe-alloy

to the E′-layer, solid state mantle convection combined with limited
diffusional exchange across the CMB would result in O-migration to the
core and weak reduction of the deep mantle. Upper mantle peridotites
without secondary alteration have Fe3+/Fetotal molar ratios of about
2% (Canil and O'Neill, 1996), whereas oxidised sediments, altered
oceanic crust and depleted harzburgite in subducting slabs have much
higher ferric iron proportions. With no silica transfer from the core to
the mantle, the transfer of only FeO from the mantle to the core would
therefore increase the iron oxidation state in the mantle. It is likely,
however, that trivalent Fe oxide would have the same or even stronger
tendency to diffuse through the CMB. The continuous ferrous iron oxide
disproportionation to ferric and metallic iron associated with bm for-
mation near the top of the lower mantle (e.g. Frost et al., 2004; Frost
and McCammon, 2008), however, reduces the lower mantle con-
siderably. The phase transition from ringwoodite and garnet to bridg-
manite and ferropericlase in the uppermost lower mantle produces the
essential FeAlO3 component in bridgmanite and a coexisting Fe-metal
phase, according to the reaction:

+ + =
+ + +

(2Fe SiO 2Mg SiO ) Al O
(2FeAlO 4MgSiO ) FeO Fe

2 4 2 4
rw

2 3
from ga

3 3
bm fp metal alloy

Even in the D″ zone, bm is likely to retain much of the FeAlO3
component, although Prescher et al. (2014) recorded a slightly de-
creasing proportion at pressures exceeding 90 GPa in an experimental

study on a peridotitic bulk composition. Their experiments indicate a
decrease from 5mol% FeAlO3 at 60–80 GPa to 3mol% at 100–130 GPa,
combined with an increase from 5 to 6mol% FeSiO3 and from 0.5 to 1%
Al2O3. The crystal chemical changes of Prescher et al. (2014) may be
explained by the following two reactions:

+ = +2 FeAlO Fe Al O 3 FeO3
bm metal alloy

2 3
bm fp

+ = +FeO MgSiO MgO FeSiOfp
3

bm fp
3

bm

At the BMO-stage, the O-undersaturation in the core could be effi-
ciently reduced by bm-core exchange, via an interstitial silicate liquid,
according to bm-core reactions involving ferric iron oxide dissolution in
the core:

= +2 FeAlO Al O Fe O3
bm

2 3
bm or CF structured phase

2 3
to core

+ + = + +2 FeAlO SiO MgO Fe O (MgSiO Al O )3
bm

2
from core fp

2 3
to core

3 2 3
bm

The last reaction would transfer 2 O from the core and 3 O into the
core. Although the two last reactions cannot explain the experimental
results of Prescher et al. (2014), they are likely to have contributed to
a reduced lowermost mantle with low proportion of the FeAlO3
component in bridgmanite. As shown by Takafuji et al. (2005), Frost
et al. (2010) and Otsuka and Karato (2012), there is no chemical
tendency for metal alloy grains in the lowermost mantle to dissolve
into the core. During the BMO period, however, dense Fe-alloy drops,
formed by cyclic crystallisation and dissolution of bm and recharged
with some O, might have descended into the core (Fig. 20). This
process would presumably have oxidised both the core and the BMO,
and Andrault et al. (2018) suggested that mantle convection, bringing
the solidified BMO material to the upper mantle, might have oxidised
the Earth's surface. The Fe-alloy drops would likely acquire a higher
O-content than that of the outermost core before crossing the CMB,
but their O-concentration must have been significantly lower than 22
and 30 wt%, corresponding to the oxides FeO and Fe2O3, respectively.
The evidence for an outermost stagnant E′-layer enriched in O and
depleted in Si relative to the convecting outer core (Brodholt and
Badro, 2017) appears to support core-mantle chemical exchange
during the BMO lifetime.
The Earth's crust and mantle have been oxidised from the atmo-

sphere and hydrosphere throughout Earth history. H2O molecules de-
gassed from volcanoes, even at the magma ocean stage, would be ex-
posed to photo-dissociation in the upper atmosphere with loss of
hydrogen to space. Volcanic degassing of H2O occurred on Venus also,
but its position closer to the Sun might have prevented condensation to
form glaciers, lakes and oceans. Venus might therefore have reached a
nearly desiccated state, and the lack of a hydrosphere would prevent
carbonate precipitation, resulting in the runaway CO2 greenhouse effect
(e.g. Wood, 1979). The gradually developing photosynthesis on Earth
appears to have increased the fO2 of the atmosphere both gradually and
stepwise in the 2.4 to 0.54 Ga period (e.g. Lyon et al., 2014; Andersen
et al., 2015), and oxidised surface materials are continuously injected
into the convecting mantle by subduction. In spite of minor leakage of
Fe-alloy melt from the ULVZs to the core, the net oxygen transport in
the present-day Earth might therefore be from the surface, via the
mantle, to the core.

5.5. Recent progress and future challenges

Our insights into the provenance and accretionary evolution of the
terrestrial planets have developed rapidly within this decade.
Hydrodynamic simulations and isotopic studies have shown that early
growth and migration of the gas giants disrupted the protoplanetary
disc and enabled oxidised material beyond the original Jupiter orbit to
migrate inwards (e.g. Walsh et al., 2011; Morbidelli et al., 2012;
Warren, 2011; Kruijer et al., 2017). This has provided useful constraints
on accretionary time scales and material provenance. The long-held
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suspicion that the Earth's geochemical fingerprint is EC-like (Javoy,
1995) is supported by recent isotope geochemistry, which also indicates
that the most reduced material arrived late, partly by the Earth-Theia
collision and during the late veneer stage (e.g. Dauphas, 2017; Render
et al., 2017; Greenwood et al., 2018). An emerging view is that Theia
itself was a Mercury- or aubrite-like body, 1–2 times the mass of Mars
(e.g. Wade and Wood, 2016; Greenwood et al., 2018). The MESSENGER
and Dawn missions provided extremely useful data on the innermost
and reduced Mercury and the outermost, differentiated and oxidised
planetesimal, Vesta. The Mercury data included surprises in terms of an
extremely reduced planetary environment, whereas the Vesta data
confirmed the results from geochemical investigations of the HED-me-
teorite collections and provided detailed surface and planetary struc-
ture information. Recent rover-based investigations of Mars have also
been useful. The imminent planetary missions to Mercury (BepiCo-
lombo mission, ESA-JAXA mission) and the Psyche mission to a metallic
asteroid (a NASA, Discovery Mission) will hopefully provide renewed
momentum in the exploration of the terrestrial planets. Sample-col-
lection missions to the Moon and Mars and renewed mapping of Venus
would be important additional initiatives. Further developments of the
analytical instruments and methods in isotope geochemistry, coupled
with better and more accurately located planetary samples, will pre-
sumably expand our understanding of accretion and core segregation
processes.
Experimental studies covering the pressure and temperature

ranges of the Earth's mantle and most of the core have given valuable
constraints on the subsolidus and melting phase relations of silicate
and Fe-dominated metallic materials. Studies of Fe/Mg partitioning
between bridgmanite and melt in peridotitic compositions (e.g. Tateno
et al., 2014), coupled with density measurements (e.g. Petitgirard
et al., 2015), support the notion of neutral buoyancy between the first
bm crystals and the magma ocean melt at about 1700–1800 km depth
and confirm the formation of a BMO, as suggested by Labrosse et al.
(2007). Whereas the concept of an O-undersaturated core was estab-
lished over a decade ago (e.g, Takafuji et al., 2005; Frost et al., 2010),
the realisation that complementary Si-saturation could be alleviated
by silica crystallisation is very recent (Hirose et al., 2017a). The
chemical exchange involving dissolution of FeO and Fe2O3 compo-
nents from the BMO into core metal, coupled with the buoyant rise of
silica crystals from the core, dissolving in the BMO, can explain the
bulk core composition, an outermost stagnant boundary layer (E′-
layer), as well as refractory and viscous bm-dominated domains and
thermochemical LLSVP-piles in the lower mantle. The initial study of
the liquidus phase relations in the system Fe-Si-O at CMB pressure
(Hirose et al., 2017a) has set the stage for further exploration of this
system throughout the core pressure range. This is experimentally
challenging and may be successfully complemented by ab initio ato-
mistic simulations. Although the solubility of Mg and Al in Fe-domi-
nated melts are lower than that of Si (e.g. Badro et al., 2016), high
temperatures during core segregation in the largest terrestrial planets
may incorporate at least 1–3 wt% of each of the elements at an ex-
pected protocore temperature of 5600 K (Laneuville et al., 2018) or
higher. Further experimental and ab initio theory investigations
within the system Fe-Mg-Al-O at pressures above the 35–74 GPa
pressure range of Badro et al. (2016) are needed.
Mantle and core convection modelling is also an essential approach

towards a fuller understanding of planetary dynamics. The Earth's
mantle, including the D″ zone, encompasses large viscosity ranges that
have barely been explored in convection models beyond a re-
connaissance level. Global convection models have not fully explored
the observed the degree-2 mantle and geoid structure observed for the
Earth and other terrestrial planets, except Venus (Steinberger et al.,
2010). Exploring different ranges and combinations of parameters, in-
cluding gravity fields modulated by planetary rotation, to obtain such
convection patterns might be a fruitful approach. The two most rapidly
rotating terrestrial planets, Mars and Earth, have currently also the

most pronounced degree-2 gravity structures, and a central question for
the Earth is whether the degree-2 structure and convection pattern
could have originated during the period of extra high rotation rates in
the Hadean and Archean.
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Supplementary information 

Figures S1-S4. 

 

 

 

   

Fig. S1. Liquidus phase relations in the Fe-rich part of the system Fe-Si, 50-145 GPa (Fischer et al. 2013; Ozawa 

et al. 2016). Abbreviations: fcc, face-centred cubic structure;  hcp, hexagonal close-packed strucrure;  B2, CsCl-

structure. This binary system is part of the ternary systems Fe-Si-S and Fe-Si-O, which are discussed based on 

Figs. 3, 19, 20 and 21.   



 

Fig. S2. Liquidus phase relations in the Fe-rich part of the system Fe-C, 5-330 GPa (Fei and Brosh, 2013).  

Abbreviations: fcc, face-centred cubic structure;  hcp, hexagonal close-packed strucrure;  gr, graphite;  dia, 

diamond. The eutectics close to Fe at 136 GPa, 3690 K and 330 GPa, 5140 K indicate that the outer liquid core, 

as well as a potential Fe-C melt fraction of the ULVZs (Liu et al. 2016) might hold up to 2 wt% C.  Solid Fe7C3 

and Fe3C might conceivably be phases present in the inner core and the ULVZs, respectively. 



 

Fig. S3. Liquidus phase relations in the Fe-rich part of the system Fe-S, 1 bar to 250 GPa (based mostly on Mori 

et al., 2017, other references in legends).  The two upper panels show the compositional shift of the Fe-rich 

eutectic as a function of pressure at 0-15 GPa (left) and 15-250 GPa. This binary system is part of the ternary 

system Fe-Si-S, which is discussed based on Fig. 3. 

 

 

 

Fig. S4. Liquidus phase relations in the Fe-rich part of the system Fe-O, 50-330 GPa (Komabayashi, 2014). This 

binary system is part of the ternary system Fe-Si-O, which is discussed based on Figs. 19, 20 and 21. 
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