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ABSTRACT

The global circulation driven solely by relaxation to an idealized surface temperature profile and to interior

mixing is examined. Forcing by winds and evaporation/precipitation is excluded. The resulting circulation

resembles the observed in many ways, and the overturning is of similar magnitude. The overturning is

driven by large-scale upwelling in the interior (which is relatively large, because of the use of a constantmixing

coefficient). The compensating downwelling occurs in the northern North Atlantic and in the Ross and

Weddell Seas, with an additional, smaller contribution from the northern North Pacific. The latter is weaker

because the Bering Strait limits the northward extent of the flow. The downwelling occurs in frictional layers

near the boundaries and depends on the lateral shear in the horizontal flow. The shear, in turn, is linked to the

imposed surface temperature gradient via thermal wind, and as such, the downwelling can be reduced or

eliminated in selected regions by removing the surface gradient. Doing so in the northern North Atlantic

causes the (thermally driven) Antarctic Circumpolar Current to intensify, increasing the sinking along

Antarctica. Eliminating the surface gradient in the SouthernOcean increases the sinking in theNorthAtlantic

and Pacific. As there is upwelling also in the western boundary currents, the flow must increase even more to

accomplish the necessary downwelling. The implications of the results are then considered, particularly with

respect to Arctic intensification of global warming, which will reduce the surface temperature gradient.

1. Introduction

The buoyancy-driven circulation (BDC) is central to

the climate system. It is responsible for a substantial

fraction of the global heat transport and for the se-

questration ofCO2 to the abyss, where it resides for

hundreds to thousands of years. The BDC, however, is a

complex system. With deep western boundary currents,

distributed (and poorly characterized) regions of up-

welling and downwelling, and complex interbasin con-

nections, the BDC defies simple characterizations (e.g.,

Bryan 1987; Colin de Verdière 1988; Marotzke 1997).

Atmospheric heat transport acts to reduce the lat-

itudinal surface temperature gradient imposed by solar

heating (e.g., Marshall and Plumb 2007). This temperature

gradient also impacts the ocean, as it is associated with

surface zonal shear due to the thermal wind relation.

Other mechanisms affect the surface density, such as

evaporation/precipitation and icemelt, but surface heating

is large scale and, excluding seasonal variations, relatively

constant. Nevertheless, thermal forcing is often over-

looked in favor of wind forcing (Toggweiler and Samuels

1995; Gnanadesikan and Hallberg 2000; Nikurashin and

Vallis 2012; Marshall and Speer 2012).

It is well known that the extent to which surface tem-

perature forcing affects the circulation depends on vertical

mixing. In the absence of mixing, the BDC would be

confined to a vanishingly shallow surface layer, and cold,

downwelled waters would fill the abyss (Sandström 1908;

Paparella and Young 2002). Thus, wind- and tidal-induced

stirring is required for the downward penetration of the

thermocline (Hughes et al. 2009; Saenz et al. 2012). The

tides by themselves have little direct impact on the large-

scale overturning (Munk and Wunsch 1998; Waterhouse

et al. 2014), but the winds certainly do, affecting the di-

rection and strength of flow in the western boundary cur-

rents (WBCs) and driving overturning in the Southern

Ocean viaEkman suction. Indeed, the latter has been cited

as a principal cause of global overturning (e.g., Toggweiler

and Samuels 1995; Gnanadesikan and Hallberg 2000;

Nikurashin and Vallis 2012; Marshall and Speer 2012).

But how much of the observed circulation can be

accounted for without wind forcing? Excluding winds is
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easily done with models, as the vertical mixing is im-

posed rather than generated by the winds and tides. This

is not as unusual as it sounds, since tides are not simu-

lated in climate models, but tidal mixing is retained.

Nevertheless, the global BDC has been studied only

rarely in the absence of wind forcing.

Knowing how thermal forcing affects the overturning is

important for a number of reasons: for example, when

assessing how the ocean will to respond to climate

change. Preferential warming in the Arctic, with the as-

sociated loss of sea ice and snow cover, will alter the

surface temperature gradient in the Northern Hemi-

sphere (NH) (Serreze and Francis 2006; Screen and

Simmonds 2010). But the importance of this contribution

in particular, compared to changes in freshwater input

from glacial melting or in wind forcing, is not known.

Much of our understanding about the BDC comes

from idealized models, both theoretical and numerical

(e.g., Robinson and Stommel 1959; Pedlosky 1969;

Bryan 1987; Colin de Verdière 1988; Marotzke 1997;

Huck et al. 1999; Marotzke and Scott 1999; Park and

Bryan 2000, 2001; Huck and Vallis 2001; LaCasce 2004;

Pedlosky and Spall 2005; Park 2006; Schloesser et al.

2012; Gjermundsen and LaCasce 2017, hereinafter

GL17). Such studies are directly relevant here and are

discussed further in section 3. Simulations with realistic

bathymetry are far fewer (Cox 1989; England 1993; Cai

1994; Cai and Baines 1996; Saenko et al. 2002). Cai

(1994) and Cai and Baines (1996) used coarse-resolution

ocean models to this end, relaxing the surface temper-

ature and salinity to observed values. The resulting cir-

culation resembled that in the ocean in many ways, with

intensifiedWBCs, deep water formation in the northern

North Atlantic and in the Ross and Weddell Seas, and a

realistic overturning. Saenko et al. (2002) also examined

the BDC, using a fully coupled climatemodel, and found

that thermal forcing is the main driver of the Atlantic

overturning, with haline forcing playing a secondary

role. But while such studies indicate that thermal forcing

is important, the detailed aspects of the circulation were

not fully examined.

Here, we study the steady BDC using a globally con-

figured general circulation model, forced solely by an

idealized surface temperature profile. The latter is hem-

ispherically and zonally symmetric tomimic solar heating

alone (using observed surface temperatures is less desir-

able, as those are affected by ocean heat transport).

The resulting circulation bears many similarities to

the observed. It also resembles the flow observed in the

idealized studies, meaning those can be used to un-

derstand certain aspects, like the downwelling. Fur-

thermore, excluding wind forcing greatly facilitates

diagnosing the complex interbasin exchanges.

The model and experimental setup are discussed first.

Then, we examine the response, including the interbasin

exchange. To isolate the overturning associated with the

overturning in theNorthern and SouthernHemispheres,

we examine additional experiments in which the surface

forcing is altered in each. Last, we discuss the implica-

tions and directions for future work.

2. Model description

We use the Massachusetts Institute of Technology

general circulation model (MITgcm) (Marshall et al.

1997a,b) in an ocean-only configuration, with no sea ice.

The resolution is 18 3 18 cos(u) horizontally (where u is

latitude), with 24 vertical levels spanning 6 km. The

vertical resolution is 20m in the upper layers, increasing

to 900m at depth. Global ETOPO1 (Amante and

Eakins 2008) bathymetry was also used, interpolated to

the model grid. The surface temperature was relaxed

to a zonally uniform profile, given by 27cos(u), with a

restoring time scale of 1 month. The salinity was kept

constant, and no freshwater forcing was applied, so

buoyancy is determined solely by temperature.

Isopycnal mixing is parameterized as per the scheme of

Gent and Mcwilliams 1990 (GM) with a transfer co-

efficient of 1000m2s21 in the horizontal. An additional

simulation with a constant lateral diffusivity was run for

comparison. A constant background vertical diffusivity

ky 5 1024m2 s21 was also used, comparable to the globally

averaged estimate (Munk 1966; Waterhouse et al. 2014).

We conducted an additional runwith ky5 53 1025m2s21,

and those results are also discussed below. Convection is

represented through enhanced verticalmixing, inwhich the

vertical mixing is increased to 10m2s21 under unstable

conditions (Klinger et al. 1996).

3. Results from idealized models

As noted, the BDC has been studied extensively using

models with idealized geometry, often in a single

hemisphere. GL17 is one example, and they used forcing

like that in the present study. The solution with realistic

bathymetry shows numerous similarities with the simu-

lations of GL17, so a short summary of their findings is

given here for comparison.

The surface flow in the GL17 solution is shown in

Fig. 1. The flow in the interior is eastward in thermal

wind balance with the imposed surface temperature

gradient (Fig. 1, upper panel). The velocities are largest

in the north and weaker in the south. There is aWBC as

well, which flows north and feeds the interior. The

WBC is supplied by a current along the southern

boundary.
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In the vertical (middle panel), the interior surface flow

is eastward, and there is weaker westward flow at depth.

The latter cancels the former in a vertical integral, as

there is no barotropic flow with buoyancy forcing and a

flat bottom (e.g., Colin de Verdière 1988). The westward
flow surfaces in the south, constituting the current

feeding the WBC noted above. In the north, the zonal

flow extends to the bottom; this is due to convection

homogenizing the water column (GL17).

The WBC has a simple baroclinic structure with two

cores (lower panel). The surface flow is northward, and

the deeper flow, the model’s deep WBC, is to the south.

The surface core turns east at the northern wall and

proceeds to the eastern wall (upper panel), where it

downwells. The returning westward flow then feeds the

deep WBC. As such, the abyssal circulation resembles

that envisioned by Stommel and Arons (1959). The

vertical velocity is also similar (GL17), being largely

uniform and upward in the interior.

4. Results: Description of the control run

Shown in the right panel of Fig. 2 are temperature

transects from the global run from the Atlantic, Indian,

and Pacific Oceans, respectively. The upper ocean is

stably stratified with a thermocline extending to roughly

800-m depth, while the abyss is weakly stratified. The

latter mostly comprises the model’s Antarctic Bottom

Water (AABW). At high latitudes, where convection is

active, the temperature is nearly homogeneous. This is

especially evident close to Antarctica.

The profiles are reasonably realistic, as can be seen

when comparing to similar transects calculated with data

from the World Ocean Atlas (WOA) (Locarnini et al.

2013) (Fig. 2, left column). Note, though, the AABW is

approximately 68C warmer in the MITgcm simulation

because of the relaxation temperature, which is 78C at

758S. The SSTs in WOA are nearer to 21.58C. Thus, the
surface temperature gradients inWOA are stronger than

those simulated here. This implies that the thermal wind

shear in our simulations is somewhat less than in reality at

high latitudes. Note, too, that the WOA thermocline is

undulating, and the isopycnals outcrop in sharp frontal

zones in the Southern Ocean; this is due to wind forcing

(excluded in the MIT simulation). But otherwise, the

large-scale structure is similar.

a. Horizontal velocity fields

The horizontal velocities are plotted in Figs. 3 and 4.

Away from continental boundaries and the equator, the

surface flow in the interior is eastward and intensified at

high latitudes (Fig. 3). There are WBCs in all the basins,

feeding the interior flow, and most of the WBCs flow

poleward and are fed by equatorial flows that intensify

from east to west. All these features have counterparts

in the square basin simulations. The exception is the

Southern Ocean. The eastward flow there constitutes

the model’s ACC, which is solely thermally forced. The

current proceeds with relatively little meridional de-

viation around Antarctica.

At 1200m, the WBCs in the North Pacific and North

Atlantic are reversed, being southward (Fig. 4, upper

panel). In the North Pacific, the WBC feeds an east-

ward flow along the equator, but the deep WBC in the

Atlantic Ocean crosses the equator and eventually

joins the ACC, which is still eastward at this depth.

However, there is westward flow to the north of the

ACC, in the South Pacific, which starts just west of

Drake Passage. This flow splits east of New Zealand,

with a portion flowing south to rejoin the ACC and the

rest continuing westward, south of Australia and into

the Indian Ocean.

FIG. 1. Velocity figures from a square basin simulation using the

same temperature forcing as in this study. (top) Horizontal velocity

at the surface. The arrows indicate the direction, and the colors in-

dicate the strength of the flow. (middle) Midbasin transect (358E) of
the zonal velocity. (bottom) Midbasin cross section (458N) of the

meridional velocity.
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At 1900m (Fig. 4, middle panel), the flow in the

Northern Hemisphere is weak, except for the Atlantic

WBC, the model’s North Atlantic Deep Water

(NADW). This current is thus deeper than the corre-

sponding WBC in the Pacific. The NADW proceeds

along the length of the Atlantic basin, joining the ACC.

The latter is still eastward at this depth, but also narrower

than at the shallower depths. The westward flow in the

South Pacific is present as well, but weaker. The flow at

3300m (Fig. 4, bottom panel) is dominated by bottom

currents originating from the Ross and Weddell Seas.

These currents flow primarily beside ridges into the other

basins, weakening along the way because of mixing.

The vertical extent of the ACC is seen in the zonal

transects in Fig. 5. The current is strongest in the upper

2000m but reaches the bottom in some regions. The

transport inDrake Passage is 104Sv (1Sv[ 106m3 s21), a

significant fraction of the observed value (from 137 to

173Sv; Cunningham et al. 2003; Meredith et al. 2011;

Donohue et al. 2016). In the basins, the shallow flow is

eastward and deepens from the tropics to the poles, and

the flow beneath is westward, as in the square basin

(Fig. 1, middle panel). However, the flow is confined to

the upper 2500m; in the square basin simulation, the flow

in the convective region extended to the bottom (5600m).

The shallower extent here is due to bathymetry limiting

the depth of downwelling (e.g., Park and Bryan 2000).

Interestingly, there are also alternating zonal jets at

the equator. The most significant is an eastward jet,

reminiscent of the Equatorial Undercurrent. This shal-

lows to the east and is therefore not visible in the eastern

basin at 1200m (Fig. 4). Similar jets are present in the

Atlantic and Indian Oceans, but the Pacific undercurrent

is the most pronounced. Stacked jets are a well-known

feature of the equatorial Pacific (Picaut and Tournier

1991; Hua et al. 1997; Ménesguen et al. 2009), but it is

notable that they are obtained here with only buoyancy

forcing.

FIG. 2. Potential temperature transects of the (top)Atlantic (228W), (middle) Indian (668E), and (bottom)Pacific (1468W)

Oceans from the (left)WOA (Locarnini et al. 2013) and (right) MITgcm. The black lines show areas where the convective

index is greater than zero in the MITgcm simulation; that is, the vertical diffusivity is large due to enhanced mixing.

FIG. 3. Horizontal velocity at the surface. The arrows indicate the

direction and the colors indicate the strength of the flow.
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The vertical structure of the WBCs differs signifi-

cantly among the basins (Fig. 6). At 308N, the WBCs

flow north at the surface and south at depth, as in the

square basin. The structures in the North Pacific and

North Atlantic are similar, but the deep WBC in the

Atlantic is stronger and deeper. At the equator, the

WBCs in the Pacific are relatively weak, implying lim-

ited exchange with the other basins. In the Indian

Ocean, the surface WBC, the simulation’s Agulhas

Current, flows southward, and there is a northward flow

beneath. So there is exchange between the northern

Indian Ocean and other basins. The notable case though

is the Atlantic, which has three alternating cores at the

equator. The surface one flows north, the middle (the

NADW) flows south, and the bottom, a portion of

the AABW, is northward. These reflect the significant

interbasin exchange with the North Atlantic.

The southward-flowing Agulhas Current is also evi-

dent at 308S. There is also a double core of southward

flow in the western Pacific, east of Australia and New

Zealand respectively; these are related to the westward

flow north of the ACC mentioned earlier. In contrast,

there are four WBC cores in the Atlantic. The surface

core is poleward and forced locally in the South Atlantic,

while the second feeds the northward surface flow at the

equator and originates primarily in the ACC. The third is

the NADW, feeding the ACC, and the deepest, at

4000m, is the northward-flowing AABW. Similar north-

ward bottom currents are evident in all basins.

b. The overturning circulation

The cells of the meridional overturning circulation

(MOC) are shown in Fig. 7. These are calculated by

vertically integrating the meridional velocity in z co-

ordinates.1 Though a drastic simplification of the 3D

circulation, the cells highlight some differences. For one,

the strength of the northern overturning cells is related

to the basin geometry. The Atlantic overturning, at

17 Sv, is the strongest cell in the NH because the basin

extends farthest north. The Pacific basin, bounded at

648N, has weaker cell (10 Sv) confined to north of the

equator. And the Indian basin, bounded at 258N, has

essentially no northern cell. In the south, the AABW

cell is present in all three basins (as the southern

boundary, Antarctica, occupies roughly the same range

of latitudes in the basins). The cell is most pronounced in

the Pacific, however, the widest of the three basins.

The global overturning cells are shown in the upper-left

panel of Fig. 8. The northern and southern cells have

comparable amplitudes, roughly 25Sv. The northern cell

is limited to the upper 2000m and closes north of the

equator (the NADW, which extends farther south, is

obscured in the global zonal integral). The southern cell

extends to the bottom and actually comprises two sub-

cells. The northern cell is north of 608S, where continents
block the latitude lines. The southern cell is associated

with downwelling and upwelling in the Ross andWeddell

Seas, as seen next. The two subcells join in the Drake

Passage latitudes. The deep, northward-flowing branch is

the AABW. The shallower branch displays a prominent

dip to below 1000m. This follows because zonally aver-

aged meridional flow is only possible below the sill depth

(Gill and Bryan 1971; Toggweiler and Samuels 1995;

Warren et al. 1996). A substantial fraction of the south-

ward flow occurs just east of the Kerguelen Plateau, in a

broad core from 1000- to 2000-m depth (not shown).

Figure 9 shows the important locations for vertical

transport. Here, we distinguish the western boundary

FIG. 4. Horizontal velocity at (top) 1200, (middle) 1900, and

(bottom) 3300m. The arrows indicate the direction and the colors

indicate the strength of the flow. Note that the color bars differ.

1 The overturning streamfunction can also be calculated in density

coordinates, which is more representative of fluid parcel motion

(e.g., Döös andWebb 1994; Vallis 2006). We use z coordinates here,

for reference with the bottom depth and for comparison with the

idealizedmodels, but a description of the overturning in temperature

coordinates is included in the appendix.
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regions, defined by the lateral extent of the surface

WBCs, and the interiors. The depths differ and were

chosen based on the vertical structure of the WBCs, the

ACC, and theMOC.Broadly speaking, there is upwelling

over much of the interior and in the WBCs, while

downwelling occurs near the boundaries at high latitudes.

In the Atlantic, the upwelling in the interior and in the

WBCs is of similar magnitude (5–6Sv). The sinking occurs

primarily in the Labrador and Irminger Seas and in the

Icelandic basin. There is additional sinking in the Nordic

Seas, but the inflow is less than the observed, probably

because of model resolution. The total downwelling in the

region is about 17Sv, a value greater than the total up-

welling in the North Atlantic. The residual is supplied by

the cross-equatorial surface flow in theWBC, noted earlier.

About 50% of the NADW upwells north of the equator,

and an additional 25% upwells in the South Atlantic. The

remaining 4Sv is exported to the Southern Ocean.

In the North Pacific, 10 Sv downwells, mostly in the

northeast. As the sinking occurs at a relatively low lat-

itude, the downwelled waters are warmer and sink less

than in the North Atlantic. In addition, the interior up-

welling is much greater because the basin is wider. As

such, all of the downwelled water returns to the surface

north of the equator. The Pacific overturning is thus

confined to the North Pacific (Fig. 7, middle panel).

The Southern Ocean is the most complex region, with

areas of upwelling and downwelling over much of the

region. However, the major sites of AABW formation

are the Ross Sea and theWeddell Sea. More than half of

the AABW upwells along the slopes of Antarctica, as

inferred from the global MOC (Fig. 8, upper-left panel).

The rest of the AABW proceeds northward into the

basins. In total, 21 Sv of AABWwater enters the Pacific

and the Indian Oceans, while 6 Sv flows from the Wed-

dell Sea into the Atlantic. The waters upwell in the in-

teriors and in the WBCs and return.

5. Altering the northern sinking

The Atlantic and Pacific overturning cells differ in

both extent and strength. To make them more equiva-

lent, we altered the temperature forcing in the North

Atlantic by keeping the relaxation temperature constant

north of 648N (i.e., the latitude of the Bering Strait)

(Fig. 10, top panel). This is similar to what happens when

the region is covered by sea ice, although the surface

temperature here is above freezing. Note that this

FIG. 5. Zonal velocity transects of the Atlantic (228W), Indian (668E), and Pacific (1468W)

Oceans (i.e., the same transects as shown in Fig. 2).
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profile does not preclude flow or convection north of

648N; it simply eliminates the induced zonal shear.

The surface flow (Fig. 10, upper panel) changes little

from the control run. Despite there being no forced

zonal flow in the Nordic Seas, there is still inflow from

south of Iceland. But the sinking in the Nordic Seas is

reduced, as there is no longer flow toward Norway. In-

stead, the sinking is primarily south of Iceland, and the

downwelled waters are correspondingly warmer. The

result is that theAtlanticMOCweakens (to 13Sv) and is

confined to the upper 2000m. The cell also extends only

to 158S because the upwelling in the interior and in the

WBC, which is nearly the same as before, is sufficient to

close the overturning.

Significantly, both the AABW and the ACC strengthen

when the Atlantic MOC weakens. The AABW increases

by 1Sv, and the transport in Drake Passage increases to

112Sv, that is, an 8-Sv increase compared to the control run.

6. Altering the southern sinking

We then weakened the SH cell, removing the imposed

surface temperature gradient in the Southern Ocean by

setting the relaxation temperature to a constant value

south of Africa (Fig. 10, bottom panel). This changes the

circulation dramatically.

For one, the surface flow in the SouthernOcean is now

westward. Instead of having 104Sv of Drake Passage

transport, there is now 211Sv. As such, the flow over

the entire region south of Australia is westward, as op-

posed to in the control run, where it was westward only

in the blocked latitudes. The Agulhas and East Aus-

tralian Currents feed this flow, yielding a strong flow

impinging on the east coast of SouthAmerica. This feeds

the surface WBC in the Atlantic, which is stronger than

in the control run and northward over the entire basin.

That current is also deeper, as seen in the section at

1000m (Fig. 11, upper right), and the NADW is stron-

ger, as seen at 3300m (Fig. 11, lower right). Notice, too,

that the NADW splits in the South Atlantic, with a

portion flowing along the eastern side of the mid-

Atlantic ridge. Such a partitioning of the NADW has

been seen before in both observations and simulations

(Hogg 1983; Zangenberg and Siedler 1998; Hogg and

Thurnherr 2005; van Sebille et al. 2012). Both branches

exit the Atlantic and proceed eastward along ridges in

FIG. 6. Cross sections of themeridional velocity at (top) 308N, (middle) 08, and (bottom) 308S for the (left) Atlantic Ocean, (center) Indian

Ocean, and (right) Pacific Ocean.
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the Southern Ocean. The flow continues into the Indian

and Pacific basins, again on the eastern sides of bathy-

metric features (the Tonga–Kermadec Arc in the South

Pacific and off Madagascar in the Indian). Thus, the

NADW is the primary source of abyssal water in the

Indian and Pacific basins, in contrast with the control run

when the AABW was dominant.

The overturning has also strengthened in the North

Pacific. Now the downwelling is strong enough that the

WBC at 1000m flows across the equator. It continues

south of Australia and joins the westward flow in the

Southern Ocean. The Pacific WBC also extends much

deeper (2800m) than in the control run.

There are large differences in the vertical velocities as

well, especially at high latitudes (Fig. 12). The North At-

lantic downwelling has more than doubled (37Sv at

900m), with the largest increase occurring southeast of

Iceland. The upwelling in theWBChas also increased. The

result is that theNADWcellmore thandoubles in strength

(40Sv) and spans the entire depth of the Atlantic basin

(Fig. 8, lower right). The downwelling in the North Pacific

has also more than doubled (22Sv). The vertical velocities

in the Southern Ocean, on the other hand, are much

weaker and are usually associated with isolated bathyme-

try. But crucially, the interior upwelling is roughly the same

at low latitudes (308S to 308N) as in the control run.

7. Assessing the vertical motion and the
overturning

a. Dynamical balances

Three types of vertical motion occur in the model:

upwelling in the basin interiors, upwelling and down-

welling in lateral boundary layers, and localized vertical

motion in regions of strong flow curvature.

In the interior, the buoyancy equation is very nearly

in a vertical advective–diffusive balance:

w
›b

›z
’ k

y

›2b

›z2
, (1)

where w is the vertical velocity and b is the buoyancy.

(Recall that the vertical diffusivity ky is constant.) Thus,

downward diffusion from the surface is balanced by up-

welling, as suggestedbyMunk (1966).The stratificationover

much of the interior is nearly exponential, that is, b(z)} exp

(az), so that w ’ kya. 0 (for some constant alpha). This

accounts for the interior upwelling seen in Figs. 9 and 12.

Near the boundaries, lateral mixing dominates vertical

mixing. Buoyancy advection by the horizontal velocities

is also important, but often approximately cancels:

u
›b

›x
1 y

›b

›y
’ 0.

FIG. 7. The meridional overturning streamfunction for the (top) Atlantic Ocean, (middle)

Indian Ocean, and (bottom) Pacific Ocean. Positive (negative) values indicates clockwise

(anticlockwise) rotation. The Atlantic positive overturning cell spans the entire basin, while it

is confined to the northern basin in the Pacific. All three oceans exhibit a deep negative

overturning cell, which is the AABW cell.
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Thus, vertical advection balances lateral mixing:

w
›b

›z
’ ›

›h

�
k
h

›b

›h

�
, (2)

if h is the coordinate normal to the boundary and kh is the

horizontal diffusivity. As such, the vertical velocity depends

on the lateral shear, as the tangential velocity is nearly in

thermal wind balance with the normal buoyancy gradient:

w
›b

›z
5 f

›

›h

�
k
h

›

›z
(ĥ3u) � k̂

�
, (3)

where f is the Coriolis parameter and u is the horizontal

velocity. So, for example, next to the western boundary,

w
›b

›z
5 f

›

›x

�
k
h

›y

›z

�
. (4)

Both the vertical shear yz of the meridional velocity and

the buoyancy gradient bz are positive in the NH WBCs.

Thus, w has the same sign as yx (GL17). There is up-

welling adjacent to the wall, due to the no-slip condition

on the wall, and downwelling offshore (see Fig. 9). The

same argument explains the boundary upwelling and

sinking in the South Atlantic and also adjacent to the

Antarctic coast. In the latter case, w } 2fuyz. Thus, w is

positive where the shear is positive—for example, in the

region from 08 to 1358E—and negative where the shear is

negative, as in the eastern portions of theRoss andWeddell

Gyres.Note thehorizontal flow reverses in the latter (Fig. 4,

middle panel), consistent with the change in sign of w.

Thus, in both the interior and the lateral boundary

layers, vertical buoyancy advection is balanced by mix-

ing. This suggests w can be estimated by dividing the

total mixing by the buoyancy gradient, as plotted in

Fig. 13. The resulting field compares well to the actual

one (Fig. 9). The interior upwelling is nearly the same,

particularly at low latitudes, and the upwelling in the

western boundary layers and near Antarctica is cap-

tured. Where the mixing-based estimate is less success-

ful is in the sinking regions in the North Atlantic and

North Pacific and in the Ross and Weddell Seas. This is

because the stratification in these regions is weak be-

cause of convection. Nevertheless, mixing determines

the vertical velocity over much of the domain in

the model.

FIG. 8. The global meridional overturning streamfunction for (top left) the control run, (middle left) without the

GM parameterization, (bottom left) with reduced vertical diffusivity, (top right) with reduced North Atlantic

forcing, and (middle right) with reduced Southern Ocean forcing. Positive (negative) values indicate clockwise

(anticlockwise) rotation.
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The mixing-based estimate also misses the localized

upwelling and downwelling in the interior Southern

Ocean. Here, the vertical motion derives from meridi-

onal motion of the ACC. Integrating the Sverdrup re-

lation yields

ð0
z

y(z) dz5
f

b
[w(0)2w(z)]52

f

b
w(z) , (5)

where b = df/dy. Thus, a depth-integrated southward

flow implies sinking (f , 0) and northward flow

upwelling. In many regions, a dipole pattern of

upwelling and downwelling is associated with a me-

ander around a topographic feature (e.g., south of

New Zealand).

b. Rationalizing the overturning cells

There are two primary regions for upwelling in the

simulations. The upwelling in the interior is roughly

the same in all experiments. The transport is greatest in the

wide basins because of the increased area, and as such, the

Pacific is the principal interior upwelling site. In addition,

upwelling occurs in the WBCs, and the transport is pro-

portional to the lateral shear, as noted. In the Atlantic, the

WBC upwelling is roughly equal to that in the basin in-

terior, while in the Pacific, the interior upwelling is greater.

The downwelling, on the other hand, occurs primarily

in shear zones near boundaries. In regions where conti-

nents block the latitude lines, this happens when ther-

mally driven flow impacts eastern boundaries. The extent

of downwelling depends, in turn, on the latitude of the

FIG. 9. The vertical velocity for the (top left) Atlantic Ocean at 900-m, (top middle) Indian Ocean at 500-m, (top right) Pacific Ocean at

500-m, and (bottom) Southern Ocean at 1800-m depth. The red (blue) colors indicate positive (negative) vertical velocity. The transports

for the different regions are indicated by boxes. All transports are given in Sv.
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sinking region. The farther north it is, the more homo-

geneous the water column, because of convection, and

the greater the thermalwind transport associatedwith the

surface forcing (GL17). Second, the ocean depth at

the boundary affects how deep the overturning will be.

TheNorthAtlantic overturning extends to 2500-m depth,

the depth of the sinking region. The latitude of the

northern boundary also determines the temperature

of the downwelled water. The North Pacific boundary lies

to the south of that in theNorthAtlantic, so the downwelled

water is warmer and reaches a shallower level.

In the Southern Ocean, the downwelling occurs pri-

marily in the sheared boundary layers near Antarctica.

The deepest waters are produced in the Weddell and

Ross Gyres, precisely where the middepth flow is west-

ward and downwelling is favorable, as explained above.

Because of its low temperature, the resulting AABW

is the densest in the ocean. There is additional

downwelling in the interior ACC, due to meridional

motion, but this is shallower and often compensated

locally by upwelling.

Eliminating the surface temperature gradient in the

Nordic Seas reduces the flow impacting the eastern

boundary and, hence, the sinking there. More sinking is

required in the Southern Ocean to balance the interior

upwelling, and this demands a stronger eastward flow to

increase the lateral shear near the continent. Hence, the

ACC strengthens.

Eliminating the surface temperature gradient in the

Southern Ocean, on the other hand, forces the sinking to

occur in the northern regions, both in the North Atlantic

and North Pacific. This results in stronger WBCs with an

associated increase in western boundary upwelling. As

such, the northern cells must increase even more to com-

pensate. As such, reducing Southern Ocean sinking has a

proportionally greater effect on the overturning cells.

FIG. 10. (left) Surface velocity for reduced forcing in the (top) North Atlantic and (bottom) reduced forcing over

the Southern Ocean. The arrows indicate the direction and the colors indicate the strength of the flow. (right)

Relaxation temperature profiles for the two simulations.
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In summary, the overturning is ‘‘pulled’’ by in-

terior upwelling in these simulations. The runs differ

in where the compensating downwelling occurs, but

in all cases, the sinking happens in sheared boundary

layers and is related to lateral mixing. Note that

the boundary layers in the model are essentially

Munk layers (GL17) because of the fairly large hor-

izontal viscosity. However, this is probably un-

realistic for the actual ocean, where downwelling

often occurs in deepened mixed layers, following the

isobaths (Clarke and Gascard 1983; Marshall and

Schott 1999).

c. Impact of the vertical diffusivity

The present simulations employed a vertical diffusivity,

ky 5 1024m2 s21, which is comparable to the estimated

global mean value (e.g., Munk 1966; Munk and Wunsch

1998; Lumpkin and Speer 2007; Waterhouse et al. 2014).

This is, however, roughly an order of magnitude larger

than diffusivities observed over much of the ocean

interior (Lumpkin and Speer 2007). To gauge the effect of

having a weaker diffusivity, we conducted an additional

run, with ky 5 5 3 1025m2 s21 and increased vertical

resolution (34 layers).

In general, the overturning and the horizontal and

vertical velocities are qualitatively consistent with those

in the control run (not shown). However, as seen in the

lower-left panel of Fig. 8, the overturning cells are

weaker. The maximum overturning in the North At-

lantic is reduced by roughly 25%, from 20 to 15Sv, and

the AABW cell is weakened even more, by roughly

40%. This is consistent with having weaker upwelling in

the interior driving the global circulation.

Traditional scaling (e.g., Robinson and Stommel 1959;

Colin de Verdière 1988; Vallis 2006) suggests that the

overturning should vary as k2/3
y . A number of idealized

studies conducted with this model, including GL17,

found a weaker dependence of k2/5
y (see also Park and

Bryan 2000). The 25% decrease in the NADW over-

turning here is consistent with the k2/5
y dependence.

FIG. 11. Horizontal velocity at (top) 1000 and (bottom) 3300m for reduced forcing in (left) the North Atlantic and

(right) reduced forcing over the Southern Ocean. The arrows indicate the direction, and the colors indicate the

strength of the flow. Note that the color bars differ for the top and bottom rows. (left column)When the NADW cell

is reduced, the flow is similar to that in the control run, but weaker and shallower.
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However, the decrease in theAABW cell is greater than

expected. This likely reflects more complex dynamics in

the abyss and the SouthernOcean than envisioned in the

scaling. Similar dependencies with GCMs were ob-

served recently by M. Nikurashin (2017, personal

communication).

Our use of a constant diffusivity is fairly typical in

ocean-only studies (e.g., Abernathey et al. 2011;

Marshall et al. 2014, 2015; Armour et al. 2016). In reality,

the vertical diffusivity varies greatly with depth and lo-

cation (e.g., Waterhouse et al. 2014), being intensified

near the surface over rough bathymetry (Polzin et al.

1997; Ledwell et al. 2000) and near continental bound-

aries (e.g., Ledwell and Hickey 1995). Spatially variable

diffusivities can produce additional upwelling and

downwelling, and this can affect, for example, the

AABW, being the dominant cell in the abyss (Simmons

et al. 2004; Saenko and Merryfield 2005; Mashayek

et al. 2015; Ferrari et al. 2016; McDougall and Ferrari

2017). In the present context, we would expect less

upwelling in the interior and more in the WBCs so that

the latter could well dominate upwelling in the actual

ocean. That could complicate global upwelling esti-

mates, since WBC upwelling depends on the lateral

shear, which in turn depends on the strength of the

overturning. Further, the Pacific would not necessarily

be the dominant location for upwelling but would

contribute like the other basins via its western

boundary currents. Our understanding of the effects of

variable diffusivities is developing, and future studies

will elucidate the modifications in thermally driven

flows like this.

FIG. 12. The vertical velocity for reduced Southern Ocean forcing simulation for the (top left) Atlantic Ocean at 900-m, (top middle)

Indian Ocean at 500-m, (top right) Pacific Ocean at 500-m, and (bottom) Southern Ocean at 1800-m depth. The red (blue) colors indicate

positive (negative) vertical velocity. The transports for the different regions are indicated by boxes. All transports are given in Sv.
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d. Impact of the GM scheme

As noted, the simulations were performed with the

Gent and Mcwilliams parameterization for lateral mix-

ing. Running the model without the GM scheme, using a

constant horizontal diffusivity of 1000m2 s21, yields the

overturning circulation shown in the middle left panel of

Fig. 8. The primary difference from the control run

(upper-left panel) is that the overturning near Antarc-

tica is nearly twice as strong. Thus, the Veronis effect

(Veronis 1975) enhances both the sinking and upwelling

in the lateral shear zones (as the isotherms are nearly

vertical there). However, over much of the rest of the

domain, the changes are smaller. In particular, AABW

and NADW production are largely unchanged.

8. Summary and conclusions

We have examined the global ocean circulation with

realistic bathymetry, driven solely by surface tempera-

ture forcing. Explicit wind forcing is excluded, although

vertical mixing is retained. The character of the resulting

flow is consistent in many ways with the observed ocean

circulation, with baroclinic WBCs, a strong ACC in the

Southern Ocean, and an overturning circulation that

closely resembles those obtained in full GCMs and in

observations. However, we emphasize that the strength

of the overturning is strongly dependent on the vertical

diffusivity, assumed to be constant here.

The vertical velocity is a critical element in under-

standing the large-scale circulation. The overturning is

FIG. 13. The vertical velocity estimated by the ratio of the total mixing and the vertical buoyancy gradient for the (top left) Atlantic

Ocean at 900-m, (top middle) Indian Ocean at 500-m, (top right) Pacific Ocean at 500-m, and (bottom) Southern Ocean at 1800-m depth.

The red (blue) colors indicate positive (negative) vertical velocity. The transports for the different regions are indicated by boxes. All

transports are given in Sv.
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primarily driven by diffusively driven upwelling in the

basin interiors. In the control run, the downwelling is

equally distributed between the Northern and Southern

Hemispheres and occurs in frictional boundary layers.

That sinking depends on the horizontal shear, which is

driven by the imposed surface temperature gradient.

Eliminating the surface gradient in either hemisphere

requires stronger horizontal flow in the other hemisphere

to increase the downwelling there. Thus, reducing the

sinking in the Nordic Seas results in a stronger ACC, with

greater sinking in the Weddell and Ross Seas. Eliminat-

ing the (thermally forced) ACC, on the other hand, in-

creases the production ofNADWandNorthPacificDeep

Water as well. The connections between the various

overturning cells have been explored previously (e.g.,

Cox 1989; England 1993; Goodman 1998; Kamenkovich

and Goodman 2000; Kamenkovich and Radko 2011), as

has their tendency to compensate one another (Stocker

and Johnsen 2003). But as these studies employed wind

and salinity forcing, the connections were harder to

distinguish.

There are two different water paths that feed the At-

lantic WBC. That involving westward flow through

Drake Passage and continuing along South America is

known as the cold route (Rintoul 1991). The warm route

(Gordon 1986) involves return flow from the Indian–

Pacific sector via the Agulhas Current to the Atlantic.

There has been much discussion on the relative impor-

tance of these routes for the overturning (e.g., Speich

et al. 2001, 2002; Talley et al. 2003; Lumpkin and Speer

2007). The present simulations suggest the warm route is

favored in the absence of direct forcing in the Southern

Ocean. This is in line with theory because westward flows

are preferred on the b plane without forcing (Bretherton

and Haidvogel 1976). With forcing (either by surface

thermal forcing or winds), the Southern Ocean flow can

instead be eastward, favoring the cold route.

We have neglected wind forcing, evaporation/

precipitation, and ice cover, all of which will modify the

surface forcing.Wind forcing will impact the direction of

the WBCs and also the character of the interior flow

(Hecht and Smith 2013). Instead of broad eastward

zonal flow, the interior velocities will be focused be-

tween subtropical and subpolar gyres, and theWBC will

separate from the western boundary between them. This

will prevent the WBC penetrating to high latitudes, as

happens here. Wind forcing will also increase the heat

transport at shallower levels, as warm water is advected

north by the Gulf Stream (Ferrari and Ferreira 2011;

Talley et al. 2003) and will generate northward Ekman

transport in the Southern Ocean, yielding upwelling of

Antarctic Intermediate Water (Marshall and Speer

2012; Nikurashin and Vallis 2012). Saenko et al. (2002)

found that excluding winds yielded a slightly reduced

overturning in the Atlantic and a much weaker NADW

outflow, though the large-scale overturning was very

similar.

The overturning in the North Pacific in our simula-

tions was half as large as that in the North Atlantic. In

reality, the production of North Pacific Deep Water is

believed to be much less than that of NADW. This has

been attributed to excess freshwater input from pre-

cipitation (Ferreira et al. 2010; Saenko et al. 2002). It is

also possible that wind forcing alters sinking along the

eastern boundary but redirects the flow in the gyres. Ice

at high latitudes also modifies surface forcing. Saenko

(2009) and Timmermann and Goosse (2004) observed a

collapse in the Atlantic MOC when removing the

winds, and this was likely due to the ice edge expanding

equatorward, shielding the ocean from surface forcing.

This varies between models, though. Saenko et al.

(2002) found only a 20% reduction in the Atlantic MOC

without winds. The position of the ice edge is linked to

ocean heat transport (Winton 2003) and so should re-

spond to the thermally driven circulation.

If the present results can be extrapolated to the ocean,

changes in surface forcing will alter the MOCs. Polar

amplification in particular will reduce the meridional

temperature gradient (Serreze and Francis 2006; Screen

and Simmonds 2010), and this should weaken the

overturning. We are currently investigating to what ex-

tent this happens in fully coupled climate models.
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APPENDIX

The Meridional Overturning in Latitude–
Temperature Space

Averaging the transport in density space (instead of

depth) is more consistent with the fluid pathways (e.g.,

Döös and Webb 1994; Nycander et al. 2007; Ferrari and

Ferreira 2011; Döös et al. 2012; Zika et al. 2012). Thus,

we examine the global overturning streamfunction in

density space here for completeness. As density varia-

tions are determined solely by temperature here, we

calculate the streamfunction in latitude–temperature

space (Ferrari and Ferreira 2011):
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C(y, u)5

ð ðu
uB

y dx dz , (A1)

where u(x, y, z) is a two-dimensional isothermal surface, and

uB(x, y,2H) is the temperature at the bottom of the ocean.

The result for the control run is shown in Fig. A1

(upper panel). As before, two cells are seen: one asso-

ciated with northern sinking and the other associated

with sinking in the Southern Ocean. The streamlines tilt

at the warmer temperatures, indicating cross-isothermal

transport (diapycnal transformation). This occurs when

the poleward surface flows encounter warming (cooling)

at low (high) latitudes from the imposed temperature

forcing. Below the thermocline, the streamlines are

relatively flat, indicating nearly isothermal flow.

The northern cell is the combined North Atlantic and

North Pacific overturning and is confined to the NH. The

amplitude of 22Sv is slightly weaker, compared to the

latitude–depth overturning (25Sv in Fig. 8), as the more

shallow North Pacific overturning occurs at warmer

temperatures, compared to the Atlantic. The coldest

waters occur in the southern cell. The two subcells seen in

Fig. 8 and discussed in section 4b are present; the colder

cell compromises the upwelling and downwelling along

the Antarctic continent, while the warmer is associated

with downwelling in the northern part of the Southern

Ocean and in the Drake Passage (also see Fig. 9). The

cross-equatorial transport along the bottom ridges is ev-

ident at the coldest temperatures.

The upwelling branches of overturning cells exhibit

nearly vertical streamlines as the water mixes with

warmer water masses. The undulations at lower latitudes

in the AABW cell are due to warmer temperatures in the

Indian Ocean branch of the cell, compared to the Pacific

branch. This is evident when plotting the overturning by

basin (not shown). The latitude–temperature overturning

streamfunctions for the additional runs with reduced

North Atlantic and Southern Ocean temperature forcing

are shown in Fig. A1 (middle and lower panels). When

the surface temperature gradient is removed north of

648N, the global overturning is similar to the control run.

However, the Atlantic overturning is reduced, as dis-

cussed in section 7, and the production of very cold water

north of 608N is absent. When the gradient is removed

south of 348S, the AABW cell weakens greatly, and the

streamlines tilt less (caused by having a constant SST;

Fig. A1, lower panel). The abyss is accordingly warmer.

The northern cell more than doubles in strength, with the

overturning occurring over the same temperatures as in

the control run. The cell also extends much farther south,

as the upwelling occurs over a larger latitude range, be-

cause of the enhanced sinking. The return branch is now

tilted as well, as a large fraction of the return flow is at the

surface (see Fig. 10) and exposed to surface forcing. The

small blue cell in the SH, north of 348S, is nearly absent in
latitude–depth coordinates (see Fig. 8). It reflects the

southward WBCs along Africa and Australia and the

return flow below.

Thus, the temperature-averaged overturning cells

largely confirm those obtained when averaging over

depth. As suggested by a reviewer, the streamfunctions

seen here can also be plotted versus depth, if one uses

the mean depths of the isotherms. This yields cells that

are more similar to the depth-averaged ones, albeit

confined to shallower depths (not shown).
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